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Abstract

This thesis describes observations of gravity waves and turbulence in the lower atmo-

sphere and their analysis using theory and modeling studies.

After a short introduction about the importance of gravity waves for the global

circulation of the atmosphere, the theory of gravity \ryaves) their saturation, and prop-

agation through the atmosphere is introduced in Chapter 2' In Chapter 3 and 4 we

present the development and application of a wavelet-based technique to detect grav-

ity wave packets in routine meteorological radiosonde soundings. The advantages of

the wavelet technique over more traditional Fourier techniques are illustrated, and an

algorithm to apply wavelet analysis to vertical profiles of horizontal wind and temper-

ature is introduced. After detection of the wave packets the rvvave parameters can be

extracted by hodograph analysis. The technique is applied to twice-daily radiosonde

soundings of the lower stratosphere over Macquarie Island between 1993 and 1995' In

the interpretation of the results attention is paid to the limited observational band-

width of the radiosonde method. Wavelet analysis can also provide information about

the height extent of the gravity wave packets leading to a definition of source inter-

mittency, i.e the time fraction the gravity wave soulces had to be active to produce

the observed wave field. Knowledge of source intermittency and wave parameters then

allows us to deduce the effects of the observed gravity wave field on the lower and

middle atmosphere using a linear ray tracing model'

The remainder of the thesis deals with the application of the University of Ade-

laide,s VHF radar at Buckland Park to measurements of wind and turbulence. The

principles of atmospheric radar for measurements of horizontal and vertical wind

1X



speeds are introduced in Chapter 5. Chapter 6 presents radar signal processing al-

gorithms for the removal of intermittent clutter from radar time series and for the

analysis of Doppler Beam Steering experiments, which were developed during the

course of this thesis. Two common techniques to infer atmospheric turbulence param-

eters from radar measurements are presented in Chapter 7. In Chapter 8, we compare

measurements of wind and turbulence parameters by radar and thermosondes during

a six day campaign in August 1998. The two methods agree reasonably well when

the turbulence parameters are inferred from the backscattered power. Deduction of

turbulence parameters from the spectral width of the radar signals, on the other hand,

is shown to be impractible for the available raclar height resolution due to large con-

tributions from spatial gravity wave fluctuations. The high-resolution thermosonde

data, furthermore, allows us to examine the relationship between the observed turbu-

lence and gravity wave fields by comparison with a theoretical model and Monte Carlo

simuiations. Characteristics of the observed turbulence layers such as layer thickness

and spacing are shown to be well reproduced by the models. Further analysis of the

radar data in Chapter 9 reveals the existence of a stratospheric inertio gravity \4/ave.

Its parameters are deduced and we discuss its possible generation by geostrophic ad-

justment of the jet stream. A thesis summary with suggestions for future research is

provided in Chapter 10.
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Chapter 1

Introduction

Gravity waves are wave motions in a stratified fluid arising from the restoring forces of

gravity acting downwards and buoyancy acting upwards on vertically displaced fluid

parcels. More accurately, they are referred to as buoyancy waves' During propagation

to higher altitudes their amplitude generally increases due to the exponential decrease

in atmospheric density with height, until the waves encounter their breaking levels.

Here, the amplitude is so large that the material deformations due to the wave motion

become irreversible and the wave deposits energy and momentum into the mean flow.

Gravity waves are, therefore, an important means to redistribute momentum and

energy from one region in the atmosphere to another. In addition to the transfer

of energy and momentum, gravity wave breaking also results in turbulent mixing

and vertical transport of atmospheric constituents. Due to their small spatial scales,

gravity waves cannot be explicitly resolved in general circulation models, and their

parameterization remains one of the most fundamental problems in these models.

To understand the important role gravity waves play for the general circulation' we

give an introduction about the vertical structure of the atmosphere and illustrate why

some means of momentum transport is required to explain the significant deviations

of the atmosphere from its radiative equilibrium state. We then show how gravity

wave parameterization schemes have been applied sucessfully to represent the required

momentum transport and relate some open questions in that area to the research

1
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Figure 1.1: Identification of the diffcrcnt regions of the atmosphere using the rnea¡
zonal temperature profile for January from the COSPAR International Reference At-
mosphere 1986 (CIRA) at a latitude of 40' S.

conducted in this thesis

1.1 Vertical structure of the atmosphere

Based on the observed vertical temperature structure the Earth's atmosphere can be

divided into different height intervals. Figure 1.1 shows the mean zonal tempera-

ture profile for January from the COSPAR International Reference Atmosphere 1986

(CIRA) at a latitude of 40' S. From the sign of the vertical temperature gradient one

can distinguish four regions called troposphere, stratosphere, mesosphere, and ther-

mosphere' The heights between those regions where the temperature reaches local

extrema are identified as the tropopause, the stratopause, and the mesopause.

In principle this temperature structure can be understood by the effects of solar ir-

radiation and atmospheric photochemistry, which lead to heating and cooling processes



1.2, THE REQUIREMENT FOR A ZONAL DRAG

at different heights. In the troposphere the thermal structure is mainly determined

by the heating of the surface due to the absorption of solar radiation. The surface

then reemits this radiation at much longer infra-red wavelengths. Greenhouse gases

like water vapour and carbon dioxide can absorb parts of this infra-red radiation and

heat the atmosphere. Due to the strong negative temperature gradient, an air parcel

that cools adiabatically due to its expansion when slightly moved upwards can still be

warmer than the background and, therefore, will continue to rise. Convection leads to

an overturning of air masses and strong mixing of constituents in the troposphere.

In the stratosphere) on the other hand, the strong positive temperature gradient

inhibits convection, and any constituent mixing is due to turbulence' The reason for

the temperature increase with height in the stratosphere is absorption of ultraviolet

solar radiation by ozone. At heights below 70 km virtually all the absorbed energy goes

into kinetic energy of the molecules. For thermal equilibrium a cooling mechanism is

needed as well. This is provided mainly by the emission of infra-red radiation from

carbon dioxide molecules. Figure 1.2 shows the vertical distribution of heating and

cooling rates due to the absorption of solar radiation and the emission of infra-red

radiation, respectively. Above the stratopause, the temperature decreases with height

again due to rapidly decreasing ozone concentrations until the coldest atmospheric

temperatures are encountered at the mesopause. The remaining part of the atmosphere

above the mesopause is called the thermosphere, where photoabsorption by various

chemical species leads to a strong increase of temperature with height'

L.2 The requirement for a zon.al drag

problems start to occur when one tries to explain the global atmospheric temperature

(and zonal wind) distribution with radiative equilibrium arguments alone lGeller,

1gS3]. Figure 1.3 shows contour plots of the zonal mean temperature (top) and zonal

mean winds (bottom) of the CIRA 1986 for January as a function of latitucle. As is to

be expected by the geometry of incoming solar radiation, the warmest temperatures

3
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at the surface are found in the tropics. At the stratopause, a temperature maximum

exists at the summer pole, consistent with a maximum solar ozone heating there.

However, the local temperature minimum at the tropical tropopause and the tem-

perature distribution in the mesosphere, with warm temperatures at the winter pole

and cold temperatures at the summer pole, cannot be explained in terms of radiative

equilibrium. Regarding the mean zonal winds, an eastward jet can be seen around

the tropopause height for both winter and summer. In the mesosphere, around 60

to 70 km, there is an eastward jet in the winter and a westward jet in the summer

hemisphere.

Figure 1.a (top) shows the distribution of radiative equilibrium temperatures, i.e.

the temperature field for which the local solar heating is exactly balanced by the local

infra-red cooling, from a model calculation lGeller,1933]. The temperature field is not

only in quantitative but also in qualitative disagreement with the temperatures of the

CIRA 1986 in F igure 1.3. Neither the temperature minimum at the tropical tropopause
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1.2. THE REQUIREMENT FOR A ZONAL DRAG
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6 CHAPTER 1. INTRODUCTION

nor the summer-\Ã/inter temperature distribution in the rnesosphere are reproducecl by

the model. Figure 1.4 (bottom) presents the corresponding mean zonal wil<l field.

The mean zonal winds are related to the ternperature distribution by the thermal

wind equation, i.e. they are balanced by the Coriolis force of the rotating Earth and

the horizontal pressure gradient forces due to temperature gradients. Because of this

exact balance, there is neither meridional nor vertical motion. No values are shown

near the equator as the geostrophic approximation is not applicable there. The model

winds are quite different from the observed winds of the CIRA 1986 and show that

the mean state of the atmosphere departs significantly from radiative equlibrium.

To improve the agreemenl between model and obsen'ations a mechanism for zonal

momentum dissipation was suggested lLeouy,1964; Schoeberl €l Strobel,lgTS; Holton

Ü I|lehrbcen, 1980]. This mechanism can be produced lraLhelraLically by the intro-

duction of a so-called Rayleigh drag, i.e. a drag that decelerates the mean zonal wind

speed linearly. Application of a Rayleigh drag to the model results in temperature and

zonal wind distributions in much better agreement with the observations than before

(see Geller [19S3], for an example). For equilibrium conditions, an additional force

is needed to counterbalance the Rayleigh drag. This can be provided by the Coriolis

force if a mean meridional motion exists from the summer to the winter pole. Mass

continuity then requires an upward motion at the summer pole and a compensating

downward motion at the winter pole. The circulation also leads to a rising motion

at Lhe tropical tropopause and subsidence across the extratropical tropopause. The

deviations of the temperature distribution from the radiative equilibrium can thus be

explained by expansion cooling and compression heating lGeller,lgs3].

Houghton [197S] considered the role various types of atmospheric waves coulcl take

in balancing the mesospheric momentum budget and proposed gravity waves as the

source for the required zonal momentum drag.

I



1.2. THE REQUIREMENT FOR A ZONAL DRAG
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8 CHAPTER 1. INTRODUCTION

1.3 Gravity \\¡aves

The seminal paper by Hi,nes [1960] proposed that gravity waves were the cause of the

seemingly irregular appearance of wind profiles in the mesosphere. In his paper, Hines

provided a mathematical description of these waves and anticipated many of their

important upper atmospheric effects. He could explain the observed fluctuations,

which previously had been attributed mainly to turbulence, as a superposition of

gravity wave motions.

Due to their small scales, gravity waves cannot usually be resolved in global nu-

merical simulations and the parameterization of their effects poses one of the main

difficulties in global circulation models. Although the concept of gravity waves de-

positing energy and momentum into the mean flow had been discussed before fHoctges

Jr., 7967; Hodges Jr., 1969 Bretherton ü Garrett, 1969; Hines, rg72l, it was the

parameterization of Li,ndzen [1981] that found quick acceptance by modellers, who

were then able to include the gravity wave drag into their models of the micldle at-

mosphere to reach far better agreement with observations than had previousl), been

obtained [Matsuno,1982; Holton, lg82; Holton, ISBJ; Dunkerton, IgS2; Schoeberl et

al., 7983; Holton €! Zhu, 1934]. Only after the importance of gravity wave drag for

the dynamics of the mesosphere was proven, was the effect of orographically generated

gravity waves, i.e. mountain waves, also incorporated into general circulation models

of the lower atmosphere, with consequent improvement of the model results lBoer et

a1.,1984; Palmer et al., L986; Tanaka,7g86 McFarlane, 19871.

Several studies try to infer the unresolved wave drag directly from global measure-

ments of temperature, wind, and distributions of photochemically active atmospheric

constituents. This was done for the mesosphereby Gi,tle et at.lL987l and Shine [1049],

and more recently for the stratosphere by Alerander I Rosenlof [1996]. In contrast

to the mesosphere, where the gravity wave driven force on the mean flow is decelera-

tive, the study by Alerander €j Rosenlof [1996] suggests an accelerative force in the

stratosphere.



1.3, GRAVITY WA\IES

A multitude of experimental observations and theoretical and modelling studies

over the last decades have improved considerably our understanding of gravity waves

and their efiects on the atmosphere lFritts,7984a; Fri'tts,1989], and several different

parameterization schemes have been developed since that of Li'ndzen [1981] lFri'tts

ü VanZand,t,7993; H'ines,7997; Warner Ü Mclntyre, 1999]. However, a number of

fundamental scientific problems remain in formulating realistic parameterizations for

the lower and middle atmosPhere.

One problem in many of the current schemes is the tendency of the r'ryaves to break

significantly only at high altitudes, resulting in mean-flow accelerations that are too

weak at lower heights |WMO,,1gg8]. The breaking levels can be shifted to lower alti-

tudes by increasing the wave amplitudes. To keep the average wave activity constant,

however, the waves cannot be present continuously anymore but only for a certain

time fraction lHami,tton,7997; Alerander, 1998]. Quantitative information about the

degree of intermittency in the real atmosphere is required to implement intermittencv

in gravity \4/ave parameterization schemes. Another problem is the current lack of

detailed observations to characterize the wave spectrum and its relation to possible

wave sources IWMO, 1998]. While most gravity waves are believed to originate in

the troposphere or lorn er stratosphere by generation mechanisms such as topography

lSmi,th,7985; McFarlane,7987; Hi,nes, 1988b; Nastrom Ü Fri,tts,Lg92), thunderstorms

lFouett et a1.,7992; Pfister et a1.,1993; Alerander et a1.,1995], fronts lFri'tts €4 Nas-

trom,, L992; Gri,ffiths €7 Reed,er,7996; Reed,er Ü Grffiths,1996l, wind sheat lLalas Ü

Einaud,,i, 7976; chi,monas €j Grant, 1.984; Fri,tts, 1982] and geostrophic adjustment

lSchubert et a1.,7980; tlccetti,ni, €j Koch,1987; DuffA,1990; Fri'tts Ü Luo,7992; Luo

U Fri,tts,1993], the exact shape of the gravity wave source spectrum and the relative

importance of the different wave sources are largely unknown. Campaigns to study

atmospheric gravity waves and their effects have been performed throughout the world

using rockets lwu Ü wi,d,d,el,1991; Thrane et a1.,1994], balloons lAllen Ü vi'ncent,

1995], aircraft lBacmei,ster et a1.,,1996], radars lMurayama et a1.,7994; Sato, 1994],

airglow imagers l1echt et a1.,1994] and lidars lSenft €j Gardner, 1991; Whi,teway €4

9



10 CHAPTER 1. TNTRODUCTION

Carswell,l994l. The observed geographic and seasonal variability of the gravity wave

activity, however, is not necessarily due to a variability of the glavity wave sources)

but could also be due to the inherent observational filters of the different methods

fAlerander, 1998] or interactions of the waves with the background atmosph ere f\ck-
erïnann et a1.,7994; Eckerrnann. 19954; Whiteway U Duck, 1996]. Clearly, more

detailed observations and comparisons with modeling studies are required to adclress

the issue of variability and relative importance of different source mechanisms. Both

r,vave intermittency and source mechanisms will be dealt with in this thesis.

In addition to the drag breaking gravity waves exert on the mean flow, the¡, ¿1s

also an important means f'or the transport and mixing of constituents throughout the

atmosphere lGarci,a €4 Solomon, 1985; O'sulltuan ü Dunkerton, rggS; Holton et al.,

1995]. This is important for the study of both pollutants and photochemicall¡, active

constituents, which can heat certain regions of the atmosphere and may þs essential

to the absorption of biologically harmful radiation from the sun.

L.4 Thesis overvie\ ¡

Chapter 2 gives an introduction to basic gravity wave theory, wave propagation and

saturation, as necessary for the understanding of the remainder of this thesis. In

Chapter 3, we introduce a wavelet-based algorithm for the extraction of gravity wave

packets from operational radiosonde soundings, and apply it to radiosonde sorrncìings

of the stratosphere over Macquarie Island in Chapter 4. In the interpretation of the

deduced wave parameters, great attention is paid to the observational filter of the

radiosonde technique, and the importance of comparisons with modeling studies is

emphasized. Wavelet analysis also provides information about the height extent of the

wave packets, and can be used to obtain estimates of wave intermittency. Knou'ledge of

wave intermittency then allows us to compute the effects of the detected wave packets

on the mean flow in the lower and middle atmosphere using a linear ray-tracing model.



1.4, THESIS OVERVIEW 11

Due to its observational filter, each observation technique can only provide infor-

mation about a certain part of the wave spectrum. In this thesis, we use radar as

an alternative means to study the atmosphere with a relatively high time resolution.

The fundamentals of atmospheric radar are presented in Chapter 5, and Chapter 6

introduces some radar signal processing algorithms developed during the cottrse of this

thesis. In Chapter 7, we give an overview of atmospheric turbulence theory and the

ì
possibilties to infer turbulence parameters from radar observations by measurements

of the returned power and the spectral width of the radar signal, respectively.

Chapter 8 and g deal with the analysis of data obtained during a six-day campaign

to study refractive turbulence in August 1998. Measurements of wind and turbulence

parameters were performed simultaneously by radar, thermosondes, and high-altitude

aircraft. We compare observations of wind and turbulence parameters by radar and

thermosonde and relate the high-resolution thermosonde measurements of turbulence

layers to the observed gravity wave field. A detailed analysis of the radar wind field,

furthermore, allows us to deduce the parameters of a stratospheric inertio gravity-

wave packet and to tentatively identify its source mechanism. A thesis summary with

suggestions for future research is provided in Chapter 10'
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Chapter 2

Gravity \ ¡ave theorY

2.L Introduction

In the last chapter we gave a short overview of the importance of gravity waves in

the atmosphere. The interpretation of observational data requires detailed knowledge

about gravity wave motions and the propagation of waves through the atmosphere.

\Mhile many derivations of the gravity wave solutions already exist in the literature, we

consider it worthwhile to reproduce a derivation of the dispersion relation from first

principles, as this will clarify the assumptions inherent in the resulting framework.

Only if one is aware of these assumptions can the theory be applied meaningfully to

the observations in later chapters of this thesis'

Large parts of this chapter are based on the textbooks of Gossard €j Hooke [1975]'

Gil lfgg2l, LeBlond, €1 Mysak [1973], and Li,ghthiI 179781, where more details of gravitv

wave theory can be found.

2.2 Dispersion relation

The fluid-dynamical equations of motion in an inviscid atmosphere can be written as

rõp
por

Du_ _ f u
D¿

13



74 CHAPTER 2. GR.|VITY WAVE THEORY

lõp
(2.1)pôa

lop

Du

a+f"
Dw

D¿ 9,0zp

where: u: is the fluid velocity,

f :20sin? is the Coriolis parameter,

with CI the earth's angular rotation rate

and 0 the latitude of observation,

p is the density,

p is the pressure,

g is the acceleration due to gravity, and
,ì-)

# represents differentiation following the motion,i.e

The continuity equation is

u
, * divpu : 0. (2.2)

If we assume the advection process to be fast enough to not allow any heat exchange

of the advected parcel with its environment, the adiabatic ideal gas equation

Dn

D'p "YPIT (2.3)

can be used to close the system of equations, where j : # is the ratio of specific

heats for constant pressure and constant volume.

Often the adiabatic ideal gas equation is expressed in terms of the potential tem-

Perature 
/ \ K

o:r(e:\ , e.4)\P)
where ,: T and p, is a reference pressure often chosen as 1000 hPa. The potential

temperature is the temperature that a parcel of fixed composition woulcl acquire if

u

U

w

&:*,fuV

4



2.2. DISPERSION RELATIO¡\¡ 15

moved adiabatically to a given reference pressure level p". The adiabatic ideal gas

equation can then be written as

DO
-0. (25)

DT

The above system of equations is highly nonlinear (due to terms in u in ft) and

very difficult, if not impossible, to solve analytically. If we restrict ourselves to small

perturbations of a zero-order state, however, the equations can be linearized and an

analytical solution is much easier to achieve. using a small ordering parameter e we

can write

u

u--
u:
p:

p

u,oteut+e2u"+...

'uor€u'+e2u" +...

woleu)'+e2w"+.

polep'+e2p"+...

po]-ep'+€2p"+...

(2.6)

Substituting Equations 2.6 into Equations 2.1 to 2.3 and assuming a background atmo-

sphere with u(z) :
uo

uo

0

yields the following perturbation equations to first order

ln6

Du' rt
Dú

D'' + f ,,,'Dt 
;*,
D¿

"# ..'** podivu'

"#*,'T: -1w.(#. .y)

1:
Po

1:
Po

1

ðp'

ðr
ðp'

Aa

0p' p'

(2.7)

(2.s)0

0

Po 0z Po
I

(2 e)
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Substituting wave-like solutions of the form

't-L'

,U,

w

CHAPTER 2. GRAVITY WAVE THEORY

expi(kr I lE 1- mz - wt) (2.10)

expi,(kr*lA+mz-ut) (2.11)

p;'/' I
'u)

p'

p'
p:'t'

we obtain

-i,ûut - Íu' -f i.kp' :

-iuu' I I'u' l,ilp' :

0

0

0

0

-i,ùw'tgp'+i(m- hrr' :
?,

-i,ù + i,(m .";)r' I i,kut * ilut :
.art p

-iùP: t i,ûp' + Yr, :
c;g

lù2___t__
4Hr, ' ,r,

(2.r2)

0

where

is the intrinsic frequency, i.e

fluid.

is the buoyancy or Brunt-Vaisala frequency,

t):u-ku (2.13)

the frequency in a coordinate system moving with the

N2
g ôpo 92 g ôØo

(2.14)
po ðz c! @o ðz

r oP.
Hp

Po ôz
(2. 15)

the density scale height and

",: 1[1Rn QJ,6)

the speed of sound. If we take the coefficients cr, ly', and Hrto be constant in the layer

under consideration we can obtain the dispersion relation by setting the determinant

of system 2.L2 to zero:

xr2 ,',2
m2 -'#(k2 +t2)

w -.1
(2.17)
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Since we used the adiabatic ideal gas equation 2.3 in our derivation, the dispersion

relation 2.77 also includes an acoustic branch. Acoustic waves can be excluded by

letting cs -+ oo, leaving us with the dispersion relation for internal buoyancy or gravity

WAVES:

, N' - n? 
r*, + t\ - ]- (2.18)rn-: ù2- l2\K ¡t' l- +Hl

Another, often invoked, approximation is the so-called Boussinesq approximation. It

consists of neglecting the Ierm fi; in the third and fourth equation of 2.72 and,

consequently, omission of the second term in the dispersion relation 2.18. It is valid

for vertical wave numbers m > fi and, therefore, a short wavelength approximation.

Figure 2.1 shows contours of constant frequency in the wavenumber domain.

m

âr= 
"onrt.

Figure 2.1: Contours of constant intrinsic frequency in the wavenumber domain using

thã dispersion relation Equation 2.18 (solid lines). For rn sufficiently large the influence

of the fi t"r^becomes negligible and the contour lines approach those of a Boussinesq

fluid (dashed line).

k
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A peculiarity of buoyancy waves is that phase fronts and energy move in opposite

directions vertically. While the phase fronts move with the vertical phase velocity

ô": *, the energy is transported with the vertical group velocity

aû rn(ùt - f')
cg .z- 

Ôm, u(k2 -r 12 + m2 * ù)
(2.te)

It can readily be seen that the intrinsic vertical phase and group velocities have oppo-

site signs. The horizontal propagation direction of phase fronts and energy are both

in the direction of the horizontal component of k.

2.3 Polarization equations

Having obtained the dispersion relation by setting the determinant of system 2.12

to zero we can now solve the system for the perturbation quantities. The equations

relating these perturbation quantities are the so-called polarization equations, and the

most important are given below in the Boussinesq approximation.

tû - ikl
kû + itf1)

w

ft

tôauïn u)' - J"_o,,-t)k+iftN2-ù2u
T' .N2
;:-?,____71I':X
'lo qu

(2.20)

N2 (k2 + t2) 1

rng ûk+ifl

2.4

Up to now we have only considered the rather unrealistic case where the coefficients

in system 2.12 are constant, i.e. where the properties of the medium (¡/, Hp, c",

u) do not vary in height or time. It is possible to generalize this treatment to wave

propagation in a medium with variable properties. This is the so-called Liouville-Green

or WKB approximation, or the eikonal equation of geometric optics. It is applicable

if the properties of the medium vary slowly over one wavelength and the equations

with constant coeflìcients hold locally (see Ei,naudi ü Hines [1970] for a more detailecl

Ray-tracing equations
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discussion). For a wave

Õ(x, ú) -- A(*,,f)exPis(*'t) (2'2L)

this means that the amplitude A(x,t) has to be slowly varying compared to the phase

S(x,f). We then can d,efi,ne the (ground-based) frequency ø and wavenumber k by

-ôS(x, 
¿) (2.22\wðt

k : VS(x, ú), (2'23)

leading to

(2.24)

Substituting a dispersion relation

ø(k, u, 
^,¿) 

: ô(k, 
^¿) 

+ uk, (2.25)

where Â.¿ are the parameters describing the medium, i.e. N, H, and c' into Equation

2.24 we obtain
Drko õu ALj ðu¡

õr¿
(2.26)

D¿ 0L¡ 0r¿

with summation over symmetric indices. Here

kj

D-a
---9 ; 

- 
-l- C^. V

D¿üJ
(2.27)

is the derivative following a point moving with the (ground-based) group velocity of

the wave

(2.28)

Solving for ff and substituting Equation 2'26 yields

(2.2e)

The ray equations 2.26, 2.28 and 2.29 together with the dispersion relation 2.18 can

now be used to study the propagation of waves in a medium with variable properties as

t*vø:o
ðt

cg

ôu
ak

ôu
at

ôu
0m

aû aLj , ,^ õui
alr\ at -'t 6t

Drø
Dt
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long as the variations are sufficiently slor,v in space and time. In many studies one ca¡

restrict oneself to a background atmosphere that is horizontally homogeneous ancl inde-

pendent of time. In that case the ray equations shovv that the ground-based frequency

ø and the horizontal wave numbers k and / are invariants along the ray. Variations of

wave parameters with height can then readily be computed using Equation 2.13 and

the dispersion relation 2.18.

2.5 Turning and critical levels

lwe follow the convention that ô > 0
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2.6 Wave action

While the ray equations 2.26, 2.28 and, 2.29 enable us to calculate the variation of

frequency and wavenumber along a" ray path, they do not contain any information

about the amplitude of the wave. Bretherton €j Garrett [1969] found that for slowly

varying waves of small amplitude the wave-action density

E
^ 
_ - (2.31)n-,i'

r,vhere .Ð is the wave energy density and ô the intrinsic frequenc¡', is conserved following

a wave,
AA

At 
+ V(crA) : g. (2.32)

And,rews ü Mclntyre 11978b] gave a generalized derivation of this result' Due to the

involvement of spatial derivatives of cs, Equation 2.32 reqluires consideration of a

bundle of neighbouring rays to include horizontal deformations of the wave packet. As

the fine scale geography of wave sources is not known, however, modelers often restrict

themselves to quasi-one-dimensional models. In the case of a steady-state atmosphere,

Equation 2.32 then simPlifies to

a

arØ' cs,,) -- o, (2'33)

the conservation of vertical wave action flux'

2.7 \Mave-mean flow interactions

When a gravity wave propagates through the background atmosphere, air parcels are

accelerated and displaced. Yet, when averaged over one wave cycle, the net momentum
cow0 ¿t AtçL¿

n""ãiïàu'.-i"¿uced particle motions is zero, and the displaced air parcels are returned

to their equilibrium position as long as the processes involved are reversible. When

material contours are deformed irreversibly, however, for example by wave breaking,

then momentum is transferred to the mean flow. Mathematically, this momentum

transfer can be described by the Reynolds stress tensor lBretherton, 7969a), whose
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divergence appears as a force term in the momentum equations. The most important

Reynolds stress term for gravity \4/aves is the vertical flux of horizontal rnomentum,

but there is also a contribution due to the meridional transport of heat, which becomes

important for waves of low intrinsic frequency. All these contributions are included

in the generalized Eliassen-Palm flux [Eliassen ü Palm, 7967; Andrews ü McIntyre,

7976; And,rews Ü McIntyre, l978al. Often it is easier to work in terms of the wave

pseudo-momentum flux given by [Mclntyre, 1g81]

Fp : U!nrn,,. (2.J4)

The resulting wave induced accclcration is then simply given by

a Ia-:-ll :
dt po dz

(p,Fo) (2.35)

2.8 Dissipative processes

Wave dissipation has to occur in order to transfer momentum to the mean background

flow wave. Dissipative processes include wave-breaking (dynamic and convective in-

stability), non-linear wave-wave interactions, and radiative or turbulent damping.

Dynamic instability can occur if the wave-induced shear is large enough that the

kinetic energy extracted from the mean-flow is sufficient to overcome the buoyancy

forces to overturn the wave. The Richardson number

Ri:# (2.36)

\ã; )

represents the ratio of work required to interchange vertically adjacent air parceis

against buoyancy to the kinetic energy available to do this work. Mi,les [1961] estab-

lished a stability criterion for plane parallel shear flows in an incompressible fluid. His

criterion states that Ri ) ] everywhere in the flow is a sufficient condition for stability

in a stratified shear flow. An extension to compressible fluids was provid ed by Chi,-

monas [1970]. A very simplified reasoning to understand the number of ] as a critical

value was given by Ludlam [19ö7]. He considered the exchange of two air parcels
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with vertical separati on Lz in a stratified medium with plane parallel shear flow. To

exchange the two air parcels each parcel has to be removed a distance L'z from its

equilibrium position. The gain in potential energy per unit volume is, therefore,

where p is the average density. Ludlam furthermore assumed this parcel interchange

to be the result of a momentum equalizing disturbance 2. The kinetic energy difference

between the initial and final state is, therefore,

1
AEpot : Z' ,þN2 Lz2,

+ (,at *#o,)

(2.37)

AEti.' -2

(2.3s)

To enable this air parcel interchange from an energetic point of view the released

kinetic energy has to be at least the gained potential energy:

Ri:,¡/:,<1 (2.8e)

(*) 4

In the case of convective (static) stability, the wave modifies the local buoyancy

frequency in such a way, that the buoyancy forces amplify small perturbations, i.e.

the buoyancy force (per unit mass) on an air parcel a vertical distance { from its

equilibrium position, Fu : _ N2e , tries to increase {. This implies l/2 ( 0 and,

therefore,

s,: Jf . o. (2.40)

wr
Hod,ges Jr. 11961l used linear gravity wave theory to calculate a threshold for wave

instability. He found that a wave becomes convectively unstable if its perturbation am-

plitude (in direction of horizontal wave propagation) zf¡ exceeds its intrinsic horizontal

phase speed ôph.o"set

u!11' ôono,.: ffi. Q.41)

L.z2

2As shown by H,ines [19SSo] this is equivalent to a release of maximum kinetic energy.
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He also shou'ed that for a monochromatic gravit¡r wave of frequency ù > Í (i.e. essen-

tiall¡' trvo-dimensional) the criterion for convective instability (Ri < 0) r-equires only

a small fractional increase in wave amplitude once the dynamic instability criterion

(Ri < ]) is rumttea. As the e-folding time of the instability shortens clramatically

as Ri changes from positive to negative values fHi,nes,1988a] convective stability is

assumed to dominate the saturation process for ô ) /. Surprisingly, the minimum of

the Richardson number Ri is reached near that phase of the wave motion where the

amplitude is maximum, that is the region where the shear of the horizontal velocity is

near zero lHodges Jr., 7967; Fri,tts €4 Rastogi,198b].

For frequencies ¿ù æ /, where rotational eflecls are irnportant, the wave induced

shear also includes a transverse component. This leads to an amplitude required

for dynamic instability much less than that for static instability [Fri,tts €4 Rastogi,,

1985; Fri,tts, 1989]:

(2.42)

As a gener alizat'ion of the above scheme, Hines argued that the gradients introduced

by the gravity wave motions are not necessarily vertical fHi,nes,Ig7l; Hi,nes, 1988a].

He considered energetics of air parcels which are interchanged along an arbitrary axis

s, inclined at an angle a to the vertical. Such a slantwise interchange is energetically

feasible, if, for dynamic instability fUi,nes,ISTI]

(2.43)

and, for static instability, fHines, 1988ø]

sao
o as 

cos a ( 0. (2.44)

His equations reduce to the criteria given above when the s axis is chosen to be vertical,

i.e. a :0.

Energetic feasibility at a certain time, however, does not ensure that an instability

actuall¡, develops. Hznes [1983ø] argued that the condition for instability should have

to last for a sufficiently long time to allow perturbations to grow. In the case of gravity
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Figure 2.2: Zenith angle a* most favourable for the development of turbulence from

slantwise static instability and required normalized horizontal perturbation velocity

as a function of normalized frequency. The horizontal perturbation velocity is given

in units of ôphose, i.e. as fraction of the horizontal perturbation velocity required for

vertical static instability.

wâves, he proposed that the e-folding time for the growth of the instabilities, l-, has to

be smaller than some fraction (2" l3)-t of the intrinsic wave period for the instabilities

to develop. Figure 2.2 shows the zenith angle a* which requires the smallest horizontal

perturbation velocity uf,- to develop turbulence via static instability. A value of B :1

was used as recommended by Hines [19SSa]. The figure shows that slantwise static

instability occurs for smaller perturbation velocities than vertical static instability and

that the axis along which the parcel interchange occurs is closer to the horizontal than

to the vertical. Marlcs Ø Eckermann 17995] extended the scheme to include dynamic

instability. This leads to saturation amplitudes around 10 percent smaller than those

given by trquation2.42 for ô = f if P:1is used.

Equations 2.7 to 2.3 were linearized under the assumption that the perturbation
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amplitudes were small enough to neglect higher-order terms. Even though these non-

linear terms do not affect the linear solution consider-ably over time spans of a rvave

period, the cumulative effect of the non-linear interactions oveï many periods (or be-

tween several waves) might be irnportant. Consider two plane waves with rvave num-

bers k1 and k2 and intrinsic frequencies ô(k1) and ô(k2). Products of perturbation

quantities in the governing equations lead to terms in

"i(k1x-iir(k1)t) 
. 
"i(kzx-ù(kz)¿) 

: ei((kt+tr)"-(ô(kr)+û(kz))r) (2.45)

i.e. the5' describe a forcing of a wave '¡'ith wavenumber kr * kz and frequency ô(k1) *
ô(kr). If the \/ave number and frequency of the forced wave fulfill the dispersion

relation,

ô(k') + ô(k2) : ô(kr 1kz), (2.46)

then resonance occuls and the three waves are said to form a resonant triad. Generally,

a whole spectrum of wave exists, and the amplitude of a wave of wavenumber k and

frequencS' ô is affected by many possible resonant triads. However, McComas ü
Bretherton ll977l showed that the transfer of energy in an internal wave spectrum is

dominated by three classes of nonlinearly interacting triads (Figure 2.3):

1. Induced diffusion: Here the triad consists of one low-frequency wave and two

nearly identical waves of much larger wave number and frequency. The shear of

the former wave acts as a slowly-changing background flow to the latter waves.

This will affect the spectrum primarily as a diffusion of wave action in vertical

wavenumber in the region of small-scale large-frequency waves.

2. Elastic scattering: The triad contains two waves which are nearl¡' vertical reflec-

tions of each other and a third low-frequency nearly vertical wave with twice the

vertical wave number of the first two waves. The third wave2 thus, acts irr a way

similar to that of a crystal lattice in Bragg scattering and equalizes the intensity

of upwards and down'n'ards propagating waves. Most of the energy exchange is

between the two high-frequency waves.
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Figure 2.3: Representation of the three resonant triad classes (after McComas Ü

Bretherton [1977]).

3. Parametric subharmonic instability: Here two waves of nearly opposite wave

numbers interact with a wave of much smaller wave number and twice the fre-

quency. Energy is lost from the large-scale wave to the waves at half its frequency.

Hasselmann llg67l has shown that a wave is unstable, if two members of a reso-

nant trio with lower frequency can be found. In the case of internal gravity wave

this means that any wave with a frequency û > / is unstable, as one should

always be able to find two waves of frequency ù > / to make up a resonant

triad. This suggests that the inertial peak of the internal wave spectrum may be

due to parametric subharmonic instability.

In contrast to the static and dynamic instabilities, these non-linear effects do not

require a certain amplitude of the wave motion to be invoked but act on waves of all

amplitudes. Thus, they might keep the wave amplitudes low enough to prevent the

occurrence of static and convective instabilities lFritts Ü Rastogi,19S5l'
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2.9 Gravity ïyave spectra

2.9.L lJniversality

Wind and temperature fluctuations due to gravity waves are conveniently described

in terms of power spectra versus frequency or vertical wavenumber. These spectra

were observed to be independent of season, meteorological conditions and geographical

location, and VanZandt 179821 pointed out that they can be described in terms of

a universal spectrum of internal gravity \,vaves. VanZandt [19S5] compiled gravit¡r

wave spectra from different sources and compared them with the universal spectrum.

He noted that the vertical wavenumber spectra of horizontal wind speed fluctuations

increased negligibly with altitude compared to the frequency spectra, at least for the

large vertical wave numbers that were considered. The spectra seemed to be saturated

for large enough vertical wave numbers zn and were of the form m-t with ú somewhere

around 3.

Since then, several theories have been suggested to explain the observed spectrum

by means of gravity wave saturation lDewan ü Good, rg86; Smi,th et al., 7g87; We-

'instock, 1990; Hi,nes, 1991b; Dewan, lgg4; Gardner, rgg4; zhu, rgg4; Meduedeu €1

Klaassen,1995]. Each theory proposes physical processes responsible for limiting wave

amplitude growth and predicts a saturated vertical wavenumber spectrum for horizon-

tal wind fluctuations approximately proportional to N2 f m3 for large rn. According to

Hznes [1993], these theories can be divided into three main classes. In the first class,

the spectral amplitudes at high vertical wave numbers are limited by linear instability

of either individual waves or the wave field as a whole lDewan ü Good, Ig86; Smi,th et

a1.,,7987; Deuan,1994]. The second is based on the idea that the saturation is caused

by some form of wave dissipation due to non-linear, off-resonant wave-wave interac-

tions IWeinstock,7990 Gardner,1994; Zhu,lgg4; Medued,eu ü Klaassen, lggb], while

in the third class individual wa\¡es are Doppler-spread by the whole spectrum to large

wave numbers and dissipated once a threshold wavenumber is reached lHines,1991ó1.
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2.9.2 Spectral parameterization

Even though there is no consensus about which physical mechanism is causing the

saturation of the vertical wavenumber spectra at large vertical wave numbers' param-

eterizations of the gravity wave spectrum are a useful means to describe the observed

spectra. One commonly applied spectral parameterization was provided by Fri'tts Ü

VanZantl,t [1993]. They assume an upwards propagating spectrum of total energy per

unit mass, that is separable in vertical wavenumber m, intrinsic frequency ô, and

azimuthal propagation direction /,

E (p, ù, Ó) : E"A(p') B @)a @), (2.47)

where

s

A(p)

B(,;')

Ao
p

(2.48)

(2.4e)

(2.51)

L + p'+t

Bo6-n

and where þ: mlm*, rn* is the characteristic vertical wavenumber, and (s,t,p) ate

chosen by comparison with observed power spectra as (1,3, $). fne functions A(p),

B(ù), and O(/) are normalized to unity when integrated over all possible ¡t, ù, and

/, respectively. Assuming the polarization relations in Boussinesq approximation, but

allowing for non-hydrostatic (û - ¡ú) and rotational (á., - /) effects, the variance

spectra for the horizontal and vertical perturbation velocities u' , u', and w' can be

expressed as

E"(p,ù, ó) (2.50)E(p,,, ó) .Yø * (j)' .*'cos2

sin2 s. (*) cos2

2
']

'l
E,(p, ù, ó) E 'vóu11

2

E*(p,ù, ó)
a
F E(p,ù, ó),

where ô+ : 1 + U lât)'and 7 - 1 - (ùlN)'

(2.52)
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Chapter 3

\Mavelet algorithm

3.1 Introduction

Gravity ïvaves play an important role in driving the circulation of the atmosphere as

demonstrated in numerical modeling studies fLi,ndzen,7987; Holton, L982; Dunkerton,

Ig82; Garci,a ü Solomon,1985]. Since the resolution of general circulation models is

usually too coarse to adequately resolve gravity ruaves) several gravity wave param-

eterization schemes have been developed to take these unresolved wave effects into

account lLi,nd,zen,1981; Fri,tts €i VanZandt, 7993; H'ines,, 1997; Warner €j Mclntyre,

lggg]. These models generally require information about the gravity wave spectrum

at a certain source level which is then propagated through the atmosphere. In a phys-

ically realistic model the choice of this source spectrum is influenced by experimental

observations of the gravity wave field at the source height and by the agreement of the

parameterized effects with measurements throughout the atmosphere.

Many experimental campaigns have been conducted to study characteristics and ef-

fects of gravity waves in the lower, middle, and upper atmosphere over the last decades.

While some methods aim to directly measure the momentum fluxes associated '¡'ith

the gravitywave field lVi,ncent Ü Rei,d,t983; Fri,tts et a1.,7990; Sato,1994; Alerander

€1 Pfister,1995], others try to obtain information about the gravity wave activit¡' from

gravity wave induced perturbations of the wind and temperature fields. Radar winds

31
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have been analyzed in the lower and middle atmosphere at several locations, but the

geographical coverage of these campaigns is rather sparse. The increasing use of high

resolution radiosondes for operational soundings of the lower atmosphere, on the other

hand, has the potential to compile a global climatology of gravity wave activity around

the world filami,lton €i Vi,ncent, 1995]. As each method can only observe a part of the

gravity wave spectrum, however, different methods have to be used together to enable

a better understanding of the processes involved fAlerander, 19g8].

In this chapter we develop a wavelet-based method to decompose vertical profiles

of horizontal wind into gravity wave packets. While wavelet analysis has been applied

to wind and leutperaLure fluctuations in the atmosphere previously ISato €J Yamad,a,

7994; Chen et al., 1995; Shimomai, et al., 7996], these studies mainly concentrated

on the changes of the wavelet spectrum with time or height, and less on the packet

structure of the gravity wave field.

3.2 Hodograph analysis

Hodograph analysis is a well known means of extracting gravity wave parameters from

vertical wind profiles. The horizontal perturbation velocity vector as a function of

height, the so called hodograph, of a single plane gravity wave traces out an ellipse

(Figure 3.1). Using the polarization and dispersion relations it is possible to infer

important parameters of this gravity wave from its hodograph.

To facilitate the algebra we rotate the coordinate system so that the horizontal

wavenumber vector coincides with the new x-axis. The wind profile is taken at r :

U : 0, and if we assume that the measurements are taken within a time ú much smaller

thanthewaveperiod,wecanalsosetú:0. Thepolarizationequations2.20canthen

be written as

ux

U,I

-1 
lt^: pi'/'ûl exp(imz)

.f: -'ûull

(3.1)

(3 2)
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Figure 3.1: Hodograph of a single gravity wave. The horizontal perturbation velocity

,r"ãto, traces an ellipse as a function of height. The horizontal propagation direction

of the gravity wave is parallel to the major axis. The anti-clockwise rotation inclicates

an upward propagating wave (southern hemisphere)'

ull, (3.3)

where uf¡ and ul, respectively, are the horizontal perturbation velocities parallel and

perpendicular to the horizontal wave propagation direction.

Inspection of Equations 3.1 and 3.2 shows that the horizontal perturbation velocity

vector (as a function of height) traces an ellipse with the major axis parallel to the

horizontal propagation direction and the axial ratio equal to the ratio of Coriolis

parameter / and intrinsic frequency ci. The sense of rotation is given by the signs of

m and. / and indicates the vertical propagation direction of the wave (anti-clockwise

for uprn,ards propagating waves in the southern hemisphere). The ambiguity in the

horizontal propagation direction can be resolved by obtaining the sign of k from the

phase shift betwe en î,and uf¡ and Equation 3.3. Finally, the dispersion relation vields

the magnitude of k.

In the case of non-negligible wind shear in the background wind, equation (3.2) and

the dispersion relation (2.1s) are coupled by a term in 9# ln¿r"t, 1988c]. Then these

T1t
N2k

L ^-9a rn
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two equations have to be solved simultaneousl;. f6t ô and the magnitude of Æ. Thus,

if thc lvind profile is determined by a single cohelent wave) it is possible to deduce

the r,vave parameters from the hodograph of the perturbation velocities. In practice,

however, the r,r'ind profile often contains a superposition of diff'erent gravity waves. In

order to get meaningful results, these waves have to be detected and isolatecl in vertical

wavenumber and/or height prior to hodograph analysis. The aim of the next section

is to demonstrate the advantages wavelet analysis can have in this process compared

to more established Fourier methods.

3.3 Isolation of \Mave packets in the wind profile

Fourier transformation can be used to separate waves according to their vertical wa\¡e-

length. For each wavelength, a single sine wave is fitted over the whole considered

height range (to u' and u'profiles separately). Its amplitude and phase give the aver-

age contribution of all waves of the respective wavelength present anywhere within the

whole height range. In wavenumber-height space, this can be representecl as a tiling

with excellent wavenumber resolution, but no height resolution (Figure 3.2).

Different methods exist, which perform the hodograph analysis directly in Fourier

space, e.g. rotary spectra [Gonella,7972], Stokes parameters [Eckermann €j V'incent,

1989; Vincent Ü Fritts,1987] and cross spectral methods fCho, 1gg5]. In a recent

paper Eckermann [1996] has shown hoi,v exactly these methods are related to each

other and how all of them can be expressed in terms of Stokes parameter analysis.

Due to the averaging process over the whole height range several problems can arise:

Two gravity wave packets, separated in height, but with the same sense of rotation

and the same mean vertical wavelength, will contribute to the same wavelength bin. If
the wave packets have different horizontal propagation directions or frequencies, then

the parameters obtained from the hodograph analysis of their common wavelength bin

might yield erroneous results.

Another problem is due to irregularities, such as sharp peaks at temperature inversions.
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z Z

,
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Figure 3.2: Schematic representation of the Fourier transform. For each wavelength

a, sine wave extending over the whole height range is fitted to the wind profile. In
wavenumber-height space this corresponds to a tiling with good wavenumber resolution

but no height resolution.

Because the Fourier transform averages over the whole height range these irregulari-

ties will contaminate the whole profile. It is clear that a separation in both vertical

wavenumber and height is necessary.

In the windowed Fourier transform, a window of a certain height Az is slid along

the wind profile, and the Fourier transform is applied only within this winciow. The

gain in height resolution Az causes a loss in wavenumber resolution Arn, such that

L,z.A,m: const. . While it is now possible to locate a wave packet within the analyzed

height range, the uncertainty in the estimation of its wavelength is increased. The

method is illustrated in Figure 3.3.

The (subjective) choice of a window height or height resolution Az fixes the wavenum-

ber resolution Arn and, therefore, emphasizes certain wavelengths. For A'z K,l, only

a fraction of the wave packet will lie within the window and the relative error in

wavenumber, *, will be quite large. For Lz Þ À, on the other hand, this relative

error will be favourably small, but the wave packet cannot be located properly. The

window might even contain two different wave packets separated in height, and the

same considerations as made for the Fourier transform apply.
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zl

z2

u m
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Figure 3.3: Schematic representation of the u'indowed Fourier transform. Here the
f'unctions that are fitted to the wind profile extend only over a small window of height
Az, which is slid along the data series. The increased height resolution leads to a
decreased wavenumber resolution, as shown in the tiling of the wavenumber-height
space.

A method is desirable that does not favour any particular scale or wavelength, but

treats all of them equally. This is achieved by the wavelet transform. Here the window

size A,z is adjusted depending on the considered wavelength ) (Figure 3.4). For large

ì, a large Az is used, while for small À a small Az is chosen, such that L,z : const. . À.

In keeping the number of oscillations within the window constant, all wave packets

can be adequately located and the relative wavenumber resoluti on + is independent

of m.

For wave packets which extend over a large height range, the restriction to a window

of size Az results in a wavenumber resolution worse than what could be achieved with

a Fourier transform of the whole wave packet. To overcome this problem, the wavelet

transform will only be used as a means to detect wave packets objectively. Once

detected, it is possible to reconstruct the wave packet from its wavelet coefficients and

analyze it separately with the method of choice.l

1As the background atmosphere probably changes over the extent of the wave packet so will the
wavenumber of the wave packet. An increase in nominal wavenumber resolution much in excess of
the bandwidth of the physical wave packet does not, therefore, yield any new information.

mr
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Figure 3.4: Schematic representation of the wavelet transform. Here the height range

A,z of the fitted functions is adjusted to keep the number of oscillations within the

window constant. The relative height and wavenumber resolutions, f and *, r"-

spectively, are independent of m.

3.4 The Wavelet Transform

3.4.L Basic Formalism

In this section we give the definitions necessary to implement the wavelet algorithm

described in this chapter. For a more detailed description and a review of wavelet ap-

plications in geophysics see lKumar ü Foufoula-Georgiou,1997] and references therein.

The term wavelets refers to a family of small waves generated from a single func-

t\on g(z), the so-called mother wavelet, by a series of dilations and translations. A

sufficient condition for a function g(z), real or complex, to qualify as a mother wavelet

is admissibility,

_,J

mu
m2m

"r: l:: lG(^)l' Tn < 6)1 (3 4)
l*l

where G(^) is the Fourier transform of g(z).2 If gQ) is an integrable function, it only

has to be oscillatory, of finite energy and with an average value of zeto to fulfill this

criterion.

The continuous wavelet transform of a real function /(a) with respect to a given

2This admissibility condition is a sufficient, but not necessary condition for 9 (r)
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admissible mother wavelet g(z) at scale a and dilation b is then defined as3

v'¡(o,b):: lll rclt.{})a,, (3 b)

where a ) 0 and ó e R. The wavelet transform gives the correlation between the

original function f (z) and the scaled and translated version of the mother wavelet,

o(!), i.e. it measures how well the two signals match. The transform can also be

expressed in Fourier space as

' I r*oo
W¡(a,b) : 

27t J_,_ ".(om)F(m) 
exp(imb)dm, (3 6)

which shows that the wavelet transform is basically a bandpass filtered version of the

original function /(z). If G(m) is centered at rñ with width Arn, then the scaled

wavelet G(am) is centered at f, with width A:2. 1'¡. relative wavenumber resolution

is, therefore, given by the choice of the mother wavelet and independent of scale. In

the general case, however, the mother wavelet can show holes and spikes il its Fourier

spectrum, and the bandpass interpretation should not be taken too literally. After

all, the great flexibility of the wavelet transform originates in the choice of an almost

arbitrary mother wavelet.

Admissibility is required to make sure that the original function f (z) can be recon-

structed from its wavelet transform without any loss of information. This reconstruc-

tion can be accomplished by summing scaled and translated versions of the mother

wavelet appropriately weighted with the wavelet coefficienls W¡(a,b):

1 ¡-Fm /+oo z-b'dhdo'f(,):;J, l_**,@,b)s(=)# (3.2)

The continuous wavelet transform (3.5) is calculated for all points of the ø > 0-b e R-

plane and shows a high degree of redundancy. Due to this redundancy it is possible

to reconstruct the original function using a completely different mother wavelet, e.g.

the delta function lFarge, 19921:

1

C6
f("):

sFor convenience we chose a different normalization of the wavelet coefficients than is commonlv
applied.

lo** 
*'(o'ò*' (3.8)
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where
rloo . Cl¿,u: Jo 

-w¿(o,o)ï 
(3 e)

With the normalization chosen above, the modulus square of the wavelet coef-

ficients, E(a,b): lW¡(a,,b)12, can be interpreted as an energy density, at least for

bandfilter-like mother wavelets. The total energy of the signal is given bya

Ero,
r*oo r*oo 

bd?J, J-* n{",Ða 
a

1

cg
(3.10)

It is possible to reduce the redundancy inherent in the continuous wavelet transform

and to calculate the wavelet coefficients for a discrete subset of the a-b plane only, but

restrictions in addition to the admissibility (3.a) have to be applied. A commonly used

subset for the discrete wavelet transform is the dyadic grid,ø : +,b: h, j,k e z,

for which fast algorithms exist.

9.4.2 Selection of a Mother \Mavelet

Having introduced the basic wavelet formalism, the next step is to choose the waveiet

best suited for our purposes.

As mentioned above, a discrete wavelet transform works only on certain discrete

scales, with the corresponding bandpass filters centered at discrete wave numbers.

Consider two gravity wave packets as represented by the shaded regions in Figure

3.b. To reconstruct the packet at small wavenumber ïn) information from Scale 1

and Scale 2 of the discrete transform is required. But Scale 2 contains a significant

part of the wave packet at large nL) so that the two wave packets cannot be easily

separated. With the continuous wavelet transform, on the other hand, the scale is

adjusted quasi-continuously, corresponding to a bandpass filter that slides along the

wavenumber axis. The central wavenumber of the filter can therefore be adjusted to

contain each of the wave packets alone, enabling an easy separation.

4Note that total energy conservations holds for all wavelet transforms irrespecti

orthogonality

vely of their
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Amplitude
sliding filter
(continuous)

Scale 1 Scale 2 Scale 3 fixed filters
(discrete)

log m

Figure 3.5: The scales of a discrete wavelet transform corresponds to bandpass filters
centered at discrete wave numbers. If one scale contains contributions from two wave
packets (illustrated by the shaded regions), the wave packets cannot be easily sepa-
rated. The continuous wavelet transform corresponds to a sliding bandpass filter. The
center wavelength can be adjusted to the center wavelength of each wave packet.

According to Equation 3.6 the transformation of a real signal (e.g. wind compo-

nent) 'vvith a real wavelet yields a bandpass filtered version of the signal, with the

Fourier transform of the wavelet as the filter function. If we want to detect wave

packets, however, it is more instructive to look at the envelope of the bandpass filtered

signal rather than at the bandpass filtered signal itself. This envelope is readily ob-

tained as the modulus of a wavelet transform with a progressive wavelet. A progressive

wavelet is a complex wavelet, whete the real and imaginary part are 90' out of phase.

It therefore yields the in-phase and in-quadrature components of the bandpass filtered

signal as the real and imaginary part of the transform, respectively.

As the horizontal wind perturbations u' and u' of a gravity wave packet are essen-

tially amplitude modulated sine waves, the Morlet wavelet (Figure 3.6) seems to be

an obvious choice. It has the representations

s(z)

G(*)
"n.t.n." "-i

I m- 5.4J2

t/2tre------z-

(3.11)

(3.12)
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Figure 3.6: The Morlet wavelet in real spâce and Fourier space. The solid line in the

real space diagram depicts the real part, the dashed line the imaginary part'

in real and Fourier space, respectively. As a progressive wavelet it has non-zero con-

tributions only for m ) 0. The relation between equivalent Fourier wavelength À and

wavelet scale ¿ of a certain mother wavelet can be derived by wavelet transforming

a sine wave of given wavelength À lMeyers et al., 1993]. In our case of the Morlet

wavelet (3.11) it is given by À : 7.L4ct'.

The Morlet wavelet is not orthogonal and the wavelet coefficients are not indepen-

dent. This means that the total energy of a superposition of different wavelets is not

necessarily equal to the sum of the energies of each of the wavelets. The choice of an

orthogonal wavelet would resolve this problem, but one has to keep in mincl that the

propagation of gravity waves through the atmosphere includes nonlinear saturation

effects. The proper treatment of these nonlinear effects requires knowledge about the

peak amplitudes of the gravity wave packets as physical entities. While the wavelet

coefficients of an orthogonal wavelet transform are independent in the mathematical

sense, several of these coefficients have to be used together to represent an actual

physical wave packet and to reconstruct its peak amplitude. We, therefore, find it

more convenient to use a mother-wavelet with a strong resemblance to the gravity

wave packets to be analyzed, and to renormalize the energy if necessary'
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wavelet extension L

padded over L/2 padded over L/2

Figure 3.7: The wavelet centered at the end of the data series overlaps it by a length
of Ll2. As the Fourier transform assumes periodicity, this overlap would be wrapped
around to the beginning of the data series. To avoid wrap-around effects, the data
series has to be padded over this length.

3.4.3 Practical implementation of the continuous \Mavelet trans-

form

The calculation of the wavelet transform was performed in Fourier space using Equa-

tion 3.6 and implemented as follows

First, the real data series f (z) is padded on both sides to avoid wrap-around effects.

The number of points to be added depends on the largest wavelength to be considered.

Equation 3.5 states, that the wavelet transform for a scale a at position b is given by

integrating over the product of the data series f (z) and the wavelet of scale ø with

its center at ó. As the Fourier transform assumes periodicity of the transformed data

series, any overhang of the wavelet at the end of the data series is wrapped around

to the start of the data series, leading to undesirable contributions to the integral. If
we assume the largest scale wavelet to extend over a length of approximately L12 on

each side of its center, the data series has to be padded with this length to avoid any

wrap-around effects (Figure 3.7).
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This padded data series is then Fourier transformed and, for each scale ¿ of in-

terest, multiplied by the Fourier transform G(am) of the scaled mother wavelet. In-

verse Fourier transforming and unpadding then yields the complex wavelet transform

W¡(o,b). Its real part contains the data series /(z) bandpass filtered according to scale

a, an¿ its imaginary part a 90' phase-shifted version thereof. Its modulus corresponds

to the envelope of the bandpass-filtered signal. Figure 3.8 gives an example of the

wavelet transform of a hypothetical wind profile using the Morlet wavelet'
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a)

b)

c)

1.5

10

0D

Figure 3.8: Example of the wavelet transform of a hypothetical wind profile using
the Morlet wavelet. a) The hypothetical wind profile, padded to avoid wrap-around
effects. b) Wavelet transform of the profile in a) for a certain scale ¿. The solid line
represents the real part, the dashed line the modulus of the transform. c) Surface plot
of the modulus of the wavelet transform as a function of wavelength and height. The
four wave packets are clearly resolved.
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3.5 Application to radiosonde data

Using the algorithm described above, we now can apply the wavelet transform to ra-

diosonde data, i.e. vertical profiles of horizontal wind velocity u and u and temperature

T.In order to detect wave packets in the horizontal wind data, we first calculate the

wavelet coefficients W,(a., z) and Wu(a, z) of lhe zonal and meridional wind compo-

nents, respectively. Then we scan the surface S(4, z) : lW,(o,, z)12 * lW,(a, z)12 for

local maxima (cf. Figure 3.8c). Only maxima exceeding a certain threshold S¡¡r"r¡ àte

retained in the further analysis. For each of these maxima the extension of the cor-

responding wave packet is recorded. The boundaries (zr,22 and a!,a2 for height and

scale, respectively) are determined by scanning the surface S(a, z) descending from

the maximum at (o^o,,2*o*).tn|7l it drops to a value Is(o^o,z*o,) or starts rising

agaln.

The wave packets can now be reconstructed by adding up the complex wavelet

coefficients of all contributing scales a:...{r2 at' each heighl 2t... z2 foyt'i, u, and

? (Equation 3.8). The resulting profiles, designated by ú", Ú, and' f, respectively,

now contain the isolated wave packet as their real part, and its 90' phase-shifted

(i... Hilbert transformed) version as their imaginary part. To avoid effects of the

convolution with the wavelet, the wave packet extent has to be determined from the

reconstructed wave packet.s We use the full-width half-maximum of the horizontal

wind variance as the vertical wave packet extent. To extract r//ave parameters of a

packet we applied Stokes parameter analysis lVincent €4 Fri,tts,7987; Eckermann €j

Vincent,lgSg]. LeL uo and r-ro designate the peak amplitudes of the horizontal wind

perturbations and e their phase difference, then the Stokes parameters to be calculated

are

fu? - ,3)D

sThe bandwidth of the wave packet might be larger than the bandwidth

wavelets. The extent of the wave packet can therefore be smaller than
of each of the constructing
the extent of any of the

constructing wavelets
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P:

a:

(ù'* l- 
"? - u'* - ú?)

2(uouocos €)

2(u7uR + urõr)

2(uouo sin e)

2(u7ur - uñn)

(3.13)

(3.14)

where 0 denotes spatial average and the indices I and R the real and imaginary

part, respectively. The Stokes parameter D gives the contribution of linear polarized

waves along the x- or y-axis, while P indicates linear polarized waves along axes at

45' and 135' azimuth. Circular polarized \ryaves are represented by Q. (For a more

detailed discussion see Born €4 Wolf [1970] and Hecht [1987].)

The vertical propagation direction of the gravity wave packet is given by the sign

of Q, the dominant horizontal alignment by

1 P
D

anarctó
2

(i):(:."',:i: )(l¡

)

where / is given in the mathematical sense, i.e. in degrees anti-clockwise from east.

The horizontal perturbation velocities parallel and perpendicular to the horizontal

alignment direction are given by the transformation

(3.15)

The intrinsic frequency ô is now readily obtained as

a:ffirrrrr (3.16)

The horizontal propagation direction of the gravity wave is parallel to the direction

specified by / (Equation 3.14). The phase difference between ã¡¡ and 7 th.tr resolves

the directional ambiguity: From Equations (3.1) and (3.3) one can see that ã¡¡ and

F should be f90" out of phase, depending on the sign of k. For k > 0 the wave

propagation direction is given by Ó, for k < 0 by d + 180'. The phase difference can
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be calculated via the phase of the coherence function

fur!'.) (3.17)
(l"l l')(lT'l')

where tt¡:¡,¡,n-li,tt¡,r ,T':fl*+d77, and, * denotes the complexconjugate.

Finally, the horizontal wavenumber can be calculated from the dispersion relation

(2.18).

The hodograph analysis described above uses polarization relations for a single

monochromatic gravity wave to infer the intrinsic frequency and orientation of the

analyzed wave packel. Eckermann ü Hocki,ng [1939] demonstrated that in the case of

multiple wave packets the inferred intrinsic frequency can be an effect of wave super-

position and might indicate azimuthal directionality in wave propagation rather than

mean frequency. The wavelet based method described here, however, isolates wave

packets in wavenumber and height. Therefore, the possibility of multiple wave pack-

ets in the hodograph analysis is much reduced compared to more traditional Fourier

methods, where the whole height range is analyzed as a single wave. The analysis

of a individual radiosonde sounding, however, does not allow filtering of the observa-

tions in frequency. It is, therefore, important to keep in mind, that it is not possible to

distinguish different wave packets in a hodograph if they agree in vertical wavenumber.

If two wave packets are close in height-scale space, the boxes used to reconstruct

the wave packets might overlap, i.e. certain wavelet coefficients might be used for the

reconstruction of more than one wave packet. In these cases the horizontal wind vari-

ance corresponding to these wavelet coefficients is divided between the reconstructed

wave packets in equal parts to conserve the total wind variance.

3.6 Summary

A method to extract gravity wave packets from vertical profiles of horizontal wind and

temperature was presented. Using wavelet analysis we are able to separate the wave

field in height and wavelength and, therefore, to reduce the presence of multiple waves
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in the hodograph analysis. Furthermore, we get information about the height extent

of the wave packets. The Morlet wavelet was chosen to decompose the wave field into

basis functions that are similar to the assumed physical gravity wave packets. This

allows a simple reconstruction of the actual wave packet amplitude, an important issue

when non-linear saturation effects are considered.



Chapter 4

Macquarie Island: A case studY

In this chapter we apply the wavelet technique described in Chapter 3 to twice-daily

radiosonde soundings of the lower stratosphere over Macquarie Island between 1993

and 199b. In addition to the propagation characteristics, we also obtain information

about the height extent of the wave packets which leads to an expression for the

intermittency of the observed wave field. Knowledge about the wave intermittency

then allows us to compute mean-flow accelerations in the lower and middle atmosphere

using a linear ray-tracing model.

4.I Radiosonde Data and Background Atmosphere

Macquarie Island (55'S, 159"E) is situated approximately 1500 km south of Tasmania

in the sub-antarctic storm track. It is aligned in north-south direction with a length

of 34 km and a maximum width of 5.5 km. Its maximum height is 433 m above sea

levellCrohrz, 1986]. The winds at Macquarie Island are predominantly eastward with

a high frequency of gales. A front or depression center passes the island every 5 or 6

days [,Súreten,7988].

The Australian Bureau of Meteorology has a weather station on the north part

of the island. Operational radiosonde soundings are usually performed twice daily,

and the sondes reach tvpical heights of about 25 to 30 km. Every two seconds the

49
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radiosondes (Vaisala RS S0-15) measuïe the current values of pressure, temperature

and humidity. After filtering and smoothing they are recordecl at 10 s intervals at the

ground station. With an average balloon ascent rate of 5 mf s this results in a height

resolution for the temperature profile of about 50 m. The finite response time of the

temperature sensor attenuates high wavenumber fluctuations to a certain extent. Al-

though it is possible to compensate for this effect lAtlen €4 Vincent, 1gg5], no attempts

were made in the present study. The accurac)¡ of the temperature measurements is

specified as f0.1' C rms. The zonal and meridional wind components, calculated

from the radiosonde position over time, are reported every 10 s. After outlier removal

a cubic spline is fitted over a runnirrg window of 130 s, corresponding to a height range

of about 650 m.l Wind fluctuations at scales smaller than this will, therefore, be

attenuated in some way. The rms random errors in each wind component are believed

to be about 0.5 ms-1. It is important to keep in mind that the different treatment of

temperature and wind data can distort amplitude and phase relations between these

data sets

Due to the finite ascent rate of the balloon, the gravity wave field undergoes changes

while the profiles of wind and temperature are gathered (with an ascent rate of b ms-l a

launch to a final height of 30 km takes about 100 min), and the sonde itself experiences

a horizontal drift. However, these deviations from an instantaneous, vertical profile

are assumed to be generally insignificant if the mean winds are less than about 50

ms-t lGardner €j Gardner,1993].2

In this study we analyze radiosonde data from between April 1993 and March

1995. The same data set was analyzed previously using a windowed Fourier technique

lVi,ncent et a\.,7997; Allen,1996], and the results will be comparecl wher.e appropriate.3

Figure 4.1 presents the monthly mean horizontal winds and temperature over the

analyzed time period. The monthly mean profiles were calculated as the average over

lThe fitting interval was changed to 250 s (1250 m) at the end of January 1gg4.
2We only require that the time taken to sample a certain coherent wave packet is small compared

to its period. As we are not interested in the phase relation between packets in different height
regions, we do not require different packets to be sampled simultaneously.

3As those studies concentrated on different height ranges, a direct comparison is difficult.



4.1. RADIOSOIVDE DATA A/VD BACKGROU]VD ATMOSPHERE 51

all racliosonde Iaunches within that particular month. The zonal winds are particu-

larly strong during winter and reverse sign above 22 km during summer. The mean

meridional winds are much weaker with an amplitude of less than about 5 ms-l. The

variations in background temperature are most significant in the stratosphere and the

tropopause is at a height of about 10 km throughout the whole year.
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4.2 Gravity Wave Parameters

The wavelet analysis of the gravity wave field was performed starting at a height of

12000 m MSL using rT'avelengths )¿ : 450' ' 2il8,i: 0' ' '39' The profiles of u' u'

and ? were prefiltered with a fifth order Butterworth filter with half-power points at

4b0 m and 11000 m or the height extent of the radiosonde data, whatever less' The

parameter Sthr"rh was selected as 0.01 m2f s2. Many results in this chapter are given

as averages per radiosonde flight and function of wavelength or height. In forming

these averages the height (and, therefore, wavelength) coverage of the contributing

radiosonde flights was taken into account'

Figure 4.2 shows the average monthly horizontal wind variance (u'2 I u''2) as a

function of height for upwards and dou'nwards propagating gravity wave packets. The

decrease in variance from January L994on is probably due to the increased phase fitting

length (cf. Footnote 1). Note that we here present the gravity wave activity in terms

of horizontal wind variance since this variable is directly accessible by measurement

and does not depend on other inferred gravity wave parameters like, for example' wave

action does.

In our analysis we will mainly concentrate on the height region from 20 to 28

km, as the waves in this region are important for the wave-mean wind interactions

in the middle and upper atmosphere.a The two phases to be considered are summer

(November to March) and winter (April to October). Figure 4.3 presents the number

of radiosonde soundings reaching above 20 km and the fraction of horizontal wind

variance in the height region 20 . . .28 km used for the reconstruction of the wave

packets as functions of time.

Figures 4.4to 4.6 summarize the parameters of the gravity waves detected in the

height range 20 to 28 km for upwards propagating gravity waves in summer and up-

wards and downwards propagating gravity waves in winter, respectively' The statistics

for downwards propagating gravity waves during summer are too poor to form reliable

aAs will be seen later, waves detected below this region are filtered to a certain extent

upward propagation

during their
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parameter estimates. The panels on the left-handside of Figures 4.4 to 4.6 present

the horizontal wind variance as a function of intrinsic horizontal propagation direc-

tion, i.e. direction of horizontal intrinsic phase speed, and histograms of ground-based

zonal phase speed

u
?,( phase,zonal - ,---------j-jl tK¡ coS\Q )

where / is the propagation direction in the mathematical sense, i.e. in degrees anti-

clockwise from east. The intrinsic propagation direction of the wave packets is pre-

dominantly south-southwest-wards during winter and nearly isotropic in summer. The

horizontal group velocity
0u

cg
0kn.

of each wave packet is represented by a point in the lower left diagram and is given

relative to the ground-based reference frame. The group velocity is important for ray-

tracing studies to find the origin of the observed wave packets. The right-hantl panels

of Figures 4.4 to 4.6 show the horizontal wind variance of the wave field in histogram

form as a function of intrinsic frequency and vertical and horizontal wavelength, re-

spectively. The vertical and horizontal wavelengths are binned logarithmically to take

the proportionality Lm x rn of the wavelet analysis into account. The observed wave

field is clearly dominated by low-frequency (inertio) gravity waves with an average

horizontal wavelength of several hundred kilometers. A shift to higher intrinsic fre-

quencies is evident in winter, when large zonal wind speeds occur. The horizontal

wind variance peaks at vertical wavelengths around 4 km. Keep in mind, however, the

choice of our high wavelength cutoff of 11 km and that the filtering performed by the

radiosonde equipment attenuates wavelengths less than about 1 km. The mean val-

ues of intrinsic frequency, horizontal and vertical wavelength, and grouncl-based zonal

phase speed are given in Table 4.1.

(4 1)

(4.2)



4.2. GRAVTTY WAVE PARAME?ERS 55

(cph"'",,o,,d) (Û) 2r l\ml 2r lft¡)

winter upwards
downwards

summer upwards

15.3 m/s
27.I mls
6.4 mf s

3.1 f
3.7 f
2.3 f

4.2 km
4.1 km
3.9 km

431 km
319 km
547 km

Table 4.1: Mean values of gravity wave parameters for the height range 20...28 km

over Macquare Island.
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4.3 Discussion

4.3.L Seasonal variation of total gravity \Mave variance

A closer look at the total gravity wave horizontal wind variance and the zonal back-

ground wind speed as a function of time reveals a good correlation between these two

variables (Figure 4.7). Both show a clear annual cycle with maximum values of about

9 m2 f s2 and 60 m/s, respectively, in July/August and minima of about 3 m2 f s2 and

-b m/s, respectively, around January. A similar annual cycle of gravity wave activity

has been observed at a multitude of sites in the mid- and high-latitudes in both hemi-

spheres lAlten €j Vi,ncent, 1995; Eckermann et a1.,1994]. Different mechanisms exist

to explain this seasonal variability:

Source strength: Changes in wave generation at the source level will lead to vari-

ability in wave activity at higher altitudes. Well-known sources of gravity waves in the

lower atmosphere are topography lSmi,th,7985; McFarlane,7987; Hi,nes, 1988b; lúøs-

trom ü Fri,tts,7gg2), thunderstorms lFouell et a1.,1992; Pfister et a1.,7993; Aleran-

d,er et a1.,19951, fronts lFri,tts €j Nastrom, 1992; Griffiths Ü Reeder,7996; Reeder €1

Gri,ffiths,1996], wind shear lLalas €i Ei,naudi,,7976; Chi,monas Ü Grant,1984; Fri'tts,

1982] and geostrophic adjustment lSchubert et a1.,7980; Uccelli,ni, I Koch,1987; Duffy,

7990; Fritts Ü Luo,,7992; Luo Ü Fri,tts,1993]. While topography, convection and wind

shear are believed to generate mainly high-frequency waves lFri,tts €l Luo,1992], the

most energetic gravity waves in our case study are those with frequencies close to

the inertial frequency /. This is in good agreement with many other observations

lVi,ncent,lgS4; Sato,7994; Nastrom et a1.,1997]. Even though the predominance of

inertia-gravity waves might be an observational selection effect of the radiosonde equip-

ment lAlerand,er,1998], the observed waves could have been generated by geostrophic

adjustment and frontogenesis, both of which excite waves with near-inertial frequencies

lFri,tts €4 Luo,7992; Grffiths €j Reed,er,1996; O'Sulli,uan Ü Dunlcerton,lggSl. In the

simulation s of Grffiths €j Reed,er [1996] the inertio-gravity waves generated by the fron-

togenesis had vertical wavelengths between 2 and 10 km and horizontal wavelengths
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of several hundred kilometers, in good agreement with our observations.s Evidence

supporting geostrophic adjustment as a generation mechanism for stratospheric waves

over Macquarie Island was given by Guest et al. [20001, who could ray-trace gravity

waves observed during a campaign in October lgg4 backwards in time to their origins

near the polar jet.

Background atmosphere: If we assume no explicit dependence of the background

atmosphere on horizontal position r and y and time ú, then the horizontal wave num-

bers k and I and the ground-based frequency u are constant along the ray ofeach wave

packet (cf. Section2.4). The intrinsic frequency ô as a function of height is then

û(z):u-u(z)k-u(z)l (4.3)

and the vertical wavenumber m(z) is given via the dispersion relation Equation 2.18.

In summer # a O and waves propagating westwards (k < 0) are Doppler-shifted to
sAgain, keep the imposed wavelength filter of our analysis method in mind
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Iower intrinsic frequencies. Their vertical wavelength, therefore, decreases with height.

If their intrinsic frequencies drops below the inertial frequency / these lvaves will be

critically filtered. In winter, on the other hand, # , 0 and westwards propagating

waves are Doppler-shifted to higher intrinsic frequencies and wavelengths. If their in-

trinsic frequency reaches the turning frequency these waves will be reflectecl. Due to

the limited bandwidth of our analysis methods, however, Ivaves will be shifted out of

the observable vertical wavelength range before they encounter critical or turning lev-

els. Nevertheless, the effect of critical level filtering can be observed in the horizontal

wind variance for upwards propagating waves during summer at a height of approxi-

mately 20 km, where the zonal wind reverses sign (Figure 4.2 hop). Observations of

similar modulation of gravity wave variance bv the background wind were made by

Whdteway U Duck [1996] and Whitewav Ü Duck ll999l'

The wind variance of a wave packet will change even if it is shifted within the

observable vertical wavelength range. In the absence of dissipation, the amplitude

of a wave packet along its ray is determined by the conservation of wave action flux

lLi,shthi,ll, 197S1

(4 4)AI : ,n,""O: corlst',

where cn," is the vertical group velocity and E the total energy density,

1--.---D-:-
n : ,oFF +iD + wD + N'C¡\. (4.5)

Here (, is the wave-induced vertical displacement of the air parcel from its equilibrium.

Due to the density decreasing exponentially with height, the horizontal perturbation

velocity of a wave with constant intrinsic frequency grows exponentially in amplitude.

If the intrinsic frequency is increasing with height, however, the (horizontal) wave

amplitude will grow less than exponentially; if it is decreasing with height, it will grow

more than exponentially. Eckermann 17995al used this effect of background winds on

vertical wavenumber spectra to explain the occurrence of attenuated spectra in several

experimental observations. He was also able to model seasonal changes in wave activity

due to variability in background temperature and, hence, density lÛclcermann, TggSbl'
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Similarly, Alerander [1998] could explain the variations in gravity wave activity at mid-

latitudes with effects of the background atmosphere on a constant source spectrum.

The observed seasonal dependence of gravity wave activity is, therefore, not neces-

sarily indicative of source variability and might be largely explained by the propagation

of a constant source spectrum through a variable background atmosphere.

4.3.2 seasonal variation of down\Mards propagating gravity

\Mave varrance

As mentioned above, increasing wind speed will shift the intrinsic frequency of gravitv

waves propagating against the wind to larger values. Such a shift of the intrinsic

frequency distribution to higher values is evident in winter from Figures 4.4 to 4.6.

If the wind speed and, hence, the frequency shift is large enough some waves will

reach their turning frequencies and be reflected. Figure 4.8 reveals a good correlation

between the absolute background wind speed and the horizontal wind variance of the

downwards propagating \Maves as a function of time. For background wind speecls

of about 50 ms-l during the stratospheric winter jet, the horizontal wind variance

reaches values of up to 4m2s-2, while the wave activity almost ceases during summer,

when the atmosphere in the analyzed height range is basically at rest.

Allen [1996] found a similar increase in the fraction of clockwise rotating wind

component during winter, when strong mean winds prevail in the stratosphere over

Macquarie Island. Following Eclce.rm,o,n,n, et al. [1994], the author, however, attributed

this increase to a change in frequency distribution rather than in ratio of downwards

to upwards propagating gravity wave energy. He argued that the intrinsic frequency of

an upwards propagating, zonally aligned gravity wave is Doppler-shifted by the zonal

mean winds. This Doppler-shifting to higher frequencies reduces the axial ratio of

the hodograph ellipse and results in an increased fraction of anti-clockwise rotation.

Even though the wave packet is upwards propagating, rotary spectral analysis would

regard that fïaction of its horizontal wind variance as downwards propagating. In our
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Figure 4.8: Horizontal wind variance of downwards propagating gravity waves (dashed)

and absolute background wind speed (solid) as functions of time.

analysis, however, the total horizontal wind variance is counted as either upwards or

downwards propagating, depending on the anti-clockwise or clockwise sense of rotation

of the hodograph, i.e. the sign of the Stokes parameter Q (equation 3.13). Therefore,

the argument of Eckermann et al. [1994] can no longer be applied and we believe that

in our case \Me really deal with downwards propagating gravity waves. It is important

to note that wave reflection can occur at frequencies much lower than the buoyancy

frequency ,^ú if the density height terms are retained in the dispersion relation Equation

2.18, i.e. if the Boussinesq approximation is not applied lMarks €j Eckermann,7995).

Figure 4.9 shows the turning frequency as a function of horizontal wavelength for a

density scale height of 6500 m and a buoyancy frequency of 0.02 rad s-l at Macquarie

Island for a compressible (dashed) and incompressible (solid) atmosphere (Equation

2.30). The turning frequency at horizontal wavelengths of several hunclred km as

observed in this study is reduced to as little as one tenth of the buoyancy frequency

¡/. The local buoyancy frequency encountered by a wave propagating through the
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atmosphere can be substantially reduced compared to the mean background value by

waves of large vertical wavelength. These large vertical wavelength waves can act

as a background atmosphere for waves of smaller vertical wavelength, in a manner

similar to that described by Hi,nes [1991b]. The observed variation in wind variance

of downwards propagating waves might thus be explained by reflection of waves from

levels of high background wind speed and low local buoyancy frequency. Generation

of downwards propagating waves by geostrophic adjustment of the stratospheric jet

could also explain our data.

4.3.3 Preponderance of low-frequency gravity waves

As seen above, inclusion of the density height terms in the dispersion relation can

significantly reduce the range of intrinsic frequencies over which wave propagation

is possible. If we furthermore consider the imposed wavelength cutoff at a vertical

l\/
H
N

OCq uorie lslcnd
6500 m

0.02 rcd s '
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and intrinsic frequency. The numbers on the contour lines are the vertical wavelength

in meters. The thick line corresponds to the turning frequency.

wavelength of 11000 m, the maximum observable intrinsic frequency as a function of

horizontal wavelength is again drastically reduced (Figure 4.10). The preponderance

of inertio gravity waves in our data could, therefore, be an observational selection

effect. On the other hand, it could be understood if the main generation mechanisms

are frontogenesis and geostrophic adjustment, as indicated above.

Topography, however, is another possible generation mechanism at Macquarie Is-

land, that may generate high frequency waves: When the air stream is deflected b}'

topographical obstacles gravity waves with horizontal wavelengths similar to the scale

of the obstacles can be generated. Due to their small horizontal wavelengths these

waves can be Doppler-shifted to large intrinsic frequencies when they propagate to

regions of large background wind speed. Evidence for the generation of gravity \ /aves

by topography is given by Mi,tchell et al. [1990], who report the common occurrence

of lee-wave clouds in satellite images of Macquarie Island, which can extend hundreds
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of kilometers to the east of the island under favourable conditions. Schoeberl [1985]

calculated the dominant horizontal i,vavelength of the gravity wave spectrum f'orced by

a bell shaped mountain ridge of equivalent mountain half width a as 2tra. Considering

the prevailing eastwards winds at ground level at Macquarie Island and a half width of

the island between 1 and 2 km, the dominant horizontal wavelength lies between about

6 and 13 km. The minimum horizontal wavelength of zonally aligned, stationar¡' (i.e.

ø : 0) gravity waves that can propagate through a gradually changing background

attnosphere is given b), Equation 4.3 u'ith w : l: 0, i.e.

Àn,^in:2ru,lN (4 6)

The corresponding time-height contours in Figure 4.11 illustrate that the minimum

horizontal waveÌengths of mountain waves in the lower stratosphere are around 15

km. A significant portion of the generated mountain waves is, therefore, likely to be

trapped in the troposphere and unlikely to contribute to our studies.

4.3.4 Propagation directions

The variance-weighted intrinsic propagation direction of the observed gravity wave

packets is predominantly south-southwest-wards during winter and nearly isotropic

during summer, as illustrated in F igurcs 4.4 to 4.6. In interpreting these observations,

one has to take the effects of the background atmosphere into account. For the strong

zonal r,vinds in winter, zonally propagating gravity waves experience lalge shifts in

intrinsic frequenc¡' and vertical wavenumber and can be shifted into and out of the ob-

servable vertical wavenumber range. Thus, lve anticipate some anisotropy in the zonal

direction even for an isotropic source spectrum. Due to the lou'prevailing meridional

winds it is hard to explain the meridional anisotropy by conditions of the background

atmosphere or as an observational selection effect. The observed anisotropy could,

therefore, be due to an anisotropic source or due to a latitudinally confined source

located north of lVlacquarie Island.
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wavelength contour.

4.3.5 \Mave amplitudes and saturation

Gravity waves will only affect the background flow or lead to mixing of constituents in

the atmosphere if wave dissipation occurs. Dynamical and convective instability are

thought to be the main dissipation processes lFri,tts Ü Rastogi,,1985], although other

mechanisms do exist (molecular diffusion, radiative damping, nonlinear interactions).

Convective and dynamic instability lead to breaking of a wave if its ampliturie exceeds

a certain threshold. Due to the transverse shear in the velocity field of low-frequency

gravity waves, the wave amplitude required for dynamic instability falls well below that

necessary for convective instability as t - t lFri,tts U Rastogi',1985]. The threshold

amplitude for dynamical instability is lFri,tts, 79891

1-
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Due to the existence of threshold amplitudes these saturation mechanisms are non-

linear, and the knowledge of actual wave amplitudes is important when the effect of

gravity waves on the background atmosphere is to be assessed. Figure 4.12 shows a

contour plot of normalized horizontal wind variance as a function of the perturbation

amplitude parallel to the intrinsic propagation direction of the wave, uf¡, and the satu-

ration amplitude rrf¡,ru, fo. gravity waves observed at Macquarie Island during summer

and winter between heights of 20 and 28 km. Only soundings after February 1994

were considered to ensure identical filtering of the radiosonde data. In both summer

and winter, the vast majority of the observed waves have perturbation amplitudes

Iess than the saturation amplitude computed according to Equation 4.7. The ampli-

tudes of these waves are, therefore, either too small to reach the threshold for dynamic

instability within the analyzed height range, or have already been dissipated.G It is

interesting to note, however, that the observed increase in gravity wave variance in

winter coincides with an extension of the amplitude distribution to larger values.

6This neglects the effects of wave superposition.
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4.4 \Mave-mean flow interactions

Gravity waves can transport energy and momentum from the troposphere to the mid-

dle and upper atmosphere (see Fri,tts [198aø] for a review) and influence large-scale

tempelature and circulation patterrrs lGeller,1983l. Using the gravity wave param-

eterization of Li,ndzen [19S1] the importance of wave drag and diffusion in the mid-

dÌe atmosphere was demonstrated in numerical simulations lHolton, 7982; Holton,

7983; Dun,kerton, 1982; Garcia ü Solomon, rg85]. For low-frequency gravity waves

both the vertical flux of horizontal momentum and the horizontal transport of heat are

important to describe the wave mean-flow interactions. Both contributiorrs are con-

tained in the so-called Eliassen-Palm flux, which can be expressed as pu,w,6_, where

ð- : 1 - fi ¡frrtts €i Vi,ncent,7987l. The resulting zonal acceleration of the mean

background flow can then be expressed as

(A"onot) : -:fib*-u-), (4 s)

where 0 denotes temporal average. Profiles of momentum flux can either be computed

directly from measurements at the respective height levels, or they can be inferred from

modeling studies where a given gravity wave source spectrum is propagated through

the atmosphere.

In this section, we use the gravity wave parameters inferred in Section 4.2 to

assess the effect the observed waves have on the mean-flow in the lower and middle

atmosphere. As the signal processing parameters of the radiosonde equipment were

altered in January 1994, only soundings after that date were included in our analysis.

4.4.L Momentum flux estimates in the lower stratosphere

Different obseri,ational techniques have been used to estimate momentum fluxes in

the lower atmosphere. Lilly ü Kennedy [1973] and Alerander €j Pfister [1995] used

aircraft-mounted systems to measure momentum fluxes associated with orographi-

cally and convectively generated gravity waves) respectively. Vincent €4 Reid [1933]
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developed a radar method to infer momentum fluxes from symmetric-beam Doppler

measurements, which has been applied in the lower and middle atmosphere lFri,tts

et a1.,7990; Sato, L994; Murayama et a1.,7994; Worthi,ngton Ü Thomas,1996; Rei'd

€j Vincent, 1987; Tsud,a et a1.,1990]. Furthermore, different authors have used ra-

diosonde data for the estimation of momentum fluxes. Shutts et al. 179881 calculated

the momentum flux of a single gravity wave from fluctuations in balloon ascent rate

and horizontal perturbation velocities. Mobbs Ü Rees [1939] made use of the same

variables to compute momentum flux profiles over the whole sounding range' The

estimation of the vertical perturbation velocity from fluctuations in balloon ascent

rate, however, are only reliable for large-amplitude lvaves. Smaller fluctuations can

be due to measurement errors of radiosonde altitude or changed drag coefficients of

the balloon. It can, therefore, be advantageous to calculate the vertical perturbation

velocity from observed temperature fluctuations, which are measurable with a much

higher accuracy. If the intrinsic frequency of the contributing waves is known, the

momentum flux can be expressed using the polarization relations as

pú1t'
ûs

o*z u'flno (4.e)

Here (no is the 90 degree phase-shifted (i.e. Hilbert transformed) normalized tem-

perature fluctuation i' and, the overbar denotes spatial average. Sato Ü Dunkerton

[1gg7] analyzed ten years of twice daily radiosonde data at Singapore' They calcu-

lated quadrature spectra from time series of horizontal wind speeds and temperature

and used Equation 4.9 to compute the corresponding momentum fluxes. Since the

mean wind in the considered height range was weak, they ignored the Doppler shift

between intrinsic and ground-based frequency and used the ground-based frequency

in their computations. Vi,ncent et at. 11997] and Allen [1996] fitted observed mean

spectra to the gravity wave spectrum parameterization of Fri,tts Ü VanZandú [1993]

and integrated over the model spectrum to frnd an intrinsic mean frequency rir, which

was then used in Equation 4.9 to compute the momentum flux from measured val-

ues of u,iIno. Their method, therefore, assumes similar propagation characteristics
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for all \ryaves independent of frequenc)¡) even though mainly low frequency wa\¡es were

resolved.

The wavelet analysis described above provides all required gravity wave parameters

to compute the momentum flux of each detected wave packet. We computed the

height profiles of momentum flux by assuming a Gaussian shape of the wave packets

with a full width half maximurn as deteltnined by Lhe wavelet arralysis. We used

Equation 4.9 to compute the momentum flux from values of u'Ûlno calculated from

the perturbation arnplitudes of the detected wave packets. The density at the height

of the wave packet was obtained from monthly averaged temperature profiles using

the hydrostatic approximation, i.e.

p(z): p(2.)exp l':.#;\, (4.10)

where

Hp
1

(4.11), 7dT
I Tðt

is the density scale height.

Figure 4.13 shows contour plots of monthly averages of pu'-ul-ð- and purulr-f cal-

culated for all detected waves with intrinsic frequencies less than 10 /. This cutoff

was chosen as the majority of the detected waves have frequencies less than 10 /, and

the determination of intrinsic frequencies from hodograph analysis is prone to large

uncertainties for high intrinsic frequencies. The mean values of the momentum fluxes

at heights of 20 and 28 km are given in Table 4.2 for summer and winter.

The shape of the momentum flux profiles a,gr"ees with Allen [1996], although our

valttes are up to an order of magnitude smaller than the ones reported by Allen [1996]

and Vi,ncent et al. [1997]. This, however, can be explained by the restriction of our

analysis to waves with intrinsic frequencies less than 10 /, while Allen [1996] and

V'incent et al. 1L997] used the full spectrum of waves in their calculations.

In comparison with other experimental observations and in assessing the impor-

tance of the observed gravity waves for the mean circulation, the limited frequency

range and our vertical wavelength bandwidth of about 1.2 to 11 km has to be kept

I
RT
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(t"t-õ-)
/r_q\(m-s "J

(úú6_)
(-"-')

(púd6-)
(N--')

(pu'r'-¿_)
(N--')

winter
20 km
28 km

summer
20 lçm
28 km

-1.3.10-2
-1,6.10-2

g-z -1.0 .10-g
g-z -3,2 .10-4

-3 -b.6.10-5
-3 b.1 .10-5

-9.3 .10-4

-4.7 .r0-4

-9.9.10-5
-4.5.10-5

r.2
1.8

1

1

10

10

-12
8

-6.6 .10-4

2.1 .10-3 1

Table 4'2: Mean values of momentum fluxes for waves with ô < 10/ for winter ancl
summer at heights of 20 and 28 km.

in mind. For the same reason an estimation of mean flow acceleration from these

momentum flux profiles is prone to large errors: Consider a wave packet propagating

dissipationless through the background atmosphere. Due to changes in background

wind the vertical wavenumber of the wave packet will change along its way. If the

vertical wavenumber is within the observable range for certain height regions and out

of this range for other height regions, the momentum flux profile from radiosonde ob-

servations will show artificial variations with height, leading to errors in the calculated

accelerations of the background wind.

One can circumvent this difficulty if ray tracing techniques are applied. Afier

extracting the wave parameters in a height region where the wave packet is observable,

the parameters of the wave packet can be calculated for the whole height range of

interest. It is then possible to compute the momentum flux even for those height

regions, where the vertical wavenumber of the wave packet is not within the observable

range' avoiding variations in the momentum flux estimates due to the observational

filter' Ray tracing, furthermore, enables us to propagate the gravity wave spectrum to

higher regions of the atmosphere which are inaccessible to direct measurements with

radiosondes.
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4.4.2 Mean-flow accelerations and intermittency

4.4.2.L A linear ray-tracing model

For our modeling studies we applied a simple linear ray tracing model similar to Eck-

errnann [1gg2], Marks €j Eckermannl7995l, Alerander [1996] and Warner €1 Mclntyre

[1996]. If one assumes no explicit dependence of the background atmosphere on hor-

izontal position r and y and time ú, then the horizontal wave numbers k and I and

the ground-based frequency u of a wave packet are constant along its ray (cf. Section

2.4). The intrinsic frequency ô as a function of height is then given by

ù(z):u-u(z)k-u(z)l (4.r2)

and the vertical wavenumb er m(z) can be obtained from the dispersion relation.

The integration along the ray path is taken from the source level until a turning

or critical level is encountered, i.e. rn -+ 0 or ô' -+ f , respectively. In the absence

of dissipation, the amplitude of the wave packet along the ray is determined by the

conservation of wave action flux lLi,ghthi,ll,1978], which, in a single-column model, can

be written as

A
cn,"E : ColSt.rr (4.13)

u

where cn,z is the vertical group velocity and ,E the total energy density. llsing the

polarization equations in the Boussinesq approximation this can be expressed as

^ - 
I .'z f2

-ð'r - ,*li',," (1 - þ: coîst', (4'14)

where ,1, ir ttr. horizontal peak perturbation amplitude parallel to the intrinsic propa-

gation direction of the wave packet. The assumption of a single-column model is justi-

fied by our lack of knowledge about the fine scale geography of wave sourceslWarner €l

Mclntyre,1996]. Equation 4.74 is used to calculate the amplitude of the wave packet

from one level to the next when dissipation is negligible. Radiative damping, however,

can severely attenuate the amplitude of slowly propagating gravity waves' We, there-

fore, included this dissipative process in our model using the parameterization of Zhu
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Figure 4.14: Radiative damping rates for the CIRA atmosphere in June at 50" S for
vertical wavelengths of 2 (solid), 5 (dotted), 10 (dashed), and 20 (dot-dashed) km.

[1993]. His scheme allows the calculation of the scale-dependent radiative damping

rate rru¿ as a function of altitude for a given temperature profile. Radiative damping

attenuates the amplitude of a r,ryave packet by a factor exp(-z.u^Ø#) during its

propagation through aheight interval L,z at height z. Figure 4.14 shows examples of

damping rates for the CIRA atmosphere in June at 50' S.

If the resulting amplitude exceeds the critical amplitude for dynamical instability

(Equation 4.7), it is thresholded to this value. This corresponds to a dissipation

mechanism that acts instantaneously once the critical amplitrrcle is reached and stops

as soon as the amplitude is restored to a sub-critical value. The existence of a threshold

amplitude for instability renders the saturation mechanism non-linear. Hence, it is

important to use actual wave packet amplitudes, and not averages over space or time.
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4.4.2.2 Intermittency and gravity wave source spectrum

While the non-linear saturation mechanism requires the knowledge of actual wave

packet amplitudes to correctly identify the heights where saturation becomes impor-

tant, the mean zonal acceleration (Equation 4.S) depends on the temporally averaged

momentum flux. The observation of wave packets in the radiosonde data indicates a

degree of intermittency in the gravity wave production, that is, the wave packets will

only be present for a certain amount of time at each height level. Hence, a correction

factor has to be applied to the momentum flux profile of each wave packet to obtain

the required temporal average. Due to the lack of information about wave intermit-

tency, this correction factor was chosen arbitrarily in previous modeling studies to

give reasonable magnitudes of acceleration at the required levels in the atmosphere

fAlerand,er €! Rosenlof, 1996; Hami,lton,1997]. The use of wavelet analysis, however,

gives us information about the vertical extent of the gravity wave packets and can

shed some light on the gravity wave intermittency.

We define the residence time r of a wave packet as the time it takes to completely

traverse an arbitrar)' height level

, : [t"oo" 
o', 

,, (4.1b)
J "lo*., crl,r\z )

where Zlswq. ând zuppe, are the lower and upper boundary of the wave packet at the time

of detection and ,n,,(r) the vertical group velocity as a function of height. Monthly

averaged values of u(z), u(z), and T(z) were used for the calculation of cn,"(z). It is

important to realize that the residence time r is independent of the chosen height level:

Consider an upwards propagating wave packet extending from zlo*". to z,roo".. It will

take the upper end of the wave packet a certain time to reach an arbitrary height level

above zupp"r. The lower end of the wave packet will take the same time plus the time

it takes to propagate from z1o*",Io zupp.r. Thus, the wave packet will be present at the

arbitrary height level for the residence time r, independent of the choice of the height

level. Any change in group velocity cn," along the propagation path is compensated

by a stretching or shrinking of the wave packet. The residence time is, therefore, an
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invariant of the gravity wave propagation and equals the time the gravit¡¡ \4¡ave source

was turned on for the generation of the observed wave packet. Note that our definition

of the residence time differs from that in Alerander [1998], who defined the residence

time as the ratio of a constanl height interval to the vertical group velocily of the wave

packet. Her residence time is, therefore, a function of height, as she did not take the

shrinking and stretching of the wave packet into account.

We can then define the intermittency of the wave packet as

T^^*'
(4.16)

where ftu* is the residence time of a hypothetical u,ave packet extending over all those

height regions where it could have been observed with the applied analysis method.

The intermittency, therefore, equals the fraction of time during the time interval fl,.u*

the source had to be active to generate the observed gravity wave packet. ftu* can be

calculated as

T^u*: ['^"'' -91. . Ø.17)
J "^,n co,"Q)'

where the prime indicates integration over only those height intervals where the vertical

r,vavenumb er m(z) is within the observable range. The method is illustrated in Figure

4.75.

The horizontal wavenumber vector k¡, the ground-based frequer.cy a, the wave

action fl:ux A¡, and the wave intermittency r, all invariants of the dissipationless wave

propagation through a horizontally isotropic steady-state atmosphere, fully charac-

terize the wave pa,cket and its effect on the atmosphere in our model. The applied

observation method, however, cannot provide information about the full (k¡,, c,,') spec-

trum. As indicated above, the radiosonde technique can only observe gravity waves

with vertical wavelengths between about 7.2km and 11 km. Due to this observational

filter, only certain parts of the (kr,, ø) spectrum are observable at each height. Changes

in background wind with height Doppler-shift different parts of the (kn, ø) spectrum

into the observable wavenumber range, so that different parts of the spectrum can be

observed at different heights. Because of the invariance of k¡., u, A¡, and r, however,
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these wave parameters are independent of height and a larger part of the gravity wave

spectrum can be reconstructed. By using different observation techniques together,

one can obtain more detailed information about the spectrum.

Figures 4.16 and 4.17 illustrate the source spectra reconstructed from oul observa-

tions for summer and winter, respectively. They are not necessarily the spectra emitted

by a physical source somewhele in the lower alrnosphere, as the souïce spectra might

not be completel¡' observable bv the applied technique. To obtain better statistics,

all information about wave propagation directions lvas discarded in our spectra and

only the magnitudes of the horizontal wavenumber vector k¡, and the ground-based

frequency kr were utilized. The figures show slightly smoothed contour plots of time-

averaged wave action flux

(4.18)

and source intermittencv

e\K¡,u): r(k¡, u, i,)

rN

4&n,a):*f A¡(kn,a,i)" lv-'1,:I

rs
N-

1.= I

(4.1e)
ulc¡T^^* ( L

where 'i is an index over the diflerent radiosonde soundings. The analyzed height

range was from 15 km to the maximum height of the soundings, often reaching up to

30 km. The horizontal wavenumber k¡ and the ground-based frequency ø were binned

logarithmicall¡' into 25 bins for the ranges kn : #A 10r_-2L 
and c,., : 0.1,f . . .300/,

respectively. For a better comparison of source strength between the two seasons, the

average source strength is shor,r'n as a one-rlimensiona,ì function of horizonl,al wave-

length and ground-based frequency, respectively, in I'igure 4.18. It is evident that

the total wave action flux in the observed vertical wavenumber rarìge is very similar

in magnitude for winter and summer. This corroborates the argument that the dif-

ferences in horizontal wind variance as presented in Figure 4.7 can be largely due to

seasonal changes in the background atmosphere. It is also noteworthy, that, while

the gravity lvave field is clearlv dominated by low intrinsic frequency, inertio gravity

\Ã¡avcs, the Doppler-shifting by the background wind leads to tails in the ground-based
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ground-based frequency for winter (dashed) and summer (solid).

frequency distribution to both low and high frequencies. Figure 4.19 shows the average

wave action flux as a function of intrinsic horizontal propagation direction for winter

and summer. In both cases the observed wave action flux is distributed anisotropi-

cally. This observed anisotropy does not necessarily imply an anisotropic wave field,

but may again be due to the observational filter of the radiosonde method. If the

dominant background wind is confined to certain azimuths, then only certain regions

of the (kn, u,) spectrum contribute to our observations, and what might be an isotropic

wave field, can appear anisotropic in observations.

4.4.2.3 Mean-flow ¿rccelerations

In our model we ray-traced all upwards propagating gravity wave packets detected

above 15 km for each month of the year to a maximum height of 100 km. As a starting

level we chose the lowest height above zstarï' :15 km from where a propagation of a

wave packet to its level of detection was possible in the given background atmosphere

(Figure 4.20). The wave action flux of the wave packet at the starting level was

adjusted to reach agreement between model and observation at the detection level and

I
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Figure 4.19: Average wave action flux as a function of intrinsic horizontal propagation
direction for winter and summer. Units are Nm-1.

to compensate for any radiation damping effects. We used a height resolution of 500 m

and no interaction of the packets was allowed. As background atmosphere we used the

COSPAR International Reference Atmosphere (CIRA) 1986 temperature and zonal

winds of the respective month linearly interpolated to the required latitude of 55' S.

A contour plot of the zonal wind profiles is given in Figure 4.21. The acceleration was

calculated using Equation 4.8 with

(pu'w'õ-): ekAt (4.20)

computed for each wave packet.

Figure 4.22 shows a contour plot of the inferred zonal accelerations in the meso-

sphere. The accelerations are most significant at regions of high wind shear, at around

85 km during summer and between 60 and 80 km during winter. The magnitude of

the wave drag in winter seems to be about two to three times higher than the average

drag expected both from observations and theory lFri,tts U Vi,ncent, 7987; Fri,tts ü

Yuan, 7989; Holton, 1983]. The accelerations deduced from our model, however, are

based on the data from a single station only and might deviate from a zonal average
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Figure 4.20: Illustration of the applied choice of starting levels. The thick line indicates

the background velocity in wave propagation direction, u. The starting level for each

wave packet was chosen as the lowest height above zs1r.1 from where a propagation of

the wave packet to its level of detection (cross) was possible. Wave propagation from

a uniform starting level zr¡u.1 could not reproduce the effects of waves observed above

a possible critical level.
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Figure 4.21: CIRA zonal winds linearly interpolated to 55" S

over all longitudes.

In contrast to the decelfrative effect of the waves in the mesosphere, our model

reveals an accelerative effect in the middle stratosphere (Figure 4.23). This is in agree-

ment with calculations of Alerander ü Rosenlof [1996] who used global measurements

of temperature, wind, and chemical constituents to estimate the zonal mean forcing

by unresolved waves in the stratosphere.

It is important to realize, that the analysis of the radiosonde data might be biased

towards low intrinsic frequency waves, as these rù,/aves usually have larger amplitudes

than their high frequency counterparts and are, thus, easier to detect. Waves of

high intrinsic frequency, while smaller in amplitude, might still outweigh the effect of

the observed low frequency waves. Nevertheless, our computations show, that waves

with low intrinsic frequency in the stratosphere can have a profound impact on the

circulation in the middle atmosphere, at least in our simple linear model.
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4.5 Summary and conclusion

Application of the wavelet algorithm introduced in Chapter 3 to tu'ice-daily radiosonde

soundings of thc lowcr stratosphere over Macquarie Island revealed a strong seasonal

cycle in the total and dou'nwards propagating gravity wave variance with a maximum

in lvinter. This maximum in gravity wave variance coincides with a shift of the r,vave

amplitude distribution to larger values. The variance-weighted intrinsic propagation

direction during u'inter is predominantly south-southwest-wards, while it is nearly

isotropic during summer. The observed wave field was found to be dominated by low

frequency inertia gravity waves.

In the interpretation of these findings attention was paid to the limited verti-

cal wavelength range observable with the radiosonde techniqre [Alerander, 1993].

Doppler-shifting of waves into and out of this wavelength band can lead to significant

changes in the observed wave field and complicates the analysis. The usefulness of

the presented observations is, therefore, mainly in conjunction with modeling studies.

The wave characteristics were presented in terms of variables that are directly acces-

sible by measurements, i.e. vertical wavelength and wind variance. A disadvantage

of this approach is the fact that these variables undergo changes as the wave packet

is Doppler-shifted by changes in the background wind with height, and, therefore,

depend on the detection level of the wave packet.

We used the parameters of the detected wave packets to assess the influence of the

observed gravity wave field on the mean-flow. While a direct computation of a vertical

momentum flux profile corresponding to the wave packets observed at the respective

heights is possible, the observational filter of the radiosonde technique, together with

the Doppler-shifting of the wave packets due to a height variable background atmo-

sphere, prohibit the determination of mean-flow accelerations from these profiles.

To overcome this problem, we input the detected waves in a linear ray tracing

model from a common source level. The calculation of a momentum flux profile is

then possible even at those heights, where the wave packets would be outside the
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observationally accessible vertical wavenumber range. The definition of a wave source

intermittency then allows the calculation of a temporally averaged momentum flux

profile for each detected wave packet.

The inferred mean-flow decelerations in the mesosphere \ryere shown to be up to

a factor of 2 to 3 times higher than measurements and theory would predict. In the

lower stratosphere, the \Maves lead to an acceleration of the mean-flow in a,ccordance

with theoretical predictions.
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Chapter 5

Radar fundamentals

5.1 Introduction

While operational radiosonde data, as analyzed in the previous chapter, have good

height resolution and almost global coverage, the individual soundings are usually

spaced at least 6 or 72 hours apart and are restricted to altitudes below about 35 km'

Atmospheric radars are an alternative way to probe the atmosphere. Radars are only

available at a few locations worldwide, but they offer the advantage of time resolutions

of a few minutes and, if powerful enough, can obtain measurements from altitudes up

to some 100 km, albeit with a gap between 25 and 60 km. Furthermore, radars not only

provide information about the 3-dimensional wind, but can also be used to directly

measure turbulence parameters and momentum fluxes, variables strongly related to

gravity wave activity. Radars, therefore, not only enable us to observe the gravity

waves themselves, but also to directly observe some of the effects they have on the

atmosphere.

In this chapter we give an overview of the atmospheric radar technique. Chapter 6

introduces some signal processing algorithms, and Chapter 7 deals with the possibility

of turbulence measurements by radar. The introduced techniques are then applied

to wind and turbulence measurements in Chapters 8 and 9, using the University of

Adelaide's VHF radar at Buckland Park.

93



94 CHAPTER 5. RADAR FUNDAMENTALS

5.2 Beam forming and pulsed operation

Radar ("radio detection and ranging" ) systems work by transmitting a radio rn'ave of

certain frequency and listening to echoes from scatterers along the propagation path

of the wa\¡e. To gather information about a certain volume of the atmosphere one has

to use a well-defined sampling volume from which the radar echoes are obtained. To

define the direction of transmission and reception, either antenna dishes or antenna

arrays are used to form a radar beam. By defining the phase differences between

the different antennas of an array, the transmitted radio r,vaves are made to interfere

constructively in the desired direction and destructively otherwise. The polar diagram

for an array of ly' sources at positions x¿ in direction of the wavenumber vector k is

given as

¡/
P.,..r,(k¡ : I t,4¿ exp(-jk*o)l' . Pu,.t",,.,u(k), (b.1)

i:t

where A¿ is the complex amplitude of the electric field at antenna i and P.,,,"n,ru(k) is

the polar diagram for a single antenna. Figure 5.1 shows the one-u'ay polar diagram

for the Universitl' of Adelaide's VHF radar at Buckland Park for a beam pointed at a

zenith angle of 14.5' towards east.

A discrimination of the range is usually achieved using pulsed operation (Figure

5.2). Radar pulses of a certain duration Lt.rr are transmitted at time intervals of the

inter-pulse-period \er (Pulse 1). An echo pulse received a time Tp afler transmission

(Pulse 2) has then traveled over a distance cT¡¿, where c:3. 108ms-1 is the speed of

light. For a mono-static radar, i.e. a ra,da,r with coìocated transrnitting ancl receiving

antennas, this echo can then be attributed to a scatterer at range Ro: cTnl2 from the

radar in the beam direction. Due to the limited bandwidth of the receiving path, the

voltage detected at the receiver at time Tp after transmission is effectively arr average

over a time interval Ltn.. For optimal operation, the receiver bandwidth is matched

to the transmitted pulse so that Lt7, : Lt*, : ¡¡. The echo pulse then contains

information about the range interval from -Bo - cLtl2 to Ro + cLtl2. Usually, the

range resolution is expressed as ArB : cLt12, which corresponds to the full-width
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Figure 5.1: One-way polar diagram for the University of Adelaide's VHF radar at

Buckland Park for a zenith angle of 14.5" east. The polar diagrams for the single

dipoles of the array were assumed to be isotropic. The units of the contours are dB.

half-maximum of the weighting function. If the echoes from distant ranges are strong

enough, range aliasing can occur (Pulse 3). Here the echo pulse is received after

another pulse has been transmitted, and it is not clear to which of the transmitted

pulses the echo belongs. However, as the po\/er of volume-scattered radar echoes has

an inverse square dependence on radar range, the range-aliased echoes are generally

much weaker than the direct ones. A high maximum unaliased range and small height

resolution are desirable for most applications, but, in practice, the choice is limited

by radar parameters like transmitter power and receiving bandwidth. Increasing the

inter-pulse-period TTpp increases the maximum unaliased range

R^,:rry, þ.2)

but it also decreases the average transmitted power

4: *þp,,l rpp
(5.3)
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Figure 5.2: Range-time diagram of pulsed radar operation. See text for details.

where P¿ is the (peak) transmitter po\Mer, and, hence, decreases the maximum range

of usable radar echoes. The height resolution AR of a radar system is limited by

the bandwidth of the (receiving) system and the requirement of sufficient average

transmitted pou'er P¿.

5.3 Scattering and reflection mechanisms

Clear air radar echoes result from refractive index variations in the air with a scale of

Àf 2 along the beam, where ) is the radar wavelength. The waves backscattered from

two scatterers a distance )f 2 apart will have a phase difference of 2r at the receiver

and, thus, interfere constructively. These fluctuations in refractive index are generally

associated with turbulence and small-scale waves or laminar structure.

'l'he refractive index n of air at VHF (30-300 MHz) and UHF (300-3000 MHz)
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frequencies is given by

97

n-7:77.6 (5 4)

where e) p j and T are the partial pressure of water vapour (hPa), atmospheric pressure

(hPa), and absolute temperature (K), respectively, 
^L 

is the number density of free

electrons (--'), and z is the radar frequency (MHz) lGage €1 Balsley,, 1930]. The

first two term express the contributions due to bound electrons through density fluc-

tuations of dry air and water vapour, respectively, whereas the third term gives the

contributions due to the presence of free electrons. Because of the high humidity, the

second term is important mainly in the lower troposphere. The third term is only

important from heights above 50 km, where solar raclialiol leads to a lapid increase

of free electron density with height.

The scattering and reflection mechanisms important in the lower atmosphere can

be characterized by the distances parallel and perpendicular to the radar beam over

which the refractive index fluctuations are correlated within the radar volume.

In the case of turbulent scatter, the correlation lengths perpendicular to the radar

beam are small enough that quadratic phase variations in the scattering integral,

the so-called Fresnel term, can be neglected. For isotropic turbulence, where the

correlation length of refractive index variations is independent of direction, the volume

reflectivity is given by lTatarskii,Ig6Tl

?turb : 038C2^^-113, (5.5)

where the refractive index structure function constant for locally homogeneous and

isotropic inertial range turbulence is given by

,r-'++ßß&-403Y3,

[n(r + A") - "(r)]' - c2,larl2ls (5 6)

For anisotropic turbulence the correlation lengths vary in three dimensions, which

makes the volume reflectivity ?t,r,¡ a function of direction. This leads to a dependency

of returned power on the zenith (and azimuth) angle, an effect called aspect sensitivity.
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If the correlation lengths perpendicular to the radar beam are comparable to the

Fresnel zone radius r¡ : R^12, where Æ is the radar range, the quadratic phase

variations in the scattering integral become importantl. In the atmosphere, this usu-

ally means existence of horizontally coherent layers in the radar volume, which can

occur in hydrostatically stable regions. Fresnel scatter arises if the refractive index

discontinuities are randomly layered in the vertical. If the layers are ordered, or in

thelimitingcaseof asinglelayer, Fresnelor parti,alrefl,ecti,on occurs lGage ü Balsley,

1980]. Both of these mechanisrns show strong aspect sensitivity.

The transition between these mechanisms is very gradual. The main difference

between anisotropic turbulence and Fresnel scatter/reflection is the horizontal scale of

the involved anisotropies: Anisotropic turbulent scatter is concerned with anisotropies

on the scale of the radar wavelength, whereas Fresnel scatter/reflection deals with

structures of the order of a few wavelengths. Larger coherence lengths lead to a more

pronounced aspect sensitivity, and the determination of coherence lengths (using e.g.

spaced antenna methods) or aspect sensitivity (using e.g. beam swinging experiments)

can be used to differentiate between the above mechanisms to a certain degree lHocki,ng

et al., 1989; Hocki,ng et a1.,79901.

5.4 The radar equation

The strength of the received echo as a function of radar parameters and scattering

ct'oss sections is given by the radar equation, which has been formulated for a variety

of situationslTatarslci,i,,Ig6I; Gage U Balsley,1980; Doui,ak ü Zi,rni,c,7984). Here we

will only quote the equations for the two limiting cases in the forthcoming analysis.

For isotropic scattering, the received power for scattering of a radar pulse of length

AÄ at range ,R is given by

n r P¿A"aA,R ^t,: *Tr, (57)

lFor a more mathematical discussion of the importance of the Fresnel term see, for example,
Dou'ialc U Zirnic 11984], chapter 11
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where P¿ is the transmitted power, A" is the effective antenna àrea, cv is the total

efficiency factor of the system, and 4 is the volume reflectivity. As the volume illumi-

nated by the radar increases with the square of the range, the range dependence of

volume scatter is an inverse square law, in contrast to the -R-a dependence of a point

scatterer

For reflection from a single, sharply bounded discontinuity, i.e. Fresnel reflection'

the radar equation is given as

,, - !ftloP, (5 8)
4^2R2"', '

with À the radar wavelength and p the amplitude reflection coefficient.

With the appropriate expressions for' [he volume reflectivity 4 and the amplitude

reflection coefficient p the power of the radar echoes can be readily computed.

5.5 Radar data acquisition and coherent integra-

tion

Figure 5.3 shows a schematic diagram of a radar to illustrate the signal flow (after

Tsud,a [1989]). A radio frequency carrier generated by a stable oscillator (OSC) is

modulated by a pulse shape from the modulator (MOD). After amplification (Tx)

the pulse passes through the transmit/receive switch (T/R) and is radiaterl from the

antenna.

When the transmitted wave encounters refractive index variations of the scale

of Àf 2, a fraction of the pulse is back-scattered to the antenna. The task of the

receiving system of a coherent radar is now to determine the amplitude and phase of

the backscattered wave at the receiving antenna.

On reception, the radar echo received by the antenna passes through the T/R-

switch and is preamplified by a radio frequency-amplifier. The T/R switch is needed

to protect the receiving system from damage caused by the high power during the
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Figure 5.3: Radar schematic diagram, together with signal waveforms, to illustrate
signal flow (after Tsuda [1989]).

transmission. The signal is then down-converted to an intermediate frequency by mix-

ing with a coherent local signal (X). This frequency conversion alleviates the problem

of possible feed back of the amplified signal into previous stages of the receiving system.

The IF signal is further amplified and then demodulated in the quadrature detector

by mixing with a coherent reference signal to yield the in-phase and quadrature com-

ponent of the received signal. The demodulation of the received signal is thus achieved
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in two steps. Instead of mixing the received signal directly with the carrier frequency,

it is first mixed with a local frequency and subsequently with a reference frequency.

Coherency of the involved signals is, therefore, of utmost importance. The in-phase

and quadrature components are 90o phase-shifted versions of each other and can be

interpreted as a complex time series of the electro-magnetic field vector at the receiv-

ing antenna. They are usually converted into a digital signal by an analog-to-digital

converter and further processed by a computer.

The phase of the electro-magnetic field vector at the receiving antenna depends

(for a mono-static radar) on the distance r between antenna and scatterers as

Ó :2kr * const., (5 e)

where k : + is the radar wavenumber. Radial motion of the refractive index irregu-

larities in the scattering volume corresponds to a rate of phase change

(5.10)

in the time series of the in-phase and quadrature components detected by the receiver.

In pulsed operation, the receiver output is sampled once per inter-pulse-period ?¡pp

for each range gate, i.e. the data points in the time series for each range gate are spaced

by Ttpp. The radial velocities of the scatterers, however, are limited to valttes below

about 30 ms-1 for commonly used beam-pointing angles. The phase of the electro-

magnetic field vector, hence, changes very slowly compared to the sampling rateT¡pp

and is almost constant between successive data points. To reduce the data flow rate

one can, therefore, replace several successive data points in the time series of each

ïange gate with their average, without unduly distorting the information contained in

that time series. This technique is called coherent integration and is often performed

by specially designed digital signal averagers.

To understand the effects of coherent integration, .we consider it to be made up of

two separate operations lFarley , 1983; 'Røsú ogi,, 79831:

d(b dr| _ qt^

dt dt

1 Filter the (complex) receiver time series for range gate -R, u(R,t¡), t¡ -- iTree,
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with a running average of duration NT1pp, i.e

k+¡/-1
w@,tn): fi t u(R,t¡), (5. 1 1)

j:k

2. sample w(R,te) at time intervals T : NTtpp.

The eflect of the running average in the frequency domain is to weight the time-

averaged periodogra^ P(/), i.e. the estimate of the power spectrum of u(R,ú¡), with

a frequency window

lry:r I ¡2G(l) : ll t ; exp(i2r f kr, rr)ll
ll k=o lv ll

sin2 (n ¡Trrrlv):;ffi (5 12)

This window is a comb filter with maxima at multiples of IfTTpp. Between any two

maxima there are N - 1 minima with zero weight at multiples of 7f NT7pp. The effect

of the sampling at time intervals T : NTtpp lcads to a ncw Nyquist frcqucncy of

7f27, i.e. the frequencies -lf2Ttpp { Í < ll2Trpp ã"rê aliased into the frequency

window -112T' < Í <712T. The comb filter is illustrated in Figure 5.4 for ly':5.
It is worth noting, that a flat spectrum is left flat by the combined effect of filtering

and aliasing, i.e. white noise is transformed into white noise. The effect on signal

po\ /er, however, depends on the Doppler-shift of the signal leading to a biased spectrum

estimate. While this is generally of minor concern in the estimation of Doppler-

shifts and broadening, it can bias measurements where echo strength is important,

e.g. measurements of aspect sensitivity.

5.6 Data analysis techniques

The first step in data analysis is to extract atmospheric parameters from the (complex)

time series at each range gate. This can be performed in either the time or the

frequency domain lRastogz, 7989; Rastogi, 1990].

Analysis in the frequency domain requires an estimate of the power spectrum of

the atmospheric returns. Let z(t¡r), t* : kT, k : 0...M - 1, be the (complex)
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Figure 5.4: Comb filter (Equation 5.12) for ly' : 5 coherent integrations. The frequen-

cies -If2T¡pp 1 Í < TlzTrpp (dotted lines) are aliased into the frequency window

-rl2T < f <1/27 (shaded).

voltage (after coherent integration) at sample intervals T for a certain range. After

multiplication with a window function w(tk) to minimize spectral leakage, the time

series can be Fourier transformed to obtain

(5.13)

The periodogram

p(Í,) -- 
MrZUì7.ff:) 

(b.14)- 
>Y¡'u(tk)2

is then an estimate of the power spectrum of the atmospheric returns at frequencies

-+<r,:#r'-+'
An idealized periodogram is shown in Figure 5.5. The Doppler-shift / depends on

the radial velocity S of the scatterers in the radar sampling volume via

1 Lt 2rnlc.lff") : 
ñ \ z(t¡)w(t¿) exp(-z -M )

I d(b kdrt:_r - 2"dt-;dt (5. 15)
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Figure 5.5: Idealized periodogram of atmospheric returns illustrating the basic param-
eters.

and its unaliased range is limited by the sampling period T to -fi < f < S. fne

basic quantities that can be derived from the power spectrum are the integrated noise

power 1 Pw ), the noise level P¡¡, the signal power given as the area under the signal

peak, 1 Ps ), the height Ps of the signal peak above the noise level, and the Doppler-

shift /¿ and width A/ of the signal peak. In the case of turbulent scatter, the radar

equation (Equation 5.7) can be used to relate the signal power ( P5 ) to the volume

reflectivity 4 and, hence, turbulence properties of the radar sample volume. From

the Doppler-shift f¡t and the frequency spread A/ one can extract the radial velocity

distribution of the scatterers.

In the time domain, the parameters are extracted from the autocovariance (or

autocorrelation) function given in its discrete form by

1

M-m
M-m-l

R(*) D ,. (t¡)z(t¡*^)
k:0

p(r) exp(-i,ó(r)), (5.16)

where r : mT is the lag, and p(r) and þ(r) arc the amplitude and phase of the

autocovariance function, respectively. Figure 5.6 presents amplitude and phase of an
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Figure 5.6: Amplitude and phase of an idealized autocovariance function. The thick
line represents an interpolation of the amplitude over zero lag.

idealized autocovariance function. The sharp peak at zero lag is due to white noise

in the corresponding time series. The peak occurs only at zerolag as the fluctuations

due to white noise at different times are uncorrelated. Interpolating the amplitude of

the autocovariance function over the zero lag, thus, removes the effects of white noise.

The Wiener-Khinchine theorem states, that for a stationary time series the autoco-

variance function and the periodogram comprise a Fourier transform pair. In that case,

the n-th classical spectral moment Mn and the n-th derivative of the autocovariance

function at zero lag are related through

¡Il2T 1Mn: l_, *Í"P(f)dÍ : ffi*t"l(o). (5.17)

Using the interpolated value ps of the autocovariance function at zero lag2, noise

power, signal power, Doppler-shift and frequency spread can then be obtained using

p(o) - Po

p
0

,E

(P¡¿)

(Ps)

(5.18)

(5.1e)Po

PN

2 This corresponds to a computation of spectral moments using only the signal contributions P ff) -
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t ó(r)
2¡r r (5.20)fo

(5.21)

for r sufficiently small

5.7 Radar measurements of wind

As described above, clear air radar echoes are due to refractive index irregularities

on the scale of 
^12. 

If one applies the Taylor-hypothesis, that these scatterers move

with the mean wind u : (u,a,w), determination of the 3-dimensional wind vector is

possible by measuring the motion of the scatterers.

5.7 .I Doppler techniques

In the Doppler technique a narrow beam is used to measure the radial velocity of the

scatterers in the radar sampling volume. For a beam pointed to an azimuth angle cp

and zenith angle y the radial velocity is given by

u,(p,x): u sin gsiny * u cos çsiny I w cosy. (5.22)

The use of three non-coplanar beam directions results in three equations for u,

which can be solved simultaneously to determine the three-dimensional wind vector

u. As different volumes are probed with the radar for different beam pointing angles,

the additional assumption of a locally horizontally isotropic wind field is necessary.

Tf the contrihrrtion of the vertical velocity w I,o u, is negligible, two beams suffice to

determine the horizontal wind speed.

The use of additional beams, however, increases the accuracy of the wind speed

estimates. In the velocity azimuth display (VAD) technique, the radar beam scans the

azimuth angle ç for a constant zenith angle X. Fourier analysis of u,(g) directly yields

the horizontal wind vector, as well as the vertical velocity from the constant offset. In

the velocity elevation display (VED) technique, on the other hand, the azimuth angle

rp is held constant, while the zenith angle X is varied.

(/.Ð, N z1 Pl')
PoT'
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A possible problem with the Doppler technique is the accurate determination of

the effective beam pointing angle. Due to the aspect sensitivity of the scatterers the

effective polar diagram is the product of the antenna beam pattern with the angular

distribution of aspect sensitivity, which produces an effective beam pointing angle

biased to the zenith lRoettger,7980; Thomas et a1.,79971. Measurements of aspect

sensitivity lHocking et al., 1990] or interferometric radar techniques can be used to

calculate the effective beam pointing angle. It is apparent that the bias decreases for

narrower antenna beams.

Roettger [1984] and Roettger ü Larserz [1990] summarize different arguments for the

choice of zenith angle X. Aspect sensitivity leads to increased returned power for small

zenithangles at the cost of a stronger bias in the effective beam direction. Furthermore,

the volumes probed for different azimuth angles are more closely spaced, and the

range to a given geometric height is less than that for large zenith angles, resulting in

stronger radar echoes. For large zenith angles, on the other hand, the uncertainty in

the estimation of u" decreases, as the signal peak is shifted to larger frequencies /p

without an increase in spectral width A/.3 Large zenith angles, however, require a

rapid sampling rate to avoid aliasing and attenuation by the comb-filter of coherent

integration . Zen\th angles between 7 and 15 degrees are usually considered an effective

compromrse

Extensive comparisons between winds as determined by radar Doppler techniques

and radio sondes lFukao et a1.,7982; Weber Ü Wuertz,7990; May,7993; Th,omas et

at.,79971and aircraft lAngeuine ü MacPherson,,1995] show good agreement within

the joint error ranges of the techniques. Comparisons between the different Doppler

techniques (VAD, VED, and fixed beam) were performed by Kosci,elny et al. 17984].

3This only holds for sufficiently short measurement intervals. Extending the measurement over

too long a time interval, gravity waves will contribute to the width of the signal peak. Due to the

stratification of the atmosphere the fluctuations in horizontal wind speed are much larger than the

ones in vertical wind speed. An increase in zenith angle, therefore, would also increase the contribution

of gravity waves to the spectral width.
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5.7.2 Spaced Antenna techniques

In the spaced antenna method, the diffraction pattern produced by a verticalllr ilt..aud

radar beam scattering off irregularities in the atmosphere is sampled at a number of

spaced receiving antennas. Each of the antennas essentially samples a cross section

of the diffraction pattern. In the presence of a horizontal wind, the fluctuations in

echo strength at the spaced antennas show relative time displacements, from which

the apparent velocity v of the diffraction pattern on the ground can be calculated.

The history of the spaced antenna technique has been reviewed by Briggs [1993], and

the theoretical details are presented in Bri,ggs [19S4]. Here we will only illustrate the

principle of the technique:

Let z(r,E,t) be the complex voltage measured at an antenna at position (r,y) at

the ground at time ¿.4 The correlation function between the voltages received at two

antennas separated by (1,4) at time lag r is then given by

(5.23)

where () denotes average in time and/or space. The basic idea of the full correlation

analysis is to parameterize the correlation function in (€,n,r) space and to interpret

these parameters in terms of atmospheric quantities. Estimation of the parameters is

then performed from the actually measured correlation functions between the spaced

antennas

The simplest case is the case of a correlation function isotropic in space and in-

dependent of time, corresponding to scattering from isotropic irregularities without

mean motion.s The value of the correlation function at a point (€,n,r) then only

depends on €2 + n2,

p(€, rt, r) : p(€' + n\ , (5.24)

and the contour lines ofthe correlation function are concentric circles around the origin

(Figure 5.7 a). Note, that the full correlation analysis only makes assumptions about
aFor simplicity we consider onl¡' en" range gate.
sThe shape of the diffraction pattern is determined by the correlation of the irregularities and the

shape of the radar sampling volume.
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Figure 5.7: Contour plots of the correlation function p(t,q,,r) for different symmetries.

See text for details.
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the symmetry of the correlation function, but not about its functional form, i.e. it only

specifies relations between the arguments {, r¡, and r, but not whether p is Gaussian

in shape or not.

Generalization to anisotropic correlations can be achieved by stretching the con-

tours of p to form ellipses (Figure 5.7 b). Their symmetry can then be expressed

AS

p(t,n,,r): p(A{" + Bn' +2Htn) (5.25)

Even if the irregularities have no mean motion do they evolve randoml;, in time,

which, in turn, leads to a slow change in the diffraction pattern and, therefore, temporal

decorrelation. The simplest way to take this decorrelation into account is to extend

the elliptical contours it ({,4) space to ellipsoids in ({,4, r) space with one axis in the

r direction (Figure 5.7 c). The axis has to be in r direction, as any tilt of the ellipsoid

would move the point of maximum correlation from the origin in thc ({,4) planc and,

thus, would be incompatible with the assumption of no mean motion. This yields

p(t,n,r): p(A('+ Brf I Kr2 +2H{ù, (5.26)

as any terms in (r or 4r would result in a tilt of the ellipsoid. In using Equation 5.26,

however, we inherently assume that the temporal autocorrelation function p(0,0, r) :
p(Kr') is of the same functional form as the spatial correlation function, e.g. that

both are Gaussian shaped.

To finally include horizontal motion of the irregularities we transform Equation 5.26

from a coordinate system (€,n,r) moving with the diffraction pattern to a stationary

coordinate system (t',rl',r') using the transformation

tl
ç

n'

€-v",
n-wr (5.27)

_tt-t

where (V",Vò is the velocity of the observed diflraction pattern. This results in an
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expression of the form

p(t' ,rl' ,r') : p(A('" + Bn'2 I Cr'2 l2F{'r' l2Gr¡'r' r 2H{'r¡'), (5.28)

where the corresponding tilt of the ellipsoids in F igure 5.7d is due to the horizontal

motion of the randomly changing pattern.

Using three antennas at positions (0,0), (€0,0), and (O,tio) one can obtain the

parameters rq1 Tr¡t Tr, Ta, T"a, To.5 determined by

9p(€0,0, '.)OT

9p(0, no,rn)
OT

p(0,0, r,)

p(o,o,rr)

p(0,0,r,0)

p(0,0, 16.5)

0

:0

: P(€0,0,0)

: P(o,40, o)

: P(€0, ry0,0)

: 0.5.

(5.2e)

(5.30)

From this set of equations one can determine A, B, C , F, G, and fI in Equation 5.28,

and then calculate the values of the pattern velocity. Other atmospheric parameters

that can be deduced are summarized by Hocki'ng et al. 17989).

Precursors of the full correlation analysis did not take the random changes of the

pattern into account. This can lead to overestimates in pattern velocity. Let's as-

sume, for simplicity, that the pattern is isotropic without any random changes and

that the antennas are positioned at (0,0), ({0,0), and (0,46). Horizontal movement

of the diffraction pattern then corresponds to a shift of the contours in Figure 5.7a

along the pattern trajectory. The maximum in the cross-correlation functions (solid

line in the left-handside of Figure 5.8) witl occur when the center of the diffraction

pattern and the antenna are on a line perpendicular to the trajectory of the pattern'

From the time lags of maximum cross-correlation the pattern velocity v can be con-

structed as shown in the right-handside of Figure 5.8. If random changes are included,

the temporal decorrelation causes the magnitude of the cross-correlation functions to

decrease in time (dashed line in the left-handside of Figure 5.8). The maximain the
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Figure 5.8: Cross-correlation functions (left) and construction of pattern velocity
(right) for an isotropic correlation function. The solid lines correspond to a pat-
tern without random changes, while random changes are included for the dashed lines.
Neglect of the temporal decorrelation in the construction of the pattern velocity leads
to an overestimate.

cross-correlation functions, therefore, occur at smaller time lags, which, if the same

construction technique is applied, leads to an overestimate in pattern velocity(dashed

line in the right-handside of Figure 5.8). This velocity is called apparent velocity in

the full correlation analysis.

Bri,ggs [1984] gives a number of rejection criteria to be employed in practical imple-

mentations of the full correlation analysis, and May [19881 discusses statistical errors

in the wind estimates made with the spaced antenna technique. An advantage of this

technique compared to Doppler methods is the fact that only a single sampling volume

is used to measure the wind velocities. The use of a vertical beam also makes use of

the aspect sensitivity of the scatterers. Furthermore, one can use a smaller antenna

array, as the requirements for the beam diameter are far less stringent than for the

Doppler technique. The spacing of the receiving antennas, however, is important, as

this determines at what spatial lags { and r¡ lhe correlation function can be sampled.

Generally, the antenna spacing should be comparable to the size of the diffraction

patterns. Variations of scatterer correlation scales in altitude and time can mean that
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the (usually fixed) antenna spacing is less than optimal for certain time and height

rânges. For VHF work in the troposphere and lower stratosphere, a pattern scale of

about 50 m seems typical lVincent et al., 1987i VanBaelen et al., 1990].

Spaced antenna winds compare well with other techniques like rocket lVi'ncent

et al., lg77), meteor drlft lCeruera U Rei,d, 1995], radio sonde lVi'ncent U Roettger,

1980], and Doppler measurements lRei,d, 19SS]. Uncompensated receiver noise and

inappropriate sampling rates, however, can lead to underestimates in the observed

wind speedslíold,sworth Ø Rei,d,1995a; Holdsworth Ü Rei,d,1995ó].
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Chapter 6

Signal processing algorithms

The radar experiments describcd in this thcsis were performed with the University of

Adelaide's VHF radar at Buckland Park (35"S, 138'E). The radar is located close to

the flight paths of a busy airport (Parafield Airport) resulting in a high frequency of

airplane echoes in the raw data series. To be able to analyze the contaminated time

series for atmospheric signals, these clutter contaminations have to be removed. An

algorithm to remove clutter identified by its intermittency in the radar time series is

described in Section 6.1.

While analysis routines for the Full Correlation Analysis were implemented at

the Buckland Park radar, the existing analysis routines for Doppler Beam Swinging

experiments were not suitable for our purposes, as they did not yield satisfactory

height coverage. Therefore, a new algorithm for Doppler experiments was developed

during the course of this thesis, which is introduced in Section 6'2.

6.1 An algorithm for intermittent clutter removal

Radar signals are often contaminated by intermittent clutter, like airplane echoes

(possibly from the antenna sidelobes) or interference.l

In this section, we describe the development of a method to remove intermittent

1At VHF the echoes from birds or insects are usually much weaker than atmospheric echoes, and

hardly constitute a problem.
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clutter from the radar time series to enable estimation of the frequently much weaker

atmospheric signal. The method relies on the intermittency of the clutter signal, i.e.

\rye assume that the atmospheric signal is present at all times, while the clutter appears

only for a certain time fraction in the data record.

In the time domain, one method would be to bin the data record into several

intervals of length AT and to compute the signal variance within each bin. The

variance of the bins, which contain clutter, will exceed the variance of bins containing

only the atmospheric signal. Using a threshold or some other criteria, those bins

can be flagged as outliers and their data set to zero or replaced with random noise.

Unfortunately, not only the clutter, but also the atmospheric signal in those bins will

be lost. In the case of weak atmospheric returns, this reduction in signal strength can

make detection of the signal impossible.

In the frequency domain, on the other hand, an algorithm might look for multiple

peaks in the periodogram. Those peaks which are identified as clutter by certain

criteria such as Doppler-shift, width, or power could then be flagged and the respective

frequency ranges notched out. Often, however, such an identification is impossible, as

airplanes moving through sidelobes of the antenna pattern might show power returns

similar to atmospheric echoes (in the main lobe), and clutter signals are frequently

attenuated and aliased by coherent integration. Even if identification as clutter can

be achieved, contributions to the atmospheric signal in the flagged frequency range

would be filtered out as well, leading to a loss in detected signal po\Mer as before.

Tt is also possihle to combine the two methocls by computing perioclograms (in-

stead of variances) for each bin of the time series [Merri,tt, 1995]. According to our

assumption, peaks due to atmospheric returns appear in the periodograms of all bins,

while the clutter signal, due to its intermittency, only appears in some. The frequency

ranges occupied by clutter peaks are then only filtered in those bins, where clutter

really appears. Consequently, contributions of the atmospheric returns in these fre-

quency ranges are only filtered out in those bins which contain clutter, but are kept

in all other bins. Renormalization of these frequency ranges leads to a fair estimate of
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the atmospheric echoes.

It is not a priori clear, however, what bin width AT one should choose. If one

computes periodograms of neighbouring bins for small bin widths LT, it, becomes

evident, that the amplitudes of peaks at high frequencies can change much quicker

between adjacent bins than the amplitudes of low frequency peaks; Low frequency

signals cannot be as well localizedin time as high frequency signals. In other words,

the amplitude a(ú) of a signal a(t) exp(i.uf) has to change much slower than its phase for

it to have a well defined frequency ø. When looking at low frequencies, it is, therefore,

preferable to increase the bin width LT at the gain of a decreased frequency resolution

Aø of the periodograms. Instead of calculating periodograms for each bin for all the

different bin widths, it is easier to apply atr efficient implementation of a discrete

transform using a so-called harmonic wavelet lNewland,1993]. The harmonic wavelet

transform of Newland [1993] bins the Nyquist range of a complex data series of length

¡/T, ¡/ - 2k, and spacing T into frequency bands 0'.. + fr and +(# L*r),

j : L..k - 1. As the power within each frequency range can only change within a

certain time scale, the complex amplitudes in the j-th frequency bin are calculated for

bin widths A?o : l/? and LTj : fif , resulting in a tiling of frequency-time-space

as indicated in Figure 6.1. The lr/ complex amplitude coefficients are independent of

each other2 and the transform can be inverted to reconstruct the data series without

any loss of information.

The method is applied as follows. First, the complex time series z(t) of the receiver

voltage for a certain range gate is wavelet transformed using the implementation de-

scribed by Newland [1993]. Then the modulus of the complex amplitude coefficients is

calculated separately for each frequency range. Coefficients which are identified to be

due to clutter (see below) are set to zero, and the remaining amplitudes are renormal-

ized to correct for the incorrect removal of signal power within that frequency range;

if, say, m of n complex amplitude coefficients in a certain frequency range have been

set to zero, then the remaining amplitudes are multiplied bV {7,-^ Application of

2The wavelet transform is orthogonal.
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Figure 6.1: Tiling of the time-frequency space as resulting from the wavelet transform,
here shown for a data series of length 16?. Each tile corresponds to one complex
amplitude coefficient. As the modulus of a quickly oscillating signal can change quicker
than the modulus of a slowly oscillating signal, the (complex) amplitude of the high
frequency components has to be calculated more often.
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the inverse transform yields the cleaned complex time series.

We performed the identification and removal of amplitude coefficients influenced

by clutter in an iterative way. Median and standard deviation of the modulus of all

the amplitude coefficients within a frequency range are calculated. Those coefficients,

whose modulus exceed the median by more than a given multiple of the standard

deviation are set to zero. This process is repeated until no coefficient exceeds the

threshold. Then the renormalization is applied to the remaining coefficients. Note that

the calculation of the standard deviation is only meaningful for a sufficient number

of coefficients. Therefore, this method works best for the higher frequency ranges

where more amplitude coefficients are available. For less than four coefÊcients the

method cannot be applied, rendering it ineffective for the removal of low frequency

contaminations like ground clutter.

How well can we expect this wavelet algorithm to work and what are its advantages

over removal of airplane clutter in the time- or frequency domain? If the atmospheric

and the airplane echo occur in different frequency ranges (of the wavelet transform),

the algorithm can readily identify and remove the intermittent airplane echo. In

contrast to the time domain method, no part of the atmospheric signal will be lost.

The advantage over the frequency domain method is the easy identification of the

clutter signal through its intermittency. On the other hand, if the atmospheric and the

airplane echo occur in the same frequency range, the algorithm is basically equivalent

to the time domain method. For sufficiently different signal amplitudes, as usually is

the case, the intermittent signal can be identified and the corresponding part of the

time series discarded. That is, even if only one peak occurs in the periodogram, the

effect of the intermittent signal can be removed and an estimate of the atmospheric

echo can still be obtained. For signal amplitudes that are too similar, however, the

intermittency of the clutter signal cannot be recognized in the wavelet domain. The

periodogram, on the other hand, due to its better frequency resolution, might be able

to resolve two separate peaks, and a distinction between signal and clutter peak might

still be possible in the frequency domain.
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To evaluate the effectiveness of the algorithm computer simulations were per-

forrned. Time series of atmospheric returns \/ere generated following Zrni,c 17975]. Zr-

nic's method assumes Rayleigh-distributed envelopes and uniformly distributed phases

of both weather echo and noise. To generate a time series of length mT with spacing

7, the desired signal spectrum S(r*), with ø¿ : (k - T)#, lc :0...m, - 1, has to

be defined. In our simulations, we used a Gaussian specified by its peak amplitude,

width, and Doppler-shift. The noise level N was defined in terms of the signal-to-noise

ratio

^sNÊ : + ïlsrr*l (6 1)
-N ?u" 

\*Kt'

A realization of a periodogram is then given bv

P(r*): -(,9(ø¿) -F l/)lnX¿, (6 2)

where X¡ is a, sequence of uniformly distributed random numbers in [0,1]. The in-

phase and quadrature components can be obtained by inverse Fourier transform of

P(r*) exp(zO¿), with O¡ uniformly distributed in l0,2rl

As a clutter signal we use the echo of a hard target, e.g. an airplane, flying

through the radar beam or an antenna sidelobe. The electro-magnetic field vector at

the receiving antenna located at the origin is given by

E(¿) : A(r(t)) exp(i,!r(t)), (6 3)

where r(t) is the position of the hard target, À the radar wavelength, and A(r) the

two-way polar diagram for a certain range gate. For each point in the radar data

record the position of the airplane is updated and phase and amplitude of the receiver

voltage are calculated.

Figure 6.2 shows time series and periodograms3 for simulated atmospheric echoes

(Gaussian with peak of 20 units at 30 rad s-l with FWHM of 3 rad s-l at a SNR

of 0.5) with and without airplane clutter together with the cleaned data record. A

threshold of three standard deviations was used in the wavelet algorithm. Although
3The periodograms were smoothed over 8 adjacent frequency bins to reduce the scatter
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atmospheric and airplane echoes appear in the same frequency range, a good estimate

of the atmospheric echo can be obtained from the contaminated time series after

processlng

Figure 6.3 shows histograms of estimated Doppler shift, integrated signal power'

and spectral width for 1000 time series of atmospheric returns using the same param-

eters as above, except for a SNR of 5. The solid lines indicate the probability density

function of the parameters obtained via a Gaussian fit to the periodogram of the atmo-

spheric echo alone. The dashed line represents the probability density functions after

wavelet processing the same time series with the airplane echo superimposed. The

uncertainty in the estimates for the atmospheric echo alone is due to the uncertainty

inherent in the periodogram estimates. While the probability densiLy functions of

the parameters after wavelet processing are slightly broacler than those of the original

time series, the bias seems negligible. Note, however, that the estimates would be

worse for clutter amplitudes more similar to the atmospheric echo amplitudes, when

a distinction between clutter and atmospheric signal is not as easy'

Another, rather heuristic, approach to remove clutter from radar signals using the

wavelet transform was appliedby Jordan et al. [1997]. Their method basically works

by simply clipping the wavelet coefficients in the first half of the wavelet transform

(describing the low frequency part of the signal) to a certain threshold value which

is determined by the magnitude of the largest coefficient in the second half of the

wavelet transform (corresponding to the high frequency part of the signal). While the

authors claim reasonable results even for the removal of ground clutter, our simulations

applying their algorithm were not very satisfactory. We, therefore, believe that the

detection of intermittency of the clutter signal is the essential part of our algorithm'

Very recently, a method was proposed by Bo'i,sse et al. 17999] that restricts the

calculation of wavelet coefficients for computational reasons to two frequencies only.

Airplane clutter is then identified by wavelet coefficents exceeding a certain threshold

determined from preceeding radar time series. By replacing the contaminated parts of

the time series detected airplane clutter can be removed. The threshold determination
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of Boi,sse et al. 11999], however, is not frequency dependent. Intermittent air plane

clutter with an amplitude comparable to the atmospheric echo cannot, therefore, be

removed by their algorithm, in contrast to our algorithm introduced above. Concerning

the computational efficiency, we believe that the use of an efficient algorithm for the

wavelet transform can render the algorithm much faster and make the restriction to

two frequencies unnecessary.

6.2 Development of a DBS algorithm

In Figure 5.5 we showed a highly idealized periodogram of atmospheric returns to

introduce the basic parameters. In realit¡,, however, one often deals with radar returns

that contain clutter, due to objects in antenna sidelobes, for example, and interference.

Furthermore, the noise in the periodogram usually shows a large variance ofu around

its mean P¡¡, which can make detection of the signal peak rather difficult. A more

realistic spectrum is shown in Figure 6.4. Any present clutter and interference have

to be removed before an estimation of atmospheric parameters is attempted. In this

section we describe an algorithm to estimate atmospheric parameters from realistic

time series in the frequency domain.

6.2.L Signal-to-noise ratio vs. detectability, coherent and in-

coherent averages

An often used parameter to characterize the usability of periodograms is the (apparent)

signal-to-noise ratio defined as the ratio of integrated signal to integrated noise power

s¡/R:::"ì (64)(P¡¿)

The signal-to-noise ratio by itself, however, does not say much about the confidence

u'ith which a signal can be detected in the periodogram. A better parameter is the

ratio of the maximum height of the signal peak to the standard deviation of the noise,
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the so-called detectability lGage U Balsley,1978]

d
Pg

(6.5)
o¡¡

It indicates hou, deep the signal peak is buried in the fi,uctuati'ons of the noise level.

Coherent integration decreases the integrated noise power { P¡¿ ) by a reduction

of the Nyquist range, but leaves the average noise power P¡¡ constant and decreases

the noise variance ø¡¿ only insignificantly.a The Sl/,R is, therefore, increased without

any (significant) improvement in the detectability d. The main purpose of coherent

integration is, therefore, the reduction of data flow rates'

The detectability d can be increased by averaging over adjacent frequency bins of

the periodogram or by averaging successive periodograms. The latter process is called

incoherent averaging. The improvement in d can be derived with some assumptions

about the statistical properties of the noise.

Let X be a random variable with mean þ : 0 and variance 02 : 1 and a Gaussian

aDue to the aliasing inherent in the coherent integration, the value of the periodogram at a certain

frequency bin is an average over the corresponding aliased frequency bins weighted by the comb-filter.

As the weight of the aliased frequency bins is very small, however, the variance of the periodogram

estimate is only insignificantly decreased.
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probability density function

pd,f 6): +exp(-x2lz).t/2tr 
(6'6)

If a new random variable Y is formed by summation of the square of M independent

realizations of X, i.e.

l-:xi+x3+...+x2M, (67)

then )' has a X2-distribution with 171 degrees of freedom

ff ¡ 2ltvr I z-t exp(-\' I 2)pdfo-):ffi' (6.8)

with mean lt: AtI and variance 02:2A,[,where f0 is the gammafunction.

Assuming that the in-phase and quadrature voltages corresponding to the noise

are Gaussian distributed, then the periodogram estimates for a given frequency bin

obey a ¡2-distribution with 2 degrees of freedom and ø¡¿ - Py. Averaging over NI

periodograms or ,VI adjacent frequency bins results in 2M degrees of freedom and a

decreased oN :P; lt/ M lWetch,1967l. It is important to note, that the noise variance

does not depend on the length of the time series used to form a single periodogram,

but only on the number of averaged frequency bins. The use of longer time series only

affects the frequency resolution of the periodogram. If one assumes a Gaussian signal

peak the signal-to-noise ratio and the detectability are related through

SI/.R: ,/îT Lr
JM) (6,e)

where A/ is the width of the signal peak and T Lhe sample spacing after coherent

integration.

6.2.2 Objective determination of the noise level

The relatiorì d¡¡ - P; lt/ M between the standard deviation of the noise estimate and

its mean value has been used by Hi,ldebrand I Sekhonllg74l to develop an algorithm

for the objective determination of noise levels in periodograms. The algorithm works by

sorting the N frequency bins of a periodogram according to their magnitude. Starting



6.2. DEVELOPMENT OF A DBS ALGORITHM 727

with r¿: 1 it then calculates the variance o(n) and mean ¡,t(n) of the r¿ frequency bins

with the smallest power estimates. The value of n is successively increased, as long

as ø(n,) < p,(n)lJM, where M is the number of incoherent averages applied for the

computation of the periodogram. The power in the resulting n, frequency bins is then

assumed to be due to noise only, with a mean noise power Pw - p(rz) and a standard

deviation oN: ø(n). An example is given in Figure 6.5.

6.2.9 Statistical averaging method to remove intermittent clut-

ter

Merritt [1995] applied the same principle to reject intermittent clutter contributions

from periodograms before they are incoherently averaged. He divided the time series

into M segments of equal length and calculated the periodogram for each segment.

Assuming that the poweï estimates for atmospheric signals and noise for a given fre-

quency bin (as a function of time) are ¡2-distributed with two degrees of freedom (one

each for the in-phase and quadrature component), only the lowest m 1 M estimates

whose standard deviation ø(rn) is smaller than their mean p,(m) arc considered to

be due to atmospheric returns. The remaining M - m are attributed to clutter or

interference and set to zero. After the algorithm is applied to each frequency bin,

the cleaned periodograms are averaged. The resulting average is then treated as an

incoherent average over M periodograms. The statistical averaging method (SAM) is

illustrated in Figure 6.6:

Figure 6.6a shows M : 32 periodograms with 64 frequency bins each. The atmo-

spheric signal and two intermittent clutter peaks are clearly visible. The detection

of intermittent clutter is presented in Figure 6.6b for the twelfth frequency bin: The

power estimates as a function of time (top) are sorted according to their magnitude

(middle) and the standard deviation ø(m) (dashed line) and the mean ¡;(rn) (solid

line) of the m smallest power estimates is calculated (bottom). A. the stanclard devi-

ation exceeds the mean for m > 28, only the 28 smallest power estimates are accepted
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as âtmospheric returns (thick line in top diagram). Figure 6.6c shows the 32 peri-

odograms after all 64 frequency bins have been cleaned. The average of the cleaned

periodograms (dotted line) is finally presented in Figure 6.6d (thick line).
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See text for details
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6.2.4 The DBS algorithm

In the DBS algorithm developed for the radar work in this thesis we take all -L time

series for a given beam pointing angle and range bin within a certain time window, usu-

ally one hour, and divide each of them into M segments of equal length. The number

M of segments per time series is chosen according to the desired frequency resolution.

Each of the AI .-L time series segments is detrended with a low-order polynomial to

remove the effects of ground clutter lMay ü Strauch, 1998], then the periodograms

are calculated and averaged using the statistical averaging method described above.

At the cost of a coarser time resolution we, thus, obtain incoherently averaged peri-

odograms which a much increased detectability compared to the periodograms of a

single time series. This increased detectability adds several kilometers to the height

range of usable radar echoes, While the noise in the radar time series is basically in-

dependent of the radar range -R, the signal power for volume scatter decreases as R-2,

ìeading to a decrease in detectability with height. Furthermore, due to the statistical

test performed on the power estimates within each frequency bin, any intermittent

clutter will be removed. Depending on the beam pointing angle narrow regions of the

averaged periodogram corresponding to (remaining) ground or sea clutter can then

be notched out and interpolated over using a cubic spline. Finally, the mean noise

level P¡¿ and its standard deviation o¡¡ ã,rê determined using the Hildebrand ü Sekhon

11974) algorithm, and a Gaussian is fitted to the averaged periodogram minus the mean

noise level. As initial guesses for the signal power Ps and the Doppler shift /¡ we use

position and height of the maximum of the averaged periodogram, while the width A/
is guessed using a constant. The method is repeated for all available beam pointing

angles and range gates and the time window shifted 30 minutes.

To ensure the quality of the fitted parameters only records with a detectability

d > 3 are accepted. Furthermore, consistency checks of the parameters in height and

time and, if available, with the opposite beam direction are performed. This was done

manually for data sets presented in this thesis, but an automatisation of this procedure
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using, for example, a fitzzy logic algorithm along the lines of Cornman et al. [1998]

would be preferable for more extensive observation periods. If any corrections are

applicable, the averaged periodograms are refitted using the corrected parameters as

initial guesses. The quality controlled parameters are then a reliable estimate for the

chosen averaging period of one hour.

Subsequently, the length of the time window can be decreased, if required even

down to a single segment, and the quality controlled parameters used to form initial

guesses for the Gaussian fits. The resulting fit is only accepted if the deviations from

the initial guess are sufficiently small and the detectability d larger than a certain

threshold d" chosen according to the application.

This algorithm is much preferable to more commonly applicd methods where the

parameters are estimated from a single time series only and then consensus averaged

over a longer period. It leads to a better height coverage, quasi-automatic removal of

intermittent clutter, and more confidence in the obtained parameters.

We do not use the wavelet algorithm for intermittent clutter removal here, as

the applied statistical averaging method by Merri,tt [1995] already performs this task.

Within our chosen time interval of one hour, we get a sufficient number of periodograms

with adequate frequency resolution for this method to work well. The gained increase

in time resolution for larger frequencies when the wavelet algorithm was applied would,

therefore, not justify the computational effort.
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Chapter 7

fürbulence theory

7.L Basic turbulence theorY

In this section Kolmogorov theory of inertial range turbulence lTatarskü,,7961; Batch-

elor, L9531 is briefly discussed, as necessary for the understanding of the turbulence

work in this thesis.

It is useful to view turbulent motion as a collection of vortices or eddies that cascade

energy from large scales to smaller and smaller scales until it is finally dissipa,tecl as heat

by viscous forces. Kolmogorov's theory of inertial range turbulence is valid at those

intermediate scales, where the effects of viscosity and buoyancy forces are negligible

and where the energy is simply cascaded to smaller scales without being dissipated

or created. The two limiting scales are the inner scale lo and the buoyancy or outer

scale.L6. The flow rate of kinetic energy is constant throughout the inertial range and

equals the rate with which the energy is dissipated at the smallest scales. It is known

as the (kinetic) energy dissipation rate e. The Kolmogorov microscale 4 is the scale

where the viscous dissipation rate equals the energy transfer rate e and can be derived

by dimensional analysis ITatarsk'i,i,, 1961]: If an eddy of scale I has a cha,ra,cteristic

velocity u¿, then we can define a time scale for energy transfer associated with eddies

of that scale as r¿: llu¿. The energy transfer rate at that scale (and all other scales

withintheinertialrange)isthengivenas€:ulfr¿:ufll'Theheatdissipationin
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the viscous range is given by e : uY2v : uuLll2 for an eddy of scale l. Equating the

two expressions for e at a scale 4 yields

I
4

(7 1)

The Kolmogorov microscale 4 is u'ell within the viscous range as the effect of viscosity

at this scale is substantial. For temperature fluctuations in air, for example, Hill ü

Cli,fford [1978] derived lo:7.4n. On the other end of the spectrum, the inertial

range is lirnitecl to scales less than the buoyanc), scale Ln by the emission of gravity

waves generated by vertically fluctuating air parcels. For scales larger than .L6 the

resulting gravity waves are undamped and can extract a substantial part of the kinetic

energy from the turbulent motion. An expression for the buoyancy scale was derived

by Wei,n,stock lI97Sl for stably stratified flows as

LB x 10c112 N-312 , (7 2)

where l/ is the buoyancy frequency

7.L.L Structure functions and spectrum of the turbulent ve-

locity field

To describe the turbulent motion in a statistical manner, one usually decomposes

atmospheric parameters into their slowly varying mean and fluctuations. The charac-

teristics of these fluctuations, however, can depend considerably on what is considered

as mean and what as perturbation. To avoid this difficulty, in turbulence theory one

often uses structure functions instead of correlation functions. The structure tensor of

a velocity field v(r) in 3-dimensional space is defined as

D ¿n(, t, t z) : lro (rt ) - ui(r 2)][r* ("r ) - u k(r 2)1, (7 3)

where the overbar denotes average. The velocit), field is called locally homogeneous

in a region G if its structure tensor only depends on rt - tz for all tt, t2 in G, it is

called locally isotropic in G, if its structure tensor depends on llrl - rrll only, for all

u3

€
n
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tL, t2 in G. The structure tensor of a locally homogeneous velocity field can also be

expressed in terms of the spectral tensor Q¿¿(k) as

r*oo
D¿t (r) : 2 J_* [1 - cos(kr)]Õck(k)d3k . (7'4)

The total velocity variance is then given by

æ: l** [or,(k) r Qzz(k) + o33(k)]d3k (7 5)

In the case of a locally isotropic velocity field, the symmetry of an isotropic second-

order tensor requires

D¿n(r) : lD,,(r) - D¡(r)]nonr I Dn6¿n, (7 6)

where D* and D¿¿ are the longitudinal and transversal structure functions, respec-

tively, ô¿¡ is the Kronecker delta, and n¿ is the component of the unit vector in di-

rection of r. For velocities u small compared to the velocity of sound, the fluid can

be regarded as incompressible, i.e. Vv : 0. The tensot D¿n, therefore, has to obey

W :0, which Yields

Du(r) : +# (r'n,,çr¡) (T.T)

For the spectral velocity tensor the same conditions yield

Õ,¡(k) : EJ\çr'õij 
- kikj). (7 8)

4'ir K' '

In his theory of inertial range turbulence, Kolmogorov assumed that eddies of a

sufficiently small scale are no longer influenced by the spatial geometry of the fluid

flow but can be considered as isotropic. For distances r large compared to the inner

scale lo and small compared to the outer scale Ls, the structure function Drr(r) is

then only a function of r and e . Dimensional arguments require

D,,(r): C(")'lt (7'9)

4

3

and, using Equation 7.7,

D"(r) CQr)213 (7.10)
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Using this and Equations 7.4, 7.6 and 7.8 we obtain

E(k) -- 0.067 ce2/3¡-rt/s

CHAPTER 7. TURBULENCE THEORY

(7.11)

From measurements in the atmosphere it is known that C :2.0 lKaimal et al.,19721.

7.L.2 Structure function of a passive tracer in a turbulent flow

Often one is not interested in the turbulent velocity field itself, but in the effects the

turbulent motion has on passive tracers within the medium.l In the case of radar

studies, for example, the backscattered power depends on the refractive index fluc-

tuations within the radar sampling volume. Relations between the refractive index

irregularities and turbulence parameters can) therefore, be used to infer turbulence

characteristics from the backscattered power.

Let {(r) be the concentration of such a passive tracer. The evolution of the field

((r) is determined by the effects of turbulent mixing on the one hand and molecular

diffusion on the other hand. Picture { : {*{' as having a gradient in z-direction. Tur-

bulent mixing leads to an exchange of air parcels from different heights and, therefore,

produces fluctuations {/2. In analogy to molecular diffusion, the rate of production

of these inhomogeneities is often written as Kg (f)' , where 116 is the so-called eddy

diffusion coefficient for (. Placing a parcel from one height to another height leads to

very large local gradients in {' at the parcel boundaries. Molecular diffusion then acts

to smooth out these local gradients. The rate at which the fluctuations are smoothed

out is given by D(#)" with D the molecular diffusion coefficient. The production

and leveling out of the fluctuations in {, therefore, happen on very different scales.

In the stationary case, both processes balance each other and the rate with which

inhomogeneities are produced or leveled out is

(7.12)€€: D(5)2 : Ke(#)'

1A passive tracer is a conservative additive that does not affect the dynamical regime of turbulence.
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r37

The structure function for { is given by

De (rr, ,r) : [€(t') - €(tr)]'. (7.13)

For sufficiently small eddies in the inertial range, we can assume that {(r) is locally

isotropic and that the structure function depends only on " 
: lltt - trll, e and e6.

Dimensional arguments then require

Dt?) : C?r'l' : *r'ß (7 '14)

with a a dimensionless constant constant, usually taken às a2 :2.8lVanZandt et al.,

1978]. For an horizontally homogeneous shear flow in a stably stratified atmosphere,

the ratio between the production of mean square fluctuations in { and the production

of turbulent kinetic energy can be written as lOttersten,Ig6gl

€,c

€ ñ*(t - Rt) K^(E)' (1 - Ër)
(7.15)

K¿

where z is the mean background wind, KE and K^ are the eddy diffusion coefficients

for { and momentum, respectively, and

R " - 
Kh Ri : Kh lL (2.16)rll: K*t"- K*7Ñ

\dz )

is the flux Richardson number with K¿ the eddy diffusion coefficient for heat. The

factor (i - Ã¡) in the denominator of Equation 7.15 is due to the fact that not all of

the energy extracted from the shear flow is converted to turbulent kinetic energy, but

part of it is converted into potential energy due to the stratification of the atmosphere.

Using Equations 7.I4,7.75 and 7.16 the structure function constant Cl can be expressed

(#)'

(7.77)

7.2 Thrbulence measurements by radar

Different techniques have been used in the past to measure atmospheric turbulence

parameters in-situ. Two large projects, TOPCAT lRei,ter Ü Burns,1966] a,nd HICAT

c?:a2e2ßT+]EW
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lLi,lly et al., 79741, were designed in the 1960s to study clear-air turbulence with

aircraft in the tropo- and stratosphere, respectivel),. By recording velocity fluctuations

along the flight path of an instrumentecl aircraft the dissipation rate can be inferred

from properties of the velocity spectrum or fluctuations in the vertical velocity field

[Chen,I974]. The evolution of smoke prtrs lKellogg,7956l and vapour trails released

from rockets f&oper,, 1996] has also been studied using high resolution photographs.

The growth or diffusion rate of the trail provides information about the strength of

local eddies. Another possibility are high-resolution balloon measurements of velocity

and temperature lBarat,7982; Barat €j Berti,n,7984a; Luce et a1.,1,9971which allorv

calculation of spectra or direct measurement of the structure function constant.

Radars offer an alternative means to monitor turbulence in the atmosphere, with a

greatly improved time resolution compared to in-situ methods. Radars are susceptible

to refractive index irregularities on the scale of half the radar wavelength. Therefore,

radar echoes contain information about the density (returned power) and velocity

distribution (spectral width) of refractive index irregularities of that scale within the

radar sampling volume. In the following sections we will describe two methods to

deduce turbulence parameters from these two quantities.

7.2.I Power method

In the power method the power returned by the scatterers in the radar sampling

volume is related to the average energy dissipation rate within that volume. Using the

backscattering cross section for isotropic turbulence lTatarski¿, 196ll

o-scat - 0.0065514/3c2^ tl3 (7.18)

the average refractive index structure function Clcan be expressed as a function of the

power P" received by the radar and the radar parameters asfHocki,ng,\985; Hockr,ng

€1 Mu,79971

c¿: aa.+--!!!lt'-, (7.1e)
PtA".t teae72L,r'
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u/here P¿ is the transmitted (peak) power, A"¡¡ the effective antenna ãÍÊà, €¡¿ and e7

the receiver and transmitter efficiencies, À the radar wavelength, r the radar range,

and Ar the range resolution (HWHM). To ensure that the received power is due to

isotropic turbulence and not contaminated by Fresnel scatter or reflection, a zenith

angle of more than about 10" has to be used for the radar beam lHobbs,1998]. The

required knowledge of P, in absolute units makes a calibration of the radar system

necessary. Assuming that a fraction F of the radar sampling volume is filled with

turbulent layers of (equal) energy dissipation rate e, the measured average refractive

index structure function Cl and the average energy dissipation rate within the radar

sampling volume, e, can be expressed as

C3 : FC'"

€ : Fr,, (7.20)

where Cl and e are the local refractive index structure constant and energy dissipation

rate, respectively, for the turbulent layers that are present. Substituting Equations

7.20 into Equation 7.17 yields

e
77-Rr Kn 4N"

312

R¡ Kn F1l3 M2
(7.21)

where

M
ðn ðO 0n0qr--
0Ø02' AqA,

-77.6 .r0
_op ôlnO

(7.22)Tõz

is the potential refractive index gradient2 with potential temperature O and specific

humidity q. The term in brackets) X, accounts for contributions due to humidity

2Equation 7.17 relates the energy dissipation rate to the structure function constant of a passive,

conservative scalar. The refractive index n(p,q,O), however, is not conserved when a parcel is moved

adiabatically, as the parcel assumes the pressure of its environment. Equation 7.17 can still be

applied, if one takes into account that the displacement of a parcel over a vertical distance Az leads

tã a change in refractive index of Ln: MAz instead of Ân : #Lr.

1+1ry('-;4)
X
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gradients. Equation 7 .21 is only applicable for M + 0, i.e. if the potential temperature

O or the specific humidity q vary with altitude in the height range considered. If

potential temperature and specific humidity are constant with height, turbulent mixing

does not lead to refractive index variations and cannot, therefore, be detected with

the radar.

Power Method

M
background
profile

M2

turbulent mixi ng generates i nhomogeneities

a¡ scale ),, 12 if M2 <> 0

€ 2

n
C

Radar measures

C2 =F'C2nn

Estimates of turbulent
volume fraction F t =(rci N2

FV3

3t2

M,)

Figure 7.1: Illustration of the power method: Turbulence, characterized by e, acts
on the background potential refractive index gradient resulting in refractive index
irregularities (Cj) which can be detected by the radar. The power returned from
turbulent layers in the radar sampling volume can be converted into Cl. Estimates
of the turbulent volunìe fi'action f- then allow Lhe compuLaliot of äl äver'ä,ge eilergy
dissipation rate.
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Figure 7.2: Illustration of non-turbulent contributions to the spectral width in radar

Doppler spcctra.

7.2.2 Spectral width method

The spectral width of radar returns contains information about the root mean square

velocity of scatterers in the radar sampling volume and can be used to deduce turbu-

Ience parameters lSriuastaua U Atlas,7974; Fri,sch ü Clifford,L974; Fri,sch U Strauch,

Ig76; Sato €j woodman,7982a; Hocki,ng,7985; Doui,ak Ü zi,rni,c,1984]. Broadening

due to non-turbulent processes, however, has to be taken into account before any

conclusions about the strength of the turbulence can be drawn. As turbulent and

non-turbulent processes are assumed to be independent Gaussian processes, the total

velocity variance is given by the sum of the turbulent and non-turbulent variances:

o?otut: o?urt I o|o.,tu,b (7.23)

The relevant non-turbulent processes have been discussed by Sloss Ü Atlas [1968],

Atlas et ø/. [1969], Hocki,ng [i983], and Murphy et al. 17994], for example, and are

illustrated in Figure 7.2:

Beam broadening is an effect caused by the finite width of the radar beam. Due

to the finite range of zenith angles between scatterers in the radar volume and the

receiving antenna the radial velocity of the scatterers will vary even if the horizontal
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Figure 7.3: Geometry of the radar beam for the computation of non-turbulent contri-
butions to spectral broadening.

wind speed is uniform. Shear broadening, on the other hand, is due to the finite range

window over which radar returns are obtained. Variations of the wind speed with

height can lead to variations of radial velocity within a range gate. If the wind field

and the geometry of the radar sampling volume are known, however, one can correct

for these eflects as shown below. A third effect is due to temporal variations of the

wind field as caused by gravity waves, for example. Hoclci,ng [198S]and Nastrom ü

Eaton [1997] derived formulas to correct for this wave broadening if the parameters

of the gravity wave are known. In practice, however, the best strategy is to keep the

time series short to minimize temporal fluctuations of the background wind velocity.

7.2.2.L Estimation of non-turbulent contributions to the spectral width

due to the radar beam geometry

The non-turbulent contributions due to the radar beam geometry can be calculated

by integrating over the non-turbulent motion of the scatterers in the radar sampling

volume. Since the density distribution of the scatterers is not known one has to

make some assumption. Here we apply the commonly used assumption of uniform

distribution of the scatterers throughout the sampling volume.

In a first step we compute the spectral broadening due to the mean background
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velocity as measured by the radar. Following Nastrom [1997] we use a radar beam

tilted a zenith angle o in E-direction. The other angles are as designated as in Figure

7.3. The angles are related via

cos-t (cos / cos û - sin / cos X sin a)ó'

X,
1tan '

(7.24)

(7.25)

and the radial velocity is given by

u,ua(r,Ó' ,x) : u(r cos /')cos x'sin /' + u(r cos /')sin y' sins'' 3 '26)

The mean radial velocity for the range gate centered at A¡ can then be computed as

u.ua(Ao) : I * ?, ô)u,u¿(r, ó, x)r' sin sdrd,þdy
(7.27)

W (r, þ)r2 sin þdrdþdyI
where

,, 1 ( ,1,' rr - Ro)'z) 
(7.28)Vl'(r, þ) : i .*o 

[- 
tn ,Tó, - t"z\ 6f )

is the two-way polar diagram for the ra,nge gate at Ro with beam width A/ and range

window Ar (HWHM). The mean square radial velocity u2,ua(Ro) can be obtained by

replacing uru¿ in the integral by ulu¿, allowing the calculation of the velocity variance

sought

ø;".-(Ão) : r2,ua(Ro) - o?,¿(Eo) 3.29)

This velocity variance is the non-turbulent contribution to the spectral width of the

radar echo due to the background wind field at scales larger than the radar resolution.

7.2.2.2 Estimation of the turbulent contribution to the spectral width

The turbulent contribution to the spectral width is obtained by integrating over tlte

turbulent motion of radar scatterers in the radar sampling volume. As the radar is

only susceptible to refractive index irregularities of the scale Àf 2, only motions on a

scale equal or greater to this have to be integrated. This assumes that eddies of a scale

smaller than À12 do not influence the motion of eddies of a larger scale. The integration
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has to be performed up to the largest scales of the inertial spectrum within the radar

sampling volume. If a sufficiently narrow beam along the (arbitrarily directed) z-axis

is assumed3, the variance due to turbulent motions can be expressed as[sri,uastaua €j

Atlas, 1974; Fri,sch ü Cli,fford, 7974l

o?,*,:
lir"l,l-^,""o"(k) (r - ¡¡r1r')ll') a't' (7.30)

(7 31)

where F (k) is the Fourier transform of the two-way beam illumination function at the

considered range gate. I'or an isotropic Kolmogorov spectrum

Q""(k) -- ,-#)"#
with

E (k) : 0.7655C e2 13 k-5 I 3 (7.32)

and C :2.0 (cf. Equations 7.8 and 7.11).

For narrow beamwidth radars with good height resolution the integration in Equa-

tion 7.30 is limited by the beam dimensions and approximately independent of Ls.

The energy dissipation rate e can then be computed directly from the turbulent vari-

ance oflro and the dimensions of the radar sampling volume, without any further

knowledge about other atmospheric quantities fFri,sclt €4 Cli,fford,7974].

For radars with coarse height resolution, on the other hand, the integration is

limited by the buoyancy length L6 rather than the beam dimensions. Using an ex-

pression for L6 as derived by Wei,nstock [7978] for stably stratified flows (Equation

7.2) and replacing the upper integration boundary in Equation 7.30 by infinity we

obtain lUocking, 1986]

e : o.49o2ru,oN. (7.33)

The method, therefore, requires additional knowledge about the buoyancy frequency

l/ at the time of measurement and is only valid for stably stratified regions of the

3If the beam is sufficiently narrorv,!' the radial velocity of all scatterers within the sampling volume
is approximately parallel to the beam pointing direction,i.e. Q". can be used to calculate the radial
velocity variance.
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atmosphere. A graphical illustration of the spectral width method is given in Figure

7.4.

From the treatment above it becomes clear, that the spectral width method inher-

ently assumes a uniform distribution of scatterers throughout the radar sampling vol-

ume. While this assumption might be approximately valid for high resolution radars,

it is probably violated for radars with a coarse height resolution of 1 km or more. If a

dominant layer exists in the sampling volume, then the shear broadening effect will be

overestimated and the turbulent velocity variance underestimated. Furthermore, the

turbulent velocity variance will correspond to the dominating layer only.

745
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Spectral Width Method

u o

ononor¡

N

€,=049c2 N
turb

I
6

I
t
I

*

Figure 7.4: Graphical illustration of the spectral width method (for a radar with coarse

height resolution): The radar measures zonal (z) and meridionâ,I (u) wind speeds and
velocity variance (ø2) as a function of height. The non-turbulent contributions to the
velocity variance are due to beam and shear broadening effects and can be estimated
if the beam geometry is known. The remaining variance is attributed to inertial range
turbulence in the radar sampling volume. Using estimates for the outer scale .L3 from
simultaneous measurements of the buoyancy frequency I/ the corresponding energy
dissipation rate can be computed.
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7.2.3 In-situ observations of turbulence and consequences for

radar measurements

Both the power and the spectral width method require sufficient refractive index irreg-

ularities in a turbulent layer to be able to detect it. These irregularities are generated

by mixing of air parcels from different height levels. If the potential refractive index of

the air is constant over a certain height range, the turbulent mixing will not yield any

irregularities in refractive index and the height range is invisible to the radar. This

situation can occur just below the tropopause, where the potential refractive index

gradient often vanishes. Turbulent mixing itself, on the other hand, tends to even

out any differences in potential refractive index within the turbulent layer. The radar

can, therefore, often only detect the boundaries of a well-developed turbulence layer.

This is evident from modeling studies lsykes U Lewellen, 1982] and radar lBrown-

i,ng €J Watlci,ns,1970] and in-situ observationslBarat Ü Berti,n,t984b; Berti'n et al.,

1gg7]. Berti,n et at. 17997] performed high-resolution balloon soundings of the strato-

sphere and directly measured turbulent velocity and temperature fluctuations within

7 turbulent layers. Their observations show that the potential temperature gradient

is strongly eroded by turbulent mixing within fully developed turbulent layers. This

results in a refractive index structure constant Cl Lhat is strongly reduced within the

Iayer and exhibits maxima on its boundaries, while the turbulent velocity structure

constant, CT : Ce2le in our terminology, is approximately constant throughout the

layer and decreases at its boundaries. The erosion of the potential temperature gra-

dient, furthermore, leads to significant variations of the gradient Richardson number

rR¿ within the turbulent layer. Berti,n et al. 1L997] , therefore, suggest that the flux

Richardson number A¡, which stayed within the range of about 0.15. . . .3 throughout

the observed turbulent layers, should be used instead of the gradient Richardson num-

ber Ri, to monitor turbulence activity within turbulent layers. They conclude that

application of Equation 7.77 with rB¡ :0.25leads to a good agreement between the
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kinetic energy dissipation rates e deduced from measurements of Cþ and Cl, respec-

tively, when the turbulent layer is resolved with sufficient height resolution. In spite of

the erosion of the potential temperature gradient by turbulence, the extraction of the

energy dissipation rate e from measurements of Cl is, therefore, still feasible at heights

where the turbulent activity is observable by radars, i.e. at the layer boundaries. In

the case of the spectral width method, the erosion of the temperature gradient leads

to a non-uniform distribution of scatterers in the turbulent layer, and the inferred

energy dissipation rate is again not an average over the layer but corresponds to the

boundaries only.



Chapter I

Measurements of wind and

turbulence

Having introduced the necessary background theory in Chapters 5 to 7, we now can

apply the radar technique to measurements of wind and turbulence during a campaign

in August 1998. The campaign was initiated to study refractive index turbulence

in a jet stream region and was performed in collaboration with the US Air Force,

Airborne Research Australia 1, and the Atmospheric Physics group at the University of

Adelaide. During the campaign simultaneous measurements of turbulence parameters

were undertaken using an high-altitude aircraft, thermosondes, and the University of

Adelaide's VHF radar at Buckland Park. In this chapter r'¡/e compare the wind and

turbulence measurements as obtained by the radar and the thermosondes and apply

gravity wave theory to explore the relationship between the observed turbulence layers

and the observed gravity wave field.

laffiliated with Flinders University, Adelaide

t49
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8.1 Instrumentation and data processing

8.1.1 The Buckland Park VHF radar

The Buckland Park VHF radar operates at a frequency of 54.7 MHz r¡'ith 32 kW

peak power. The antenna system consists of two orthogonal coaxial-collinear (CoCo)

antenna arrays [Balsley ü Ecklund,1972; Judasz et a1.,1987], as shown in Figure 8.1.

The original East-West array features 32 CoCo rows of 48 half-wave dipoles aligned in

north-south direction. The array is split into two groups of 16 rows to accommodate

the transmitter caravan between them. The later installed North-South array has 32

CoCo rows of 22 half-wave dipoles each on either side of the caravan. The rows, which

are separated by À12 and raised Àf 4 above ground, are center fed from the transmitter

caravan. A ground plane consisting of individual copper wires spaced Àf 12 apart in

both directions improves the efficiency of the array. The beam steering capability of

the system is achieved by inserting phase delay cables between the transmitter and

the antenna rows. The CoCo arrays are used for both transmission and reception in

Doppler mode. In spaced antenna mode, it is also possible to receive on three sets of

16 Yagi antennas each situated to the west of the CoCo arrays.

During the campaign the radar was used in a five beam Doppler beam steering

configuration with parameters as given in Table 8.1. The raw data was analyzed using

the DBS algorithm described in Chapter 6, where each single time series was divided

into 3 segments and hourly averages were calculated for each full and half hour of the

day. For transmission on the vertical beam, the radar echoes received with the three

Yagi groups were also analyzed using the Full Correlation Analysis.

8.1.1.1 Radar calibration

In order to relate the returned power P, to the average refractive index structure

function C|,ruau, in the radar sampling volume, the radar system has to be calibrated.

This can be achieved by injecting a signal of known power into the receiving path or

by comparison with other instruments.
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Figure 8.1: The Buckland Park VHF radar site (after Hobbs 11998]).



14.5" N,S,E,W
4096 s-r
256
56.25 s

1200-19200 m
1000 m
(500 m oversampled)
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beam
PRF
coh. integrations
dwell time
sampling ranges
range resolution

vertical
4096 s-
512
50s
1200-19200 m
1000 m
(500 m oversampled)

Table 8.1: Radar configuration during the turbulence campaign.

To calibrate the digitized output at the receivers to absolute power levels at the

antenna output a noise signal of known temperatur€ Zroi." was fed into the antenna

preamplifier and the signal units at the receiver output were recorded after coherent

integration. Due to the finite bandwidth A/ of the receiving path only the noise power

within that bandwidth,

Pnoise,in:kgTrroi".A,f, (8.1)

with ks the Boltzmann constant, affects the signal level at the receiver output. This

is given by

S2.roir",ont : ly'92P.roi.",in, (8.2)

where l/ is the number of coherent integrations and g the voltage amplification factor

of the receiving path. From a linear fit of the signal level at the receiver output

as a function of noise temperature the voltage amplification factor g can be readily

obtained. The power of a (coherent) signal present at the preamplifier input can then

be deduced from the signal level at the receiver output as

s2 signal outI)r signal ,i. N2g2 
j (8 3)

where the number of coherent integrations .ôy' appears squared due to the coherency

of the signal. Figure 8.2 shows the obtained calibration curve for the receiver. The

receiver characteristics are well approximated by a linear fit over the range of available

noise temperatures up to 12000 K.

A full calibration of the radar also requires knowledge about the antenna efficiency
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Figure 8.2: Calibration curve (solid) and linear fit (dashed) for the receiver used in

the turbulence measurements. The receiver characteristics are approximately linear

over the whole accessible noise temperature range.

e. For a nominal transmitter po\4/er of P7, only a fraction eP7 wlll actually be ra-

diated into the atmosphere. Similarly, only a fraction ePn will be received at the

antenna output, for an incident power of P¡7. The efficiency of the Buckland Park

East-\Mest array was deduced by D. Neudegg in 1987 by comparison with a reference

Yagi antenna. Assuming an efficiency of 100% for the Yagi antenna, he obtained an

efficiency of 37% for the East-West array. Comparison of signal levels for atmospheric

measurements between the East-West and North-South arrays during our campaign

would then indicate an efficiency of 52% for the North-South array. These values seem

rather large compared to other CoCo array efficiencies reported in the literature [,,I2-

d,asz et a1.,79871, and are probably due to an efficiency of less than 100% for the used

Yagi reference antenna.

An alternative method is to calibrate the radar system by comparison of the C|,,rua^,

obtained from the hourly averaged po\Mer spectra using Equation 7.19 with the Cfr,,o,,0"
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values. We restricted ourselves to measurements above a height of 7.5 km rn'here humid-

ity is negligible to avoid differences between radar and thermosonde measurements due

to differences in humidity at the radar and sonde locations. The calibration revealed

that the use of antenna efficiencies of 37% and 5270 for the East-West and North-South

array, respectively, leads to overestimates of C|.,,^¿u,.of 55%. We, therefore, adjusted

the antenna efficiencies to 240/o and 34% for the East-West and l{orth-South array,

respectively. This adjustment also takes other system losses and uncertainties in the

actual transmitter power into account.

8.1.2 Thermosondes

The thermosonde is attached to a standard radiosonde package and measures fine

scale temperature differences across a fixed horizontal distance of 1m. This signal

is then filtered and averaged to compute a running ternperature stluctule function,

where a time constant of 3.75 seconds is used. The structure function is sampled every

1.2 seconds by a spare channel of the radiosonde and relayed to the ground station

together with the temperature, pressure, humidity and 'wind data from the standard

radiosonde. To avoid perturbations of the measurements by the wake of the balloon

the instrumentation gondola is attached to the balloon using a line of 100 m length

[Jumper et a1.,1999].

The running average of the differential temperature measurements LT aL a distance

of 1 m directly yields the potential temperature structure function constant C"" :
(LT'). This can be converted Lo C2* by

10 -øP (8 4)
712

with the humidity correction ¡ as defined in Equation 7.22.

The radar and thermosonde data are obtained with different altitude resolutions

of some 20 m and 1 km, respectively.2 To allow a comparison and combination of

2The thermosonde time constant of 3.75 s together with an assumed l¡alloon ascent rate of 5 rn/s
results in an average height resolution of about 20m.

r2
x) c2o'cr,: (zz.a
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the two data sets the thermosonde data was convolved with the radar resolution. We

used a triangular window of the same width as the radar pulse as convolution kernel

and reject ed 5% of the lowest and highest values within the kernel range to allow for

outliers. The convolution was performed on profiles of u,, u, €, C3, M2, and 1y'2, i.e.

the profiles were computed using high resolution data and then smoothed to obtain

profiles of u, u, E,sonder C7,,"o,'d,", M2, and -1y'2, respectively'

Three thermosondes were launched daily after sunset for six consecutive days at

Gawler (34 37'S, 138" 44'E). Figure 8.3 shows amap of the region around the radar

site together with the thermosonde trajectories for the six campaign days. Crosses

along the trajectories mark 5 km height intervals up to 20 km'

26 08

2508 :

24 0a

21 08

14020

23 0a

34 40

-34 80i

Gu tf, oJ
St Vinceó[

E

o

20 kø

139 40
J5

r37 80 138 60

Figure 8.3: Map of the region around the radar site together with the thermosonde

trajectories. Crosses along the trajectories mark 5 km height intervals.
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8.2 \Mind measurements

To evaluate the performance of the DBS algorithm introduced in Section 6.2, the radar

winds obtained with this algorithm were compared with the wind measurements by

the thermosondes, convolved with the radar resolution as described above. A sliding

height window was used in the data comparison. The radar winds correspond to

an hourly average around the time, when the respective sonde passed through the

corresponding radar range gate. Figure 8.4 shows a scatter plot of wind measurements

obtained by thermosonde and Doppler radar for the 17 sondes launched at Gawler

between 21.8.98 and 26.8.98. The radar height coverage was up to 18 km. Taking the

horizontal distance between raclar ancl thermosonde of sometimes more than 100 km

into account, the two techniques are found to agree very well.

For completeness, we also present a comparison between the thermosonde winds

and winds obtained by the Full Correlation Analysis of radar echoes received on the

three Yagi groups. Here, single time series were analyzed and the obtained wind values

were averaged over one hour. The corresponding scatter plots are given in Figure 8.5.

The number of data points is strongly reduced, as the radar returns covered heights

less than 10 km only.
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Figure 8.4: Comparison of wind measurements obtained by radiosondes launched at

Gawler with hourly averaged Doppler radar measurements performed at Buckland
Park, 30 km west of Gawler. The dotted lines correspond to y - r. A total of 77

sonde flights were analyzed.
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Gowler thermosonde vs. Bucklcnd Pork FCA
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Figure 8.5: Same as Figure 8.4, but for FCA radar measurements
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8.3 Turbulence measurements

The power and spectral width methods have been used in many radar studies to

infer turbulence parameters in the lower and middle atmosphere lFri'sch Ü Strauch,

7976; Crane, 1980; weinstock, 1981; Hocki,ng,1988 Fukao et a1.,7994; cohn, L995;

Hocki,ng Ü Mu, 7997; Nastrom Ü Eaton, 1997; Gossard, 7998; Hooper €7 Thomas,

7998; Pepter et a1.,1998; Hermawan U Tsuda, 1999]. Due to the lack of colocated

in-situ observations, however, the validity of the radar measurements can often only

be justified by the right order of magnitude of the derived turbulence parameters or

by agreement with similar observations. While a few direct comparisons of VHF radar

echoes with direct balloon estimates exist lEaton et a1.,1988; Luce et al., 7996; Luce

et a\.,,79971,, further case studies are needed'

8.3.1 Comparison of the average refractive index structure

function constant Cl

\Me applied Equation 7.79 to convert Pr, the po\/er back-scattered from the radar

sampling volume, to the average refractive index structure function constant C|.,,uau,

within that volume. Table 8.2 lists the relevant radar parameters for the Buckland

Park radar used in Equation 7.19. C2n.,r^du, was calculated for each of the four oblique

beams from the hourly averaged DBS data set closest to the sounding time, and then

averaged over the four beam directions. In the comparison between thermosonde and

radar measurements we had to restrict ourselves to measurements above a height of 7 .5

km where humidity is negligible to avoid differences between radar and thermosonde

measurements due to differences in humidity at the radar and sonde locations. The

Ieft diagram in Figure 8.6 shows a histogram of t"* ffffi for measurements above 7.5

km. Data from all six campaign days were used. A Gaussian fit to the data (dashed

line) shows that this ratio is approximately log-normal distributed with a standard

deviation o :0.27, i.e. 95 Ta of Cfl,,udar are within a factor of 3.3 CT,,ro,'a". A scatter

plot of C|.,,u¿u, versa C|,on¿" for the same data is presented in the bottom diagram.
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)
Pt
A"f t
€T, €R (east-west)
€T,e R (north-south)
A,r

5.545 m
32 kW
8700 m2

.24

.34

500 m

Table 8.2: Radar parameters of the Buckland Park radar for use in Equation 7.19

Figure 8.7 illustrates the importance of incoherent averaging especially for larger

radar ranges. The thin and thick lines correspond to 4,"o.,¿. andef,uoar, obtained

from hourly averaged periodograms, respectively. The squares indicate C3.,ruau, values

as determined from single periodograms of all one minute raciar tilre series within

one hour around the sonde launch. When no incoherent averaging was performed,

only signals with relatively high power \ryere accepted in the analysis, leading to a

bias toward large C|.,,udu, values. This is evident at heights above around 10 km. By

incoherently averaging over all available power spectra within one hour, on the other

hand, the detectability of signals is strongly increased. In our case, C|,ruou. values up

to an order of magnitude less than without incoherent averaging can be detected with

confidence. The height range of usable radar returns can, therefore, be increased by

around 8 km. This increase in height range is gained at the cost of a reduced time

resolution. Due to the large distances between the radar and sondes, and the scatter

of the 4,,,^d.u, values from periodograms of one-minute time series, however, we believe

that a better time resolution would lead to a deterioration in the comparison between

the techniques.

Considering the, at times, rather large separation between sondes and radar and

the variability of C|,,,udu, in time, as evident from Figure 8.7, the two methods are

found to agree well. Note, that while we calibrated the radar using the thermosonde

data, this calibration only leads to a shift of the distribution in the left diagram of

Figure 8.6 of 0.2 units, but does not change its width. It is the width, however, that

reveals the good correlation between the two methods.
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8.3.2 Comparison of the average energy dissipation rate e us-

ing the po\Mer method

Once the average refractive index structure function constant Cfr is known, one can try

to deduce the average energy dissipation rate e if information about the background

atmosphere is available. Due to the nonlinear relationship between e and C2n,however,

the volume fraction F of turbulent layers in the radar sampling volume appears in

Equation 7.21. We will use f' as a fitting parameter to achieve agreement betu'een

e¡¿¿¿1 âtid Eso.,de and, subsequently, compare the obtained value with estimates of the

turbulent volume fraction from the high resolution thermosonde data.

The energy dissipation rate for the thermosonde is calculated from high resolution

values of N2, NI2 and Cl'ona. as (trquation 7.27 with .F : 1)

3 C2n,"ona"N2
312

€sonde : (8 5)2.9 a,[2

and, subsequently, convolved with the radar resolution to yield Eso,'de. For the radar,

M2 and 1y'2 are first convolved with the radar resolution, and the resulting profiles of

M2 and 1y'2 are then used to calculate

.)
t) ,rudurN2

312

€radar :
2.8 F|13M2

(8 6)
ez

Note, that the use of # r, much less sensitive to layers with M2 = 0 than (#)

In addition to the humidity effects mentioned above, we have to restrict ourselves

to measurements above 7.5 km as our choice or R¡ :0'25 in Equation 7'27 assumes

a stably stratified background atmosphere. Application of this formula to statically

unstable regions of the atmosphere might lead to erroneous results. Figure 8.8 shows a

histogram of log ffi una a scatter plot of the corresponding data. The ratio of e."¿.,

to E.or,¿. has a standard deviation or:0.42, i.e. 95 Ta of eru¿u, are within a factor 6.5

of €ro,,¿", and is approximately log-normal distributed. A factor F : 0.2I had to be

chosen in order to center the distribution at zeto.

It is interesting to note that the choice of a constant F \eads to a standard devi-

ation o,:0.42 that is only marginally larger lhan loç, : 0.40, a minimum value to
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be expected from the (Cl)312 dependence of e . The physical meaning of the parameter

F is the volume fraction of turbulent layers in the radar sampling volume, where all

turbulent layers are assumed to have the same energy dissipation rate e. The avail-

ability of high resolution thermosonde data enables us to estimate this volume fraction

directly from in-situ observations. Due to spurious fluctuations of small wavelength in

the wind data from the thermosondes, however, a direct calculation of the Richardson

number -rRz is not feasible at a height resolution of 20 m. But the criterion Ri, < 0.25 for

turbulent layers is not always fulfilled in observations anyway lBerti,n et a\.,1997], and

a more reliable criterion is the energy dissipation rate e itself. We calculated profiles of

€s6,,¿s ând €s6,r¿s âccording to Equation 8.5 and identified layers fbr which csonde ) Esonde

as turbulent layers. The resulting average profile (solid line) with standard deviation

(dashed lines) is given in Figure 8.9. The choice of f. : 0.21 (dotted line) underes-

timates the obtained average turbulent volume fraction slightly, especially for larger

heights. Note, however, that the assumption of equal energy dissipation rate for all

layers within the radar sampling volume, which led to Equation 7.2I, might not be

fulfilled due to the existence of dominant layers. This would lead to an effective f. to

be used in Equation 7.27 that is smaller than the average turbulent volume fraction

as determined by the above criterion. As e.u¿u. is only weakly dependent on -F as

E,ada. ( I¡-112, however, (small) errors in the estimation of -F will not affect the e.u¿u.

estimates drastically.
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8.3.3 Estimation of the energy dissipation rate e using the

spectral width method

The comparison of the energy dissipation rate e as obtained by the thermosonde and

the spectral width method is complicated by the coarse height resolution of the Buck-

Iand Park radar. As the inertial range of turbulence is restricted to scales less than

the radar sampling volume, the integral for the turbulent contribution to the spectral

variance, Equation 7.30, depends on the buoyancy scale .Ls. EquationT.2 provides an

estimate for Le from accessible atmospheric parameters, but it is only valid for stably

stratified flows. Application of the spectral width method to the lower troposphere,

where statically unstable layers with l/2 < 0 dominâte, cän, thereftrre, lead Lo enu-

neous estimates of e . \Me encountered a similar restriction for the power method, where

our choice of R¡ : 0.25 assumed a statically stable atmosphere. In the latter case,

however, we were able to use power estimates from spectra which were incoherently

averaged over an hour and could, therefore, achieve a height coverage of usable radar

returns of up to 18 km. In the spectral width method, we have to keep the measure-

ment interval as short as possible (around 1 min), as the change in background wind

speed over a longer time interval would lead to a significant broadening of the spectral

width (gravity wave broadening) and an overestimation of e. Hence, we only achieve a

height coverage of around 10 km. The coarse height resolution, furthermore, yields a

large possible contribution from gravity waves on scales less than the radar resolution,

so that only layers of intense turbulence can be identified by this method.

Due to the difficulties mentioned above, we only give results for a single day of the

campaign, the 25.8.1998. Figure 8.10 shows contour plots of the zonal and meridional

wind velocity as functions of time and height. The wind field was calculated using the

DBS algorithm introduced above. Some missing data points above 15 km were linearl¡'

interpolated over using surrounding data points in time and height. The jet stream

at a height of around 8 km is clearly visible, with the wind direction changing from

eastwards to northwards at around 0800 UTC. The resulting vertical shear at the radar
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resolution is shown in the top contour plot of Figure 8.11. Shear values of more than 18

lrlms-' km-' were reached just below the tropospheric jet. The bottom diagram shows

the turbulent velocity variance corrected for shear and beam broadening. Single time

series of about one minute duration have been used to estimate the spectral width to

avoid gravity wave broadening. Only signals with a detectability d > 5 were accepted

to ensure meaningful spectral width estimates. Comparison of the diagrams reveals a

clear correlation between regions of high wind shear and high velocity variance. While

we went through great effort to correct for effects of finite beam geometry by numerical

integration of the wind field over the radar sampling volume, deviations from our

assumption of uniform scatterer distribution within the sampling volume could lead

to errors in the variance estimates, especially in regions of large shear. Figure 8.12,

finally, gives a comparison of the energy dissipation rates as obtained with the different

techniques for the launches at 0830 UTC and 1143 UTC. The energy dissipation rate

from the spectral r¡'idth method (dashed line) was obtained by averaging the results of

Equation 7.33 over one hour centered around the launch time. The values for the other

methods were obtained as described before. The energy dissipation rate determined

from the spectral width method shows distinctive peaks at around 6Io 7 km and, for

the later launch, at around 10 km, coinciding with heights of increased turbulence as

observed with the other two methods. The spectral width method is expected to yield

the energy dissipation rate of the layers with the largest Cl in the radar sampling

volume, lvhich corresponds to the rnost turbulent layers if l/2 and M2 are assumed

constant over one radar range gate. Quantitatively, the spectral width peaks agree

approximately with the largest peaks of the high resolution thermosonde profile at

these radar range gates. The background value of the spectral width profile, on the

other hand, might not be due to turbulent motion but could be dominated by spatial

gravity wave fluctuations with vertical scales smaller than the radar height resolution.

The existence of simultaneous radio sonde measurements with a vertical resolution

of some 20 meters allows us to test this hvpothesis. The gravity wave contributions to
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measurements of spectral width can be approximated as (cf. Equation 7.30)

o'o-: Io'.'"' (r - ¡¡r'i-)ll') (rn1-)sin2a +Ð-(m)ro"'*)d,^, (87)

rvhere Dn(^) and I,., (m) arc, respectively, the variance spectra of horizontal and

vertical wind fluctuations, a is the zenith angle of the beam.

F(*)-exp ('+#) (88)

is the Fourier transform of the two-way beam illumination function for the vertical

direction, and LB the buoyanc), length or outer scale, i.e. the vertical scale where the

variance of the u,ind fluctuations is mainly due to buoyancy \l¡aves.

As only the horizontal rvind fluctuations can be reliably obtained from radio sondc

soundings, values for the vertical wind variance have to be estimated using gravity wave

theory. Fri,tts Ü VanZand¿ [1993] provide a parameterization of gravity wave variance

spectra sepalable in intrinsic frequency ô and vertical wavenumber Tn. The ratio of

lrorizontal to vertical variance at arbitrary wavenumber m can, thus, be obtained by

integration of the two variance spectra over the allowed intrinsic frequency range as

a
FmÐn 1,. û-slz 1+ (* 1- dù

2

dô

(8 e)Ð-(*)
t,

¡¿

ûs-sls
'- (*)

2

where / is the inertial frequency and I/ the buoyancy frequency. Figure 8.13 shows a

contour plot of this ratio as a function of buoyancy frequency and latitude. Typical

values for the buoyancy frequency are 0.01 rad s-1 in the troposphere and 0.02 rad

s-1 in the stratosphere.

The variance spectrum Ð¡(m) for horizontal wind fluctuations was obtained by

Fourier transforming the horizontal wind from a radio sonde launch using a Hamming

windou' over the height range from 1 to 9 km. Using a ratio of horizontal to vertical

wind variance of 60, corresponding to the troposphere at the latitude of Adelaide, a

height resolution Ar of 500 m (HWHM), and a zenith angle a : L4.5" , thc contribution

of gravity \vaves to the spectral width was calculated as a function of the buoyancy
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Iength ,L6 using Equation 8.7 (Figure S.14). For a typical buoyancy length of 200

mfWei,nstock,7978] the variance due to gravity waves in the radar sampling volume

is around 0.27 m2s-2, equivalent to an energy dissipation rate of around 1g-a -2.-3

when Equation 7.33 is applied with ,n/ : 0.01 rad s-1. This agrees approximately with

the background value for e as obtained from the spectral width method (Figure 8.12).
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8.3.4 Relation between turbulence layers and gravity wave

field

8.3.4.1 T\rrbulent volume fraction

Usually no direct information about the turbulent volume fraction is available and

it has to be estimated from accessible atmospheric parameters. A frequently applied

model to estimate the volume fraction F from low-resolution vertical profiles of wind

shear and buoyancy frequency was developed by VanZandt et al. [1978]. The authors

superimposed small-scale fluctuations of a certain variance on the measured wind

shear, and considered layers where the resulting Richardson number was less than

0.25 as Lurbulell. Theil model, however, neglects small-scale fluctuations in buoyancy

frequency and is not concerned with the physical origin of the small-scale fluctttations.

Physically somewhat more insightful models were proposed by Bretherton 17969b]

and Hi,nes lfOOf ø], which relate the small-scale fluctuations to gravity wave activity.

After an explanation of the basic principle behind these models, we will extend them

to more realistic situations and compare them with our data.

The basic hypothesis of the models is that the observed fluctuations result from

a spectrum of freely propagating, non-interacting gravity waves, superimposed on a

background atmosphere slowly varying with height lHi,nes, 19914]. The buoyancy

frequency can then be expressed as

--, o" + o', Ø, -f Ø'"
ll u-:----------- ru u--------=--O+O' " O

: t; (t. #) - ry'o' g + z), (8 10)

where overline and prime indicate background and perturbation values, respectively, a

subscribed z denotes vertical derivative, and Ä16 is the background buoyancy frequency.

The vertical wind shears, nondimensionalized via division by ÄIe, are

'lt, -Y- "

^Io't)-\.'
' - ¡,/n

(8.11)

(s.12)



plane Z = -l

176 CHAPTER 8. TVIEASUREMENTS OF WIND A¡üD TURBULÐNCE

paraboloid

z= (f +f )/+-t

Figure 8.15: Illustration of statically and dynamically unstable regions in (X,Y,Z)
space (after Hines [1991a]). Points within the paraboloid are stable, points between
the paraboloid and the plane Z : -1. are dynamically unstable, and points below the
plane Z : -7 are statically unstable.

and the gradient Richardson number is given by

*n:ffi--#, (s13)

For Z ( -1, Ri <0 and static instabilityoccurs. For -1 < Z < tF - 1, on the

other hanrì, 0 <. R.i, < Il4, and the atmosphere is dynamically rrnstable. The regions

of static and dynamic instability in (X, Y, Z) space are illustrated in Figure 8.15.

If the fluctuations in wind shear and buoyancy frequency are due to gravity waves,

then X, Y, and Z arc related via the gravity wave polarization equations. In the case

of a single monochromatic wave one obtains the instability criteria as described in

Hodges Jr. 179671 and Frttts ü Rastogi, [1935]. Bretherton [1969ó] and Hi,nes [19914],

on the other hand, assumed a superposition of many independent waves. It is, then,

possible to invoke the central limit theorem and treat X ,I', and Z as random variables

Z
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with a Gaussian probability distribution, i.e.

Px(x)dx : å;"*reëff)ax, (8.14)

and equivalent for Y and Z. Xo and ys are the nondimensionalized vertical shears in

background wind and Zs: 0. The vector (X,Y, Z) for the case of a single monochro-

matic gravity wave is then replaced by a probability density function P(X,Y,Z) --

Px(X)Py(Y)Pz(Z), corresponding to a probability cloud in Figure 8.15, and the prob-

abilities for static and dynamic instabilities are given by

P.t
¡-\

J_,_Pz(Z)dZ

0.5[1 - "rrlj-¡1,V ¿oz
(8.15)

and

pdy.,: [* o, [* on [s't4-\ dzpx(x)p"(y)pz(z), (8.16)'' J-- J _rn J -t
where 52 : X2 + )r2 is the total nondimensionalized vertical wind shear.

The variances in X, Y, and Z are related through the gravity wave polariza-

tion relations and assumptions about dominant propagation directions. Applying

o? : oT + o? : o2r, corcesponding to waves with / << ô < Ä16, and neglecting

background wind shear, Hines [tOOtø] could also derive an analytic expression for

P¿r,, for an isotropic wave field. Because of the frequently observed preponderance

of low-frequency waves lVi,ncent, 7984; Sato, 7994; Nastrom et al., 7997), however,

we believe that the assumption of such a hydrostatic wave regime is not adequate

for our purpose. We, therefore, extended the model formulationof Hi,nes [19914] to

accommodate the whole range of possible frequencies / < ô < ¡/. Using the spectral

parameterization of Fri,tts U VanZandú [1993] as described in Section 2.9.2, we can

express the wind shear variance spectra of a gravity wave field as

,'s(*,û,Ó) : r'*(*,,),Ó) +'?(^,'),Ó) : #ur*,u,Ó)õ+1' (8'17)
lvo-

Linearizing the adiabatic gas equation (Equation 2.5) yields

oi l.iu' z (s.1s)
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and, therefore,
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(8.1e)
O: Tn

Z:j:---'ll)'(-)- u

The variance spectrum of Z can, thus, be expressed in terms of the spectral variance

of vertical perturbation velocity,

,'r(*,úr,ó):*u.r*,ù,ó):#u@,a,ó)õ-. (8.20)
ù¿ 1Vo'

'l'he relationship between the variance spectra of nondimensionalized vertical wind

shear and Z is, thus,

,'"(^,û,ó): !r'r(^,,),ó). (g.21)
o+'Y

It is noteworthy that the ratio of s2" to s2" in this model is independent of the vertical

wavenumber rn or any anisotropy of the spectrum. Only the dependency on intrinsic

frequency ô is important. This is due to the separability of the assumed spectrum in

m, ù and þ. For waves with / << ô < Äh we obtain stz(m,ù,ó) = s's(.m,ù,,$) in

agreement with the assumptions of Bretherton [1969ó] and Hi,nes [1991a]. Note, how-

ever, that the probability of instability does depend on the anisotropy of the spectrum

via the integration in Equation 8.16.

The ratio of o2" ro o2s can be computed by integrating Equation 8.21 over the

energy spectrum, or, alternatively, by specification of a dominant intrinsic frequency

in Equation 8.21. The dominant intrinsic frequency is the intrinsic frequency of a

single, monochromatic wave with the specified ratio of o7 to os. Figure 8.16 presents

the ratio of o2 to os for a spectrum of the form ù*p, û: f ...240 f , as a function of

p together with the corresponding dominant frequency. For an exponent p - -5/3, as

assumed in the parameterization of Fri,tts U VanZandt 17993| we obtain oz los : 0.77,

corresponding to a dominant intrinsic frequency of 2 f . The mean energy-weighted

frequency for p - -513, on the other hand, is 10.7 /. Possible anisotropy of the

wave spectrum can be incorporated in the model by different values for oy and oy

and rotation of the coordinate system, if necessary. Numerical integration of Equation

8.16 together with Equation 8.15 then yields the probability of instability for a given

background atmosphere.
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To illustrate the effect of the dominant intrinsic frequency of the gravity .wave

field, probabilities for static and dynamic instability are presented in Figure 8.17 as a

function of nondimensionalized vertical wind shear øs. Three isotropic wave fields with

intrinsic frequencies of 1.2 / (solid line), 20 / (dotted line), and 220 I (dashed line),

respectively, were assumed. With a buoyancy frequency Äh : 0.02 rad s-t : 240f ,

a value typical for the lower stratosphere over Adelaide, these correspond to ratios of

o2 to os of 0.4, 1.0, and 2.5, respectively. Vertical wind shears in the background

atmosphere were taken to be zero in these calculations. The probability of static

instability, P.r, is dependent or o2 only (Equation 8.15). As the intrinsic frequency ô

of the wave field determines the ratio of os to os (Equation 8.2I), however, the graph

for Pr1 as a function of øs is stretched or shrunk along the x-axis, depending on the

choice of ô (top diagram). The dependence of the probability for dynamic instability,

P¿"n, is somewhat more complicated (middle diagram), but can be understood using

the picture of the probability cloud in Figure 8.15. For small û and, therefore, small

os, the probability cloud is confined to close proximity of the Z :0 plane and is, thus,

rather dense. o; and o1, have to reach a certain value for a considerable part of the

cloud to stretch into the volume between the paraboloid and the Z - -1 plane, i.e.

the region corresponding to dynamic instability. The high density of the cloud leads to

a strong increase of P¿r,, once this threshold is reached. For large values of o2, on the

other hand, corresponding to large cù, the probability cloud stretches far to positive

and negative Z val:ues. Even for small ø¡ and oy values, parts of the cloud stretch

into the region of dynamic instability, close to the Z : -I plane. Due to its greater

volume, however, the density of the cloud is strongly reduced. Increasing oy and oy

values, therefore, lead to only small increases in P¿rn. Finally, the total probability of

instability is presented in the bottom diagram. The existence of a background wind

shear would shift the probability cloud along Lhe Z : 0 plane. While this would

influence the probability of dynamic instability, the probability of static instability

would be unaffected.
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Numerical models and experimental observations of turbulence often show an in-

crease in the number of layers with low Richardson number -Ri when the height res-

olution is increased lGage €i VanZandt, 7983; Eri,cksen, 1932]. This is not due to

the increased height resolution per se, but due to the increased shear variance when

fluctuations of smaller scale are taken into account. The extent to r,vhich ø5 is affected

by the height resolution can be calculated from Equation 8.17. As E(m,,ù) x. m,-3

for m sufficiently large, and ss xrn2Ð(m,ø), we obtain oZ o-m-r. lf experimental

measurements of o's,^"u" account for vertical wave numbers in the range m¿ . . . m¡, Then

these measurements can be extrapolated to the range rrL¡ . . . mn by

lnm¡1 - InmT
(8.22)

lnm¡ - lnm¿ S,meas

Figure 8.18 shows spectra of potential temperature and horizontal wind speed for

the launch on 22.8.1998 at 10:15 UTC for heights between 7.5 and 18 km. The data

were gridded to 20 m height resolution using cubic splines and Fourier transformed

after multiplication with a Hamming window. While the slope for the potential tem-

perature spectrum is fairly constant for wavelengths down to the minimum resolvable

wavelength of 40 m (bottom diagram), the slope for the horizontal u'ind spectrum flat-

tens for wavelengths less than about 150 m (top diagram). Fluctuations in horizontal

wind speed on scales less than 150 m are, therefore, unlikely due to gravity waves and

could lead to overestimates of ø5 if not treated properly.

To compare the sonde data with the model the vertical profiles of zonal and merid-

ional winds and potential temperature \Mere gridded to 20 m height resolution and

filtered with a low pass filter with 150 m cutoff to include fluctuations due to gravit;,

waves only. The filtered height profiles were then binned into 1 km height intervals.

The observed probabilities of static and dynamic instability were computed as the

fraction of height levels in the respective height bin with Ri < 0 and 0 < Ri < If 4,

respectively, where the gradient Richardson number.Ri was computed from the filtered

profiles. The means of X and X and the variances of X, )', and Z were used to calculate

the theoretical probabilities of instability for each height bin according to Equations

o?:
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Figure 8.18: Power spectra for horizontal wind speed and potential temperature for

the launch on 22.8.7998 at 10:15 UTC for heights between 7.5 and 18 km.
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8.15 and 8.16, where we assumed an isotropic wave field with o2, - o\ + o?. Com-

parisons between the sonde data and the model calculations are presented in Figure

8.19. The diagrams on the left handside show scatter plots of observed and theoretical

probabilities of instability with a linear fit to the data indicated by the solid line. On

the right handside of Figure 8.19 we present vertical profiles of the average observed

and modeled probabilities of instability and of the average ratio of o2 to os. The

horizontal bars indicate the standard deviations of the respective variables. The plots

reveal a good agreement between the observed and modeled instability probabilities.

The ratio of o2lo os is close to 0.4 throughout the lower atmosphere, corresponding to

a dominant intrinsic frequenc;i of around I.2 f . The obtained values are significantly

lower than the values expected for a frequenc¡r sps.¿rum proportional to 6t sl3 (cf.

Figure 8.16).

Possible error sources which could lead to an underestimation of the inferred domi-

nant frequency are systematic errors in the measurements of os and o 2, d:ue to different

signal processing routines for wind and temperature measurements, for example, or

deviations from our assumption of separability of the wave spectrum in ol and m. On

the other hand, it is also possible that the inferred ratio of o2 to o5 does correspond

to the physical wave field, and that the assumed spectral form proportionalto û-5ls

underestimates the contribution of low-frequency waves. A corresponding preponder-

ance of gravity waves with intrinsic frequencies close to the inertial frequency / was

also found in other studies fVi,ncent,7984; Sato,1994; Nastrom et al., L9971.

For such a low dominant frequency as deduced here, the velocity perturbations

parallel and perpendicular to the horizontal wave propagation direction are almost

equal in variance and a possible anisotropy in gravity wave propagation directions

does not have to be examined any further. Application of the model with o 2 set equal

to the observed os, corr€sponding to the assumption / << Û < 
^,h 

made in Bretherton

[1969ó] and Htnes [1991a], leads to significant deviations from the observed instability

probabilities (F igure 8.20).
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8.3.4.2 Thickness and spacing of turbulent layers

The shape of the gravity wave spectrum as a function of vertical wavenumber m

has no effect on the instabitity probabilities in our model. The width of the ver-

tical wavenumber spectrum, however, determines over what length scales the wind

and potential temperature fluctuations are correlated, respectively. The shape of the

gravity wave spectïum as a function of vertical wavenumbet m) therefore, affects the

distributions of thickness and spacing of the turbulent layers. To test the hypothesis of

turbulence generation due to gravity \Maves further, it is instructive to compâre the ob-

served thickness and spacing distributions with those generated by a model spectrum

in a simulation.

For each of the thermosonde soundings €sonde and e.o,r¿" were calculated according

to Equation 8.5 with a height resolution of 20 m for the heights between 10 and 20

km. Layers with erorr¿" ) €so.,de were considered as turbulent and the distributions

for layer thickness and spacing were computed. The parameters for the background

atmosphere weïe obtained by lowpass filtering the vertical profiles of horizontal winds

and potential temperature with a cutoff wavelength of 2000 m. Averages of os and

os wlre calculated from fluctuations with vertical scales between 2000 and 150 m and

extrapolated to an effective height resolution of 20 m using Equation 8.22. In a Monte

Carlo simulation we then generated vertical profiles of horizontal wind and temperature

fluctuations of a gravity wave field with the given ø5 and o2 arrd a resolution of 20 m.

The complex amplitude spectrum for gravity wave perturbations in zonal direction was

constructed in Fourier (vertical wave number) space. We used the variance spectrum

as derived by Fritts €j VanZand¿ [1993],

Eu(m,û,ó) -- E(*,a,4) f"or'd. 14)' ,in' 611, (s.23)L \ø/ l
with variables defined as in Section 2.9.2 and vn* : 2tr 12000m. The intrinsic frequency

ri' was determined from Equation 8.21 (assuming ú.' < l/) as

u) (8.24)
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and phases and propagation directions !\¡ere chosen randomly from a uniform distri-

bution in [0, 2rl. The complex amplitude spectra for meridional wind and tempera-

ture perturbations were computed from the polarization relations 2.20. Ãfter Fourier

transformation the obtained height profiles of horizontal wind and temperature per-

turbations were superimposed on the background atmosphere and the distributions of

turbulent layer thickness and spacing were computed. We restricted ourselves to the

height range from 10 to 20 km, as the values for the background buoyancy frequency

Ä16 and os ã,rê fairly constant at these altitudes.

Figure 8.21 shows the distributions of turbulent layer thickness and spacing for

all available soundings between 10 and 20 km altitude in histogram form (thin line),

together with scalecl distributions from the Monte Carlo simulation (thick lines). The

solid, dotted, and dashed thick line correspond to vertical wavenumber spectra with

slopes of -3, -3.5, and -2.5, respectively. One hundred realizations of the gravity wave

spectrum were used for each sounding and spectral shape. For a slope of -3, simulation

and observation agree rather well, especially for the thickness distribution. A fit to

the horizontal wind speed spectra for wavelengths in the range between 150 and 2000

m revealed a slope of -3.0 +0.2 averaged over the 17 available soundings.

The shape of the gravity \ /ave spectrum as a function of vertical wave number

determines the distribution of thickness and spacing of the turbulent layers in height.

Similarly, the time fractions during which turbulence is present or absent at a certain

point in space are determined by the shape of the gravity wave spectrum as a function

of frequency. Measurements with a high-resolution radar could provide information

about the characteristics of this turbulence intermittency and allow a comparison of

the observed temporal turbulence structure with observations. The present height

resolution of the Buckland Park radar, however, is much too coarse to resolve single

turbulence layers and, therefore, such a comparison is not feasible with the available

radar data.

Nevertheless, we can show at least qualitative agreement of high-resolution radar

observations of turbulence layers with a Monte Carlo simulation of a gravity wave field
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evolving in time. The cornplex amplitude spectrum for gravity r'vave perturbations in

zonal direction was constructed in 2-dimensional Fourier space using the parameteri-

zationof Fritts I VanZand¿ [1993] (Equation 8.23). Aheight resolution of 20m and a

time resolution of 2 min was used, and phases and propagation directions were chosen

randomly from a uniform distribution in [0, 2nl. Ãfter computation of the amplitude

spectra for meridional wind and temperature perturbations using the polarization

equations '2.20 and application of the inverse l,burier transf'orm the obtained height

profiles (as a function of time) \Mere superimposed on the background atmosphere. We

used a constant temperature gradient of -1Kkm-1 between 10 and 20 km corresponding

to a mean buoyancy frequency of 0.019 rad s-1. The meridional background velocity

was set to zero and for the zonal component we chose a profile as depicted on the left-

handside of Figure 8.22. The corresponding distribution of turbulence layers is shown

in the diagram on the right-handside of Figure 8.22, where the black and grey regions

correspond to locations of static and dynamic instability, respectively. Because of the

upward energy propagation of the specified waves the turbulent layers are descending

with time. The probability of instability is strongly enhanced at lower heights due to

the increase in dynamic instability caused by the strong background shear. The mod-

eled turbulence layers are qualitatively in good agreement with the high-resolution

radar observations of stratospheric turbulence layers over Arecibo, Puerto Rico, by

Sato Ü Woodman 17952øl (Figure S.23). If the statistical distribution of the duration

and ternporal spacing of the turbulence layers at a constant height range was known,

the slope p of the gravity wave frequency spectrum (Equation 2.49) in the model could

be adjusted to test for quantitative agreement between model and observation.
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8.4 Summary

We compared measurements of wind and turbulence by radar and thermosonde during

a six day campaign in August 1998. Radar measurements of horizontal wind speed

and direction yield good agreement with results obtained by the thermosondes, both

for Doppler and Spaced Antenna modes.

After calibration of the radar system values for backscattered power could be con-

verted to averages of the refractive index structure function constant Cl in the radar

sampling volume. Comparison with in-situ measurements of C'" bV the thermosondes

revealed reasonable agreement between the two methods.

Knowledge of the background buoyancy frequency l/ and the potential refractive

index gradient M also allowed the computation of the energy dissipation rate e for

both thermosonde and radar measurements. Using the turbulent volume fraction in

the radar sampling volume, -F, as a fitting parameter, reasonable agreement between

the sonde and radar measurements could be achieved. Likely reasons for the slight

deviations between the value of F obtained from the fit and the observed turbulent

volume fraction were given.

To explore the relationship between the observed turbulence layers and the present

gravity wave field theoretical instability probabilities were computed from observed

gravity wave parameters and compared with the observed turbulent volume fraction.

Furthermore, a Monte Carlo simulation was applied to model the distributions of

turbulent layer thickness and spacing for the observed background atmosphere. The

observations could be well reproduced by the models showing that the observed struc-

ture of turbulent layers in height is consistent with the generation of turbulence by a

gravity wave field superimposed on the background atmosphere'
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Chapter I

Stratospheric inertio gravity waves:

A case study

9.1 Introduction

In this case study',^/e use the radar data obtained with the Buckland Park VHF radar

during the refractive index turbulence campaign in August 1998 to infer the param-

eters of an inertio gravity wave detected in the lower stratosphere. The availability

of numerical model data from the LAPS model of the Australian Bureau of Meteo-

rology lPuri, et al., 1998] allows a qualitative comparison of the proposed generation

mechanism with the model of O'sulli,uan Ü Dunkerton [1995].

Inertio gravity waves are commonly observed in the upper troposphere and lower

stratosphere using balloons fThompson, 7978; Cadet €i Teitelbaum, 1979] and radars

lSato ü Woodman,7982b; Barat,1983; Hirota Ü Ni,ki',7986; Corni'sh Ü Larsen,1989;

Yamanaka et a1.,7989; Thomas et a1.,7992; Maekawa et a1.,, 1984; Sato,1994; Cho,

7995; Thoma,s et al., 7999]. The observed waves show typical vertical wavelengths of

around 1 to 5 km and periods of several hours. Hodograph analysis typically reveals

upwards energy propagation in the lower stratosphere, a much reduced downwards

energy propagation below the tropopause, and a preference for meridional propagation,

suggestive of a zonally aligned source at around tropopause level lHi,rota €j Niki,
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L986 Yamanaka et a1.,7989; Sato,7994; Thomas et a1.,7992)

Increased gravity wave activity has often been connected with nearby synoptic

weather systems lSato,7989; Sato, 1993; Chan et al., 1991; Thomas et a1.,7992;

Eckermann I Vi,ncent,7993]. While a large part of this wave activity is attributed

to high-frequency gravity \ /aves generated by moist convection and shear instabilities

'¡'ithin frontal zones) geostrophic adjustment of the flow as it relaxes to a balanced state

is expected to launch lou'-frequency inertio gravity waves lO'Sulli,uan U Dunkerton,

7995; Fri,tts €4 Luo,7992; Luo ü Fri,tts,1993].

9.2 Radar data

The radar data used in this chapter is identical with the data used in Chapter 8, and

the reader is ref'erred to Section 8.1.1 for more details. Figure 9.1 shows the hourly

averaged zonal and meridional radar winds during the campaign in August 1998. The

winds were calculated from the radial velocities of the East and North beam of the

Buckland Park VHF radar at a zenith angle of 14.5'. The vertical velocities were small

enough to be neglected in the calculations. The dashed line illustrates the height of

the tropopa,use a,s ohtained from operational radiosonde sorrndings at Aclela,ide a,irport,

40 km south of Bucklancl Park. The diagrams illustrate a strong eastward jet with

wind speeds reaching up to 60 ms-1 at a height of 72 km during the night betu'een

August, 23rd and 24th. During the 24th and 25th of August, the winds in that height

region turn counterclockwise until the jet is aligned in north-south direction at the

26th of August. The rapid adjustment of the jet leads to unbalanced winds, and the

consequent geostrophic adjustment of the winds can act as a generation mechanism

for inertio-gravity waves.



9,2. RADAR DATA

16

14

00:30
23/08

lf)

14

797

E
I

c
.9
c)
I

2

o

8

6

4

2

60

20

-20

I

Ø
E

!
C)
C)
o_
U)

ñ
c'=

¡
C
o
N

40

i
402-

!
(1)
(l)

orì aL

c
C'=

Us
c
.9o'-
c)

0

20:1O
23/oB

15:50
2+/08

O7:10
26/AB

02:50
27 /oB

22:30
27 /08

11:31
25/08

E
I

_c
c'.ì

'c)
I

2

0

o
O

6

4

2

00:J0 2O:10 1 5:50 1 1:31 07:1 0 02:50 22:30
23/08 23/08 24/08 25/08 26/08 27 /o8 27 /o8

Figure 9.1: Hourly averaged zonal and meridional wind fields. Missing data points

have been linearly interpolated over. The dashed line indicates the tropopause height.



198 CHAPTER 9. A STR,ATOSPHERIC INERTIO GRAVITY WAVE

9.3 Wind perturbations

The reasonable resolution of the radar data in time and height allows for filtering in

frequency and vertical wavelength to reveal the possible existence of gravity waves in

the observed wind field. In analogy to Chapter 3, two-climensional wavelet analysis

could be used to separate wave packets not only in height and (vertical) wave number,

but also in time and (ground-based) frequency. This would eliminate the pr.rssibilty of

multiple wave packets with identical vertical wave number but different ground-based

frequencies in a single hodograph, which was still present in the analysis technique in

Chapter 3. For simplicity, howcvcr, we here choose a two-dimensional banclpass filter

in height and time with center rvave numbers and frequencies determined heuristically

to result in an easily detectable wave packet, Figure 9.2a presents schematically the

bandpass filter applied to the hourly averaged wind field. The shadecl areas in the four

quadrants present the vertical and temporal scales that are passed by the filter. The

filter was constructed fïom Butterworth filters with -3 dB cutofffrequencies of 2trf I2h

and 2trf 24i¿ and vertical cutoff wâ,ve numbers of 2trf lkm and 2trf lkm. Outliers and

missing data points in the velocity field were linearly interpolated over and the data was

padded in height and time to avoid wrap-around effects in the Fourier transform. The

resulting perturbation velocity fields are shown in Figure 9.3. Wave activity can clearly

be identified on the 24th and 25th of August at heights above the tropopause. The

pattern of amplitude troughs and peaks, however, indicates the presence of multiple

waves in that region, with upwards and downwards directed (ground-based) phase

velocities. The wave trains that are present have to be separated before an analysis of

the wave parameters from the hodograph can be attempted.

While rotary spectra allow a decomposition of the wave field into clockwise and

counterclockwise rotating, circular polarized \/ave components, an identification of

these components as different physical ü/aves is usually not possible, as every elliptical

polarized wave can be decomposed into cloclcwise and counterclockwise rotating circu-

lar polarized components. A decomposition of the wave field into two components with
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upward and downward propagating phases, on the other hand, very likely corresponds

to different physical waves and seems more appropriate. We adopt the convention of a

positive intrinsic frequency ri, and define a negative vertical wavenumber m for waves

propagating energy upwards. While the intrinsic vertical phase speed, ô": ûlm, is

always directed opposite to the intrinsic vertical group velocity, Ôn,", lhis is not al-

ways true for the ground-based vertical phase velocity c": Ø/m. The Doppler-shift

between ø and ô (Equation 4.3) leads to a sign of the ground-based frequency u as

illustrated in Figure 9.4. For ø { 0 the ground-based vertical phase propagation is in

the same direction as the (intrinsic) energy propagation of the wave packet.

A separation into waves with upward and downward ground-based phase propaga-

tion is achieved by using the filters illustrated in Figure 9.2b and c, respectively. Figure

9.5 shows the zonal and meridional perturbation velocity fields for upwards directed

ground-based phase propagation, where now only a single wave packet is evident in

the region of interest.

To calculate the vertical wavenumb er m and ground-based frequency c,.' of the wave

packet we computed the so-called instantaneous wavenumber and frequency fCohen,

1995]. The instantaneous wavenumber m and frequency ¿"r of a signal are defined as

the derivative of the phase ó(r,t) of the signal by height, m(z,t) : õÓ(z,t)f ô2, and

time, w(z,t) : 0ó(z,t) lAt, respectively. The phase of a real signal can be obtained by

adding an imaginary function to the signal that is 90' phase-shifted with respect to the

original signal, i.e. its Hilbert transform, and defining the argument of the resulting

complex function as the phase. The definition of the instantaneous frequency and

wavenumber is only meaningful for signals whose magnitude is varying much slower

than its phase lCohen, 1995]. In our case this is ensured by the choice of the filter

parameters. The filtering and extension of the signal to a complex function can be

achieved simultaneously by the use of a filter function with a pass band restricted to

positive wave numbers, for example (filter d in F igure 9.2). Application of such a filter

to a real function yields a complex result, with the real part the filtered signal and the
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(D>0 (l)>0

u
I'c P

Figure 9.4: Sign of the ground-based frequency u. The thick line indicates the back-
ground wind speed parallel to the intrinsic \4/ave propagation direction, i.e. parallel to
k¡. Waves with ground-based horizontal phase speeds co as indicated by the lightly
shaded areas have u ) 0, while waves with phase speeds as indicated by the darkly
shaded regions have ø < 0.

imaginary part its 90' phase-shifted version.l

1As only half of the Fourier components are used in the transformation, the result has to be
multiplied by a factor of 2 to yield the correct amplitudes.
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9.4 Gravity vvave parameters

We restrict ourselves to the analysis of the gravity wave packet in the height range

from 11 to 16 km between 2:00 and 18:00 UTC on August , 25th,1998. This region was

chosen as it clearly shows the presence of a gravity wave packet (cf. Figure 9.5) and

the background atmosphere does not show strong variations of wind speed in height

or time so that simple gravity wave theory can be applied.

The ground-based frequency ø and the vertical wavenumber m \¡/ere computed as

the average value of the instantaneous frequency and wavenumber, respectively, over

the region of interest, resulting in a vertica,l wavelength of 3.4 km and a grorrnd-hased

period of 19.7 h. The axial ratio and alignment of the hodograph were calculated using

the Stokes parameter formalism as described in Section 3.5, where the hodograph

was constructed from all data points of meridional and zonal wind velocity in the

analyzed region (Figure 9.ö). The hodograph shows a counterclockwise rotation of

the horizontal perturbation wind vector with height corresponding to upward energy

propagation, i.e. m < 0. From the upward directed ground-based phase speed of the

wave packet, c" : # > 0, we obtain ø < 0. Once the horizontal alignment direction

of the hodograph is obtained, the horizontal background velocities and vertical shears

parallel and perpendicular to that direction can be computed using the coordinate

transformation in Equation 3.15.

In the case of non-negligible vertical wind shear perpendicular to the horizontal

propagation direction of the wave the relation for the axial ratio arr of the hodograph

ellipse is modified to fKunze, 1985; Sato,1994]

(e 1)

where # ir the vertical wind shear perpendicular to the wave propagation direction.

The second term on the right hand side of Equation 9.1 is due to the vertical motion

induced by the gravity wave, which raises and lowers the atmosphere together r,r'ith

its background wind field and associated shears lflznes,1988c]. Equation 9.1 can be
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Figure 9.6: Hodograph of the gravitv wave packet indicated in Figure 9.5 and inferred
background and wave parameters.

solved simultaneously with the equation for the Doppler-shift,

(e 2)

to yield a and k¡. If we assume that the transverse background shear is not large

enough to alter the sense of rotation of the hodograph, then the second term on the

right hand side of Equation 9.1 does not change the sign of the expression within

the modulus sign. Taking into account that f < 0 in the southern hemisphere the

expression within the modulus sign is assumed to be negative and we obtain

r u dr''r
J - '"ll* a"

(e 3)

r): u - knu

u 11
arr ullrn

and

u-u
k¡

ull

Note that the knowledge of the ground-based frequency allows us to deduce all wave pa-

rameters directly from the radar wind measurements without the need for an estimate

of the background buoyancy frequency l/. The dispersion relation in the Boussinesq
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approximation for a wave with transverse vertical wind shear lSato,7994; Thomas et

al., L999),

t2 , N'k| n"k¡du¡u : r- * ,*f - 2f ;Ë. (e.õ)

can then be used to verify the calculations by comparing the inferred buoyancy fre-

quency with the observed value. In the case of the observed gravity wa\¡e packet,

the buoyancy frequency inferred from the dispersion relation Equation 9.5 (cf. Figure

9.6) agrees well u'ith the average buoyancy frequency of 0.018 rad s-l observed in the

analyzed height range for the radiosonde launch at 11:09 UTC at Adelaicle airport.

The radar height resolution or 1 km (FWHM) is of the same order of magnitude

as the observed vertical wavelength and results in an attenuation of the measured

perturbation velocities. If we assume a Gaussian radar pulse with half width half

maximum Ar, then a perturbation with vertical wavenumber rn will be attenuated

by a factor expÇffi) in amplitude. In our case of a vertical wavelength of 3.4

km this corresponds to an amplitude attenuation factor of 0.73, resulting in a peak

horizontal perturbation amplitude parallel to the intrinsic wave propagation direction

of L.7 ms 1.

Knowledge of the \Mave amplitude together with the intrinsic frequency and the

background buoyancy frequency can be applied to infer the momentum flux carried

by the wave packet. Using the polarization relations 2.20 the momentum flux in wave

propagation direction can be expressed as

u
1t,t,,1Dt - _

ilN
I - f2lû2
I _ û21N2

u,?t, (e 6)

resulting in a momentum flix u'rrwt : 0.01 m2s-2.

The wave packet propagates energy '¡'ith an intrinsic horizontal group velocity of

7.8 ms-l toward 292" and a vertical group velocity of 0.06 ms-l. Using the background

parameters as indicated in Figure 9.6 we can determine the ground-based horizontal

group velocity as 28.6 ms-1 toward 39" and the ground-based zonal phase velocity as

6.3 ms-1 toward 112'. The inferred wave pârameters are summarized in Table 9.1.
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Vertical wavelength
Ground-based period
Ground-based frequency
Intrinsic propagation direction
Intrinsic frequency
Horizontal wavelength

Intrinsic horizontal group velocity, ôgh

Ground-based horizontal group velocity, c*¡
Vertical group velocity, cn"

Ground-based horizontal phase velocity, cor,

Wave amplitude, rL_
Momentum fltrx,ilrrul

3.4 km
-19.7 h
-1.06 /
292"
r.7t r
437.6 km

7.8 ms-r f 292"

28.6 ms-1/39'
0.06 ms-l
6.3 ms-l/112'

1l.'/ ms-'
0.01 m2s-2

Table 9.1: Wave parameters of the observed stratospheric gravity wave packet.

The intrinsic horizontal propagation direction was inferred above from the align-

ment of the major axis of the hodograph. As the vertical wind shear transverse to the

propagation direction can affect the axial ratio of the hodograph ellipse, it is possible

that the actual horizontal propagation direction was parallel to the minor hodograph

axis and the axial ratio (Equation 9.1) was dominated by the vertical wind shear

perpendicular to that direction, þ. To test this hypothesis, let us assume that the

intrinsic propagation direction is parallel to the minor axis of the hodograph in Figure

9.6. The fact that ø < 0 then implies intrinsic propagation against the background

wind, i.e. southward. For that direction, howeuer, þ ) 0 and the transverse per-

turbation velocity would be decreased instead of increased as assumed above. The

hypothesis of an intrinsic propagation parallel to the minor axis of the hodograph is,

therefore, to be rejected.
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9.5 Discussion

Geostrophic adjustment as a generation mechanism of inertia gravity waves for similar

observations \ryas proposed by diflerent authors lYamanaka et a1.,, 1989; Thomas et

al., 1992] and its importance was corroborated by theoretical studies fFri,tts ü Luo,

1992; Luo €4 Fri,tts,7993; O'Sulli,uan ü Dunkerton,7995]. Our observations are in

good agreement with the modeling study of O'Sulli,uan ü Dunkerton [1995], who

simulated the distortion of the tropospheric jet stream by baroclinic instability and

the subsequent generation of inertio gravity waves by geostrophic adjustment. In

their model inertio gravity \/aves arose primarily in the jet stream exit region2 at

heights above the tropopause (Figure 9.7). The waves were confined to the vicinity

of the jet stream and their propagation direction was parallel to the jet axis at mid

stream but at an angle to the jet along its flanks. As the waves were approximately

stationary relative to the jet stream pattern, their intrinsic phase and group velocities

were directed upstream. This does not, however, indicate energy propagation towards

the jet maximum, as the jet pattern is not simply advected by the wind but reveals

an intrinsic downstream propagation itself.

Figures 9.8 and 9.9 show contours of geopotential height and horizontal wind speed

at the 300 hPa level over Australia for different times during the observation period.

The data was obtained from the numerical LAPS forecast of the Bureau of Meteorology

fPuri, et ø1., 1998]3. The position of the Buckland Park VHF radar is indicated by a

black dot. As can be seen from Figures 9.1 and 9.8, the jet was aligned approximately

zonally on August 23rd, and was distorted towards meridional alignment over the

Buckland Park radar towards August 26th. The situation is basically the mirror

image of the northern hemisphere case from O'Sulli,uan ü Dunkerton lI995l shown

in Figure 9.7a. The distortion of the jet stream leads to a deflection of the flow

in the jet stream exit region and, in analogy to the flow over an obstacle, to the

2 O'Sull'iuan ü Dunkerton 11995] use the term exit region to describe the relatively weak, tightly
curved flow downstream of the jet maximum

3We thank Dr. Chris Lucas for the use of his chart plotting program.
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Figure 9.7: a) Geopotential height with horizontal wind vectors and b) horizontal
velocity divergence at the 130 hPa level for the model run of O'Sulli,uan Ü Dunkerton

[1ee5].
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300 hPo Height/lsoiochs 980823 2300 UTC
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Figure 9.8: Geopotential height (ttrict< lines) and horizontal wind speed (shaded areas

and thin lines) at the 300 hPa level for 23.8.1998 23:00 UTC and 24.8.7998 23:00 UTC.
The units for the geopotential height are 10 m, the horizontal wind speed is given in
ms-1. The position of the Buckland Park VHF radar is indicated by a black dot.
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Figure 9.9: Same as Figure 9.8, but for 25.8.1998 23:00 UTC and 26.8.1998 23:00

UTC.
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generation of gravity waves with a propagation direction approximately parallel to

the (original) jet axis fO'Su,lli,uan ü Dunkerton,7995), in good agreement with our

observations. The continuous generation of inertio gravity waves leads to a constant

height of the lower wave packet boundary (cf. Figure 9.5), in spite of the upwards

directed group velocity, which would remove the wave packet from its source region.

Similar to O'Sulli,uan I Dunkerton [1995] we find the intrinsic horizontal phase and

group velocities to be directed upstream. As discussed above, this does not imply

energy propagation towards the jet as the jet stream pattern itself can propagate

upstream relative to the flow. Sato [1994] rejected the hypothesis of wave generation

by geostrophic adjustment of the jet on grounds of a horizontal group velocity directed

towards the jet axis. The waves she observed, however, were propagating perpendicular

to the jet stream and are, therefore, not comparable to the present observations.

In light of the predominant meridional propagation of observed stratospheric inertio

gravity waves) O'Sulli,uan I Dunkerton ll995l point out that there are likely to be

several different types of jet stream development that can result in inertio gravity wave

generation. While for zonally elongated imbalances of the jet stream the generation of

meridionally propagating inertio gravity waves is expected, zonally propagating inertio

gravity waves should become important when the zonal extent of the imbalance region

is reduced relative to its meridional extent lLuo €! Fri,tts,1993].

To get some information on the geographical fine-scale structure of gravity wave

activity, it is desirable to relate the excitation of inertio gravity waves to the large-scale

fl.ow. Koch U Dori,an [1988] use a Lagrangian Rossby number RtL) :lduldtllfl:ul>

0.5 in a region where lul > 10ms-t (to avoid spuriously large values for small denomi-

nators) as an indicator of unbalanced flow. Figure 9.10 shows contours of Lagrangian

Rossby numbers for different times during the observation campaign. Due to the

crude time resolution of the available LAPS data, the local derivative ôuf ðú had to

be neglected relative to the advective derivative u . Vu.a Nevertheless, inspection of

aln the simulations of O'sulliuan ü Dunkerton 179951, the local derivative amounted to up to 30%
of the advective derivative.
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Figures 9.5 and 9.10 indicates good correlation between the Lagrangian Rossby num-

ber R!¿) over the radar site and the production (or existence) of the observed wave

packet at the assumed source level of around 9 to 10 km. Wave activity at that height

level coincides with a Lagrangian Rossby number greater than 0.5. Large Lagrangian

Rossby numbers also provided a useful diagnostic of inertio gravity wave generation

in the model of. O'Sulli,uan ü Dunkerton [1995], but further case studies are needed to

establish the general usefulness of this criterion.

An alternative to geostrophic adjustment as the generation mechanism of the ob-

served wave packet is excitation by shear instability. The thermosonde measurements

in Chapter 8 indicate the existence of unstable layers throughout the observed at-

mosphere and, especially, at the lower and upper jet flanks. Different mechanisms

for inertio gravity wave excitation in stratified parallel flows have been proposed. In

the linear models, the presence of a rigid lower boundary leads to the existence of an

additional mode in the Kelvin-Helmholtz instability, that can couple directly with a

propagating wave field in the upper levels of the model lLi,ndzen,7974; Daui,s U Peltier,

1976; Latas ü Ei,naudi,1976; Mastrantoni,o et a1.,19761. Sutherland €j Pelti'er [1994]

showed that this direct coupling could be very effective even without the presence of

a lower boundary, when the region of small background buoyancy frequency extended

to the region of maximum shear (at the upper jet flank) and the atmosphere would

become more stable at larger heights. This circumstance might be realized through

ageostrophic effects connected with a baroclinic wavelSutherland Ü Pelti,er,1995]. For

a direct coupling of the wave field to the Kelvin-Helmholtz instability, a critical level

for the generated inertio gravity wave should exist within the unstable layer as a conse-

quence of the semicircle theorem of. Howard [1961], which requires such a critical level

for the unstable Kelvin-Helmholtz wave. Inspection of Figure 9.1, however, indicates

the lack of such a critical level as the zonal wind speed in the height region of interest

is much larger than the ground-based phase speed of the detected wave packet. While

there is still the possibility that the observed wave packet \ryas generated by nonlinear

wave-wave interactions of two Kelvin-Helmholtz modes, a mechanism often referred
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9808?5 050U I.JTC0-100 hPo

Figure 9.10: Geopotential height (in 10 m, thick lines), horizontal wind speed (in ms-l,
thin lines) and Lagrangian Rossby number at the 300 hPa level for difi'erent times
during the observation period. The three shades of grey correspond to Lagrangian
Rossby numbers RL) of 0.5,0.7 and 0.9, respectively. The position of the Buckland
Park VHF radar is indicated by a black dot.
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to as envelope radiation lFri,tts, 1982; Fri,tts, 7984b; Chi,monas €! Grant, 1984], the

lack of more detailed observational data does not allow further examination of this

possibilitv.

9.6 Summary

Radar measurements during a 5 day campaign in August 1998 at Buckland Park

revealed the existence of an inertio gravity wave in the lower stratosphere associated

with a jet stream exit region. Two dimensional filtering of the radar data in time and

height allowed the isolation and consequent hodograph analysis of the wave packet.

tlnambiguous wave para,meters could he extracted from the radar data taking the

transverse background shear into account. Using data from the numerical LAPS model

of the Australian Bureau of Meteorology the observed gravity wave event could be

compared to the numerical simulation of O'sulli,uan ü Dunkerton [1995] and was

found to be consistent with wave generation by geostrophic adjustment of the jet

stream. The possibility of an alternative wave generation mechanism, excitation by

shear instability, could not be excluded, however.
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Chapter 10

Thesis summary

In this thesis, several aspects of gravity vr'aves and their effects on, and interactions with

the atmosphere are examined. Subjects include wave generation mechanisms, source

spectra, intermittency, and effects such as generation of turbulence and acceleration

of the background flow. Measurements by radiosonde, radar, and thermosonde were

analyzed, with each method giving insight into different aspects of the observed wave

field.

The application of wavelet analysis to operational radiosonde soundings over Mac-

quarie Island allowed the detection of gravity wave packets in the wind field. In

contrast to more traditional Fourier methods, wavelet analysis provides information

about the height extent and, thus, the intermittency of the wave packets. While the

observation of packet-like wave structures in vertical wind profiles is not new, our

study is the first to interpret the observed intermittency in a quantitative way.

Knowledge of wave intermittency allowed us to compute temporal averages of mo-

mentum flux and, therefore, mean-flow accelerations in a linear ray-tracing model.

Even though the radiosonde observations were limited to waves with low intrinsic fre-

quencies, the deduced mean-flow accelerations in the mesosphere were a factor of 2

to 3 larger than what is expected from observations and theory. This overestimation

might be due to the omission of wave superposition effects in our linear model. Wave
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superposition turned out to be ver¡, important in reproducing the observed charac-

teristics of turbulence layers from parameters of the observed wave field in Chapter

8. Nevertheless, the model shows that waves rn'ith frequencies close to the inertial

frequency in the stratosphere might have important effects in the mesosphere, which

are larger than commonly assumed. Further studies should address the effects of wave

superposition and try to obtain information about the intermittency of high-frequency

wa\¡es, which are neglected here.

In the interpretation of the radiosonde data, great attention was paid to the bias

in the observations due to the observational filter inherent in the radiosonde method.

As each technique can only observe a certain part of the gravity wave spectrum, dif-

ferent techniques should be used together to obtain a more complete picture of the

wave spectrum. In this thesis, atmospheric radar was used as an alternative observa-

tion technique. In addition to making high-time resolution observations of the wind

field, radars can also provide information about turbulence parameters. Different sig-

nal processing algorithms were adapted into the radar software to increase the usable

height range of radar returns by several kilometers and to achieve better sensitivity for

turbulence measurements. The increased height range enabled us to compare radar

and in-situ measurements of turbulence by thermosondes in the upper troposphere and

lower stratosphere up to heights near 18 km. Radar measurements agreed well with

in-situ observations when the power of the radar echoes was used to infer turbulence

intensity. Due to the coarse radar height resolution during our study, however, the

spectral width of the radar return was shown to be significantly affected by spatial

gravity wave fluctuations, making the deduction of turbulence strength from spectral

lvidth measurements rather insensitive and impractical. An upgrade of the Buckland

Park VHF radar in April 2000 will enable measurements with increased height reso-

lution and allow studies of turbulence structures with much greater detail using both

the power and spectral width method.

Using the high-resolution thermosonde data, a strong correlation between the struc-

ture of the observed turbulence layers and the observed gravity wave field was revealed
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in a modeling study. A superposition of gravity waves with a vertical wave number

spectrum corresponding to the observed wind fluctuations could reproduce the ob-

served distributions of turbulent layer thickness and spacing in height. As the turbu-

lence layers correspond to wave breaking levels, and therefore interactions of the wave

field with the background atmosphere, our study indicates that wave superposition

effects are important for the realistic determination of wave breaking levels and wave

mean-flow interactions. It seems, therefore, important to include wave superposition

in future modeling and ray-tracing studies.

If gravity wave effects are to be successfully included in general circulation mod-

els, more information is required about the relative importance of different source

lrecLalislrs. The combined radar/thermosonde observations gave thc opportunity to

explore the wave field during a period when the jet stream was intense. By filtering

the radar wind field in height and time, we could detect an inertio gravity wave packet

in the lower stratosphere and deduce its wave parameters. Comparison with a numer-

ical model allowed us to tentatively identify its generation mechanism as geostrophic

adjustment of the jet stream. The increased transmitter power of the Buckland Park

radar after the upgrade in April 2000 will provide the possibility to monitor the lower

stratosphere with increased height and time resolution, and the future analysis of

more extended data sets could contribute significantly to our understanding of wave

generation mechanisms and their variability at locations where \Mave generation by to-

pography is of minor importance. Two-dimensional wavelet analysis could be applied

to the radar data to identify wave packets, and the time interval during which a wave

packet is observed at a certain height level could be used to estimate its intermittency

(in time). Furthermore, if the criterion for the Lagrangian Rossby number A!') catt b"

proven to be a reliable indicator of inertio gravity wave excitation, then numerical fore-

casting models could be used to gain some insight into the importance of geostrophic

adjustment as a wave generation machanism and the spatial intermittency of these

WAVES
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A VHF boundary layer radar: First results

R. A. Vincent, S. Dullawa¡ A. MacKinnon, I. M. Reid, and F. Zink

Department of Physics, University of Adelaide, Adelaide, South Australia, Australia

P. T. May
Bu¡eau of Meteorolory Resea.rch Centre, Melbourne, Victoria, Australia

B. H. Johnson
Atmospheric Radar Systems, Adelaide, South Australia, Australia

Abstract. The development of a novel VHF rada¡ designed to measure winds and

temperatures in the planetary bounda.ry layer is described. The rada¡ operates at 54.1 MHz

and is compact and ãasily transportable. The a,ntenna system consists of 12 Yagis grouped

into three iubarrays arranged in the fo¡m of an equilateral triangle. TÌansmission takes

place on the whole arra¡ and reception takes place on the three subarrays, with winds

measured by the spaced antenna technique over a height ra^nge between 300 and 3000 m.

Results from field trials conducted in southern Australia in a variety of meteorological

conditions are presented. Comparisons with high-resolution radiosondes launched from the

radar site show excellent agreement, with rms differences between radiosonde and rada¡

wind components being about 1.5 m s-1. Observations carried out in rain show that echoes

from precipitation a.re ãlearly distinguishable from clea¡-air echoes. Unlike UHF radars, this

-"*, that ve¡ticàl air velocities can be measu¡ed during precipitation, and the evolution of

dropsize distributions can be studied down to low altitudes. It is shown that temperatures

de¡ved from a radio acoustic sounding system ¿re meaÍiured up to heights near 2 km,

depending on background wind conditions.

1. Introduction
Stratosphere-troposphere (ST) rada¡s or wind pro-

filers a¡e powerful tools for atmospheric resea¡ch and

operational meteorology [e.g., Gcae, 1990]- While
the ST rada¡ field is relatively mature, development
has proceeded in step with advances in technolog'y.

In the last few years, the advent of cheap, powe!-

ful computers, together with inexpensive computer
memory for storing ran' data a¡d reliable solid-state
tra¡rsmitters, have opened up new possibilities for
ground-based rada¡ studies of the atmosphere- De'
velopmeuts iu conceptual techniques include the use

of interferometry to improve estimates of pointing

Copyright 1998 by the American Geophysical Union.

Paper number 98RS00828.
0048-6604/93/98RS-00828$ I 1.00

directions a¡¡d correct such important parameters as

vertical air velocity. The ultimate aim is to derive

as many atmospheric pa^rameters as possible in real

time to aid resea¡ch and forecasting.
The last decade has seen the development and

la,rgescale deployment of boundary layer (BL) pro
filers. These low-power systems have been designed

for the express purpose of observing many of the
important meteorological phenomena that occur in
the lowest part of the troposphere. Typically, fre'
quencies near 1 GHz are used for UHF boundary
layer radars. Examples a¡e the widely used radar
system developed at NOAA's Aeronomy Laboratory
whiclr uses a frequency of 915 MHz [e.g., Ecklunil et

ø1., 1988, L990; Carter eú ot., 1995] and the Lband
(1.357 GHz) system developed by the Kyoto Univer-
sþ group le.g., Hoshåguchi et ol., 1995]. Systems

such as these a¡e being used to investigate boundary
layer wind and temperature frelds and, since they a^re

sensitive to hydrometeors, the precipitation field.

845
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R¿da¡s operating in the lower VHF band (-59
MHz) have primarily been used to measure winds
to as high an altitude as possible, whidr requires the
use of physically large antennas and high transmitter
powers. However, effects such as long recovery times
in transmit-receive systems a¡rd reflections or ringing
in antennas and transmission cables mean that these
larger systems generally ca¡not make measurements
in the lowest 1-2 km of the atmosphere. However,
pioneering work by the Ftenctr group in Toulon show
that it is possible to use small antennas and make
useful BL measurements at VHF le.g., Crochet et oI.,

L994; Fillot et o1.,79971.

Operating at UHF ofiers many advantages. These
include (1) the use of antennas that a¡e physically
small but relatively la.rge compa,red with the rada¡
wavelength, so that narrow beams can be gener-

ated; (2) low external noise; and (3) the availabil-
ity of wide ba,ndwidths, which means good height
resolution. On the other hand, when precipitation
or heavy cloud is present, echoes from hydromete.
ors dominate echoes from the clear air, which makes
measurements of vertical velocity difficult. This is
a particular limitation when radio acoustic sound-
ing systems (RASS) a¡e used to measure atmospheric
temperatures at UHF with vertical pointing beams,
since the sound velocity should be corrected fo¡ the
vertical wind þ.g., Angeuine et ø1., L994al. Another
limitation with RASS at UHF is that the acoustic
frequencies (-0.8-t.6 KHz) suffer rapid attenuation,
which limits the upper height to which temperatures
can be obtained lMay et ol., 1988].

The advarrtages in operating at VHF include the
following:

1. Precipitation echoes a¡e compa,rable in strength
to, or weaker than, the clear-air echoes, and the pre'
cipitation a,nd clea¡-air echoes are usually well sepa-

rated in the Doppler spectrum. Hence a single VHF
rada¡ ca¡r simulta¡eously study the dyna,mics and
cloud microphysics of precipitating clouds le.g., Rø-
jopoilhyøyø et cL, 1993].

2. Measurement of the vertical gradient of the ver-
tical velocity gives the divergence of the wind field'
especially in storm conditions when the vertica,l me
tions and gradients a,re large.

3. VHF BL rada¡s a^re unlikely to suffer the prob
lems with conta,rrination by bird and bat edroes that
UHF BL rada¡s often encounter lWilczok et a1.,1995;
Møy, L995).

4. A VHF/RASS bounda,ry layer system should
also have a better height coverage than a simila¡ UHF

VINCENT ET AL.: A VHF BOUNDARY LAYER RADAR

system because the lower-frequency sound waves used
suffer much less attenuation.

Thus a SGMHz BL system has many advantages
for the study of shallow weather systems, such as

summertime cold fronts across southern Australia

lWilson ønd Stent,1985]. Other applications include
sea-b¡eeze fronts which trigger convection. Finall¡
there is much that we do not understand about scat-
tering processes from the atmosphere. Measurements
should be made at a range of frequencies in the VHF
and UHF ba¡rds to investigate these processes as well
as exploit the resea¡ch and operational potential of
all systems.

The Atmospheric Physics group at the University
of Adelaide has been developing rada¡s at MF/HF
aad VHF for studies of both the upper a¡rd lower
atmospheres. A major design goal has been to de'
velop systems that have as many features in common
as possible. Here we describe a VHF (54.1 MHz)
rada¡ that has been developed since 1994 for bound-
a^ry layei studies. The aim is to study winds a¡rd
temperatures in the lowest 2-3 km of the atmosphere
with good height a¡rd time resolution and to extend
the scope of boundary layer studies to include pre-
cipitation and vertical air motions in the presence

of precipitation. The overall system design is briefly
described in section 2, and some of the first wind a¡rd

$ASS measurements are presented and discussed in
section 3.

2. System Design
A number of factors were taken into account in the

development of the Adelaide VHF boundary layer
(Bt) radar. The prime requirements were that the
system should be flexible in operation, relatively easy

to transport, and power efficient so that it could be
used at remote sites. A lower height limit of about
300 m was specified, and it was required to measure
winds regularly to heights of.2-3 km in order to over-
lap with observations made with a ST VHF ¡adar
located at the Buckland Park field site lVincent et
ø1., 19871.

To actrieve these aims, the system shares a numbe¡
of features common to other rada,r systems receutly
developed by our group in Adelaide. In order to ob
tain high mean power it was decided to use a com-
pact, modular, solid-state tra¡¡smitter that is capable
of a high duty cycle (10%). The modula¡ nature of
the transmitter mea¡rs that transmit-receive anten-
nas can be configured in different ways to allow difier-



ent wind measuring techniques (e.g., Doppler, spaced

antenna, a¡d interferometric) to be investigated and
used as appropriate. A receiver a¡¡d data acquisition
system (RDAS) was developed with wide dynamic
range and sufÊcient amounts of memory (RAM) for
the temporary storage of raw data. The data a¡e
then downloaded to the host computer for online
analysis/permanent storage while the next sequence

of data is being acquired. For operational flexibility,
as many operating parameters (e.g., receiver gain,
height range, height increment, etc.) as possible are
placed under computer control. This enables a wide
range of experiments to be configured in software
and operated sequentially. System control and data
analyses are undertaken with a PC computer that is
easily networked. It is therefore both simple and in-
expensive to add more computing power as required.
Data a¡e analyzcd with a proprietary data a,nalysis

and display package and stored on disk for further
offline processing. R¿w data can also be stored for
later analysis in other ways.

2.1. Antenna Configuration
The low-height performance of 50-MHz ST sys-

tems is limited by the use of large antenna arrays
and problems associated with ringing after the t¡ans-
mitter pulse, which hampers receiver recovery. Thus
a VHF BL radar requires small antennas, which im-
plies wide beam widths, so that ground clutter and
interference to and from other operators may be a
problem. Fast transmit-receive switches must be
used and antenna ringing minimized to ensure recep-

tion at low heights. It was decided to utilize a spaced

antenna (SA) configuration so that only vertically
pointing beams a¡e used. This arrangement is more
compact than Doppler systems, and it eliminates the
height-smearing problem that occurs when obliquely
pointing wide beams a¡e used for Doppler sounding

lPillot et a1.,79971as well as potential problems asso-
ciated with anisotropic backscatte¡ which complicate
wide-beam Doppler measurements lfuõttger, 19841.

Another potential advantage of the S.A. configuration
is that the data can be used for interferometric stud-
ies as well as conventional spaced antenna wind mea-
surements. Interferometric techniques can then be
used to study the scattering irregularities and have
the potential to correct for possible contamination of
the vertical velocity measurements caused by tilted
layers II/incent and Rõttger, L980].

Figure 1 shows the a¡tenna configuration adopted
for initial measurements with the VHF BL system.
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The arrangement is a compromise between making
the subarrays as small as possible to minimize ring-
ing and large enough to ensure an adequate power-
aperture product. Three subarrays, each consisting
of groups of four threeelement Yagis, are arranged
in an equilateral triangle. The whole array is used
for transmission a¡rd each group is used for recep
tion. An equilateral triangle a^rrangement reduces
the chances of systematic biases in SA wind measure.
ments, as can occur if other configurations, such as a
right-angle triangle, a¡e used. The optimum spacing
of antennas in SA mode is when the mean cross cor-
relation at zero lag is about 0.5 [Briggs, 1984]. Pre.
liminary trials showed that the basic spacing should
be at least 1.5À (8.32 m), and this was chosen as the
initial spacing. A reevaluation of the spacing took
place a,fter the radar had operated in a variety of me-
teorological conditions, as discussed in section 3.1.

The configuration adopted ensures that grating
lobes on transmission a¡e not significant. Figure 2
shows plots of the one-way polar diagrams for the
receiving and transmitting arrays. The transmitting
array has a half-power half width of 10o, correspond-
ing to a,n effective area of about 250 m2, while the
respective values for the receiving antennas a¡e 18o

and about 80 m2. However, as Møy [1990] has shown,
the overall effective a¡ea ofthe system depends on the
scattering mechanism. For the situation of isotropic
volume-scatter the efiective a¡ea is given by

Aen=,?oTor= (1)(Ar + An)
where .4r and Ap are the respective areas for the
transmitting and receiving antennas. In this case,
Aeç x L20 m2. One problem with such relatively
wide beams is the possible effects of ground clutter,
but by suitably spacing and o¡ientating the Yagi an-
tennas it is possible to partly null out clutter a¡d
interference that arrive at low eler¡ations.

2.2. Operating Parameters

Table 1 summa¡izes the range of possible operating
para,meters. In the er¡aluation of the system a l-ps
pulse length was used to achieve the desired 150-m
range resolution, and a 2-MHz receiver ba¡dwidth
was selected to ensure that fast receiver recovery oc-
cu¡s and the desired lower height limif sf ¿þe¡t 300 m
is attained. A particular feature ofthe system is the
high degree of computer control of the system con-
figuration, such as height coverage, range resolution,
and so on. If necessar¡ a number of different ex-

VINCENT ET AL.: A VHF BOUNDARY LAYER RADAR
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periments can be progr¿unmed to take place in any
desired sequence. This is particularly useful while,
as at present, the optimum operating parameters for
SA wind and RASS measurements were being deter-
mined.

Initial tests suggest that in the spaced antenna
mode the operating parameters shown in Table 2
give satisfactory performance. These values give a
lower detectable wind speed of -1 m s-r and an up-
per limit of about 80 m s-1. With these settings the
mea¡ power is about 20 W, giving a power-aperture
product of at least 2500 IV m2. The complex ampli-
tudes ¡eceived at the three antenna¡¡ a¡e analyzed in
the sta¡da¡d method using the full correlation a¡al-
ysis (FCA) discussed by Briggs [1984]. The quality
of the data was assessed using the standa¡d criteria
desc¡ibed by Briggs [1984], although only data with
signal-tonoise ratios (SNR) greater than 0 dB (af-
ter coherent integration) were accepted, as modeling
studies show that the accuracy of SA wind determi-
nations decreases rapidly for smaller signal-tonoise
ratios [Ifolds w orth, 19951.
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Figure 1. Plan view of VHF boundary layer radar antennas

3. Initial Results

RASS SPEAKER
(ApFor.lstion)

Initial tests of the BL system were ca¡ried out at
the University of Adelaide's Buckla¡rd Park field sta-
tion (35"S, 138"E), where it is located immediately
adjacent to a VHF ST profiler lVincent et ol., Lg87l.
The site is very flat and upwind of any significa^nt to-
pography. However, the site is rather crowded with
buildings, antenna masts, etc., and there is the po-
tential for significant ground clutter, which can make
the detection of the clea¡-air echoes difficult. Fortu-
natel¡ clutter has not proved to be a major problem,
except at the lowest range gates of 300-450 m, and is
easily distinguished from atmospheric echoes by its
cha¡acteristic slow fading. A number of algorithms
are being tested to reduce the efiects of ground clut-
ter and intermittent clutter due to aircraft, including
the use of wavelet transforms [Jordan et aI.,lgg\.

In order to assess the performa¡rce of the radar,
a series of intercomparisons were made during the
period July 31 to September 26, L997, with simulta-
neous meff;urements made with high-resolution ra-
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0 Table 1. Operating Parameters of the VHF
Boundary Layer Radar

Pa¡ameter Value

ÊqÉ
à

()
ot
Ê
E()
N

ó

Eoz

-10

.20

Tiansmitter power

Tlansmit/receive switch

Antenna bandwidth
Receiver bandwidth*
Pulse length*
Manimum duty cycle
Sample height*

Pulse repetition frequency*
Coherent integration*
Digitizers
Signal averagers
Memory

3x350 W peak
envelope power
pa.ssive,

-1-¡¿s recovery time

-4MHz
2MHz to 250 kIIz
0.7-10 ps
lOTo

10Gm minimum,
25-m increments
up to 50 kHz
up to 4096 points
12-bir
24-b1t
1 Mbyte per receiver

40

-60
/' -60 o

ZenithAnglo
õ0

0

-10

*Softwa¡e selectable.

31 ar¡d August 1, campaign II took place between

September 12 a¡rd 15, and the final campaign oc-

curred on September 26, 1997. Results from all three
carnpaigns were used to evaluate the performance of
the radar, suctr as accuracy of wind measurements.

To illustrate the capabilities of the system, we focus

on some of the results from the first two campaigns,

which were conducted under very different weather
conditions.

Table 2. Typicat Spaced Antenna Pa¡ameters Used

in Campaigns

Pa¡a,rreter Value

trË
à
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Ê
Ë
o
N

6
É
E
o
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€0

-{0

-õ0

-60 z.oitfnogl" 60

Figure 2. Antenna polar diagrams. The solid lines
ind-icate the .B plane, and thJdashed lines indicale
the If plane. (a) Receiving antenna. (b) Ttansmit-
ting antenna.

diosondes (Vaisala RSSG 15) launched from Buckland
Park. Three ca,mpaigns were ca¡ried out in a va¡i-
ety of meteorological conditions, including significant
precipitation. Ca,rrpaign I occurred between July

Para,meter
Pulse repetition frequency*
Number of coherent integrations*
Number of data points Per samPle*
Height coverage*
Record length*
Ra,nge resolution*
Ma,:cimum lag*
Sa.mple rate

Value
20,480H2
1,024
1,024
300-3200 m
52.4 s
150 m
4s
0.05 s

(b)

I

I

I

tt
lt
lt
tt

*Softwa¡e selectable.
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3.1. Rada¡ and R.adiosonde \üind
Comparisons

A primary goal of the campaigns was to assess the
accuracy of the rada¡ wind measurements by compa^r-

ing them with radiosondes equipped with medium- to
high-resolution wind-finding systems. For ca,rnpaign

I a Global Positioning System (GPS) tracking sys-

tem was used, while for the campaigns sta,rting on

September 12 and 26, the balloons were tracked us-

ing VLF Omega navigation signals. For each flight
the radar winds at each 150-m range gate were aver-

aged over a period of 20 min, centered on the time at
which the balloon had reached an altitude of 1 km.
At least three rada¡ observations were required at a
given level to produce a mean value. No consensus

averaging fStrauch et oI.,19841 was used in produc-

ing the mean wind velocities. In all, there were 29

flights and 144 samples.

Figuré 3 shows scatterplots of the zonal (ø) and

meridional wind (u) components. It is apparent that
the observations a¡e highly correlated (r : 0.95),

with the points distributed reasotrably evenly around
the line of unit slope. Only in the case of the u

component are there any significant outliers, with
six points lying about 5 m s-r away from the line.
These points came from two consecutive soundings
in which there appeared to be significant curvature
in the wind field. Table 3 summa¡izes the results
of the comparisons. There a¡e two lines for each

wind component, with the second line correspond-
ing to the case where the two soundings mentioned
previously were discounted. TVhether these sound-

ings are included or not, the compa.risons are very
good, with rms differences between the rada¡ and

radiosonde winds being about 1.5 m s-I.
These results compare very favorably with the re'

sults from simila¡ studies. Many earlier compax-

isons were between profiler a¡rd radiosonde release

sites separated by many tens of kilometers, and so

some of the differences could be ascribed to spatial
variability. For example, Vincent eü øt [1987] com-
pared 50-MHz ST profiler winds measured at Buck-
land Pa¡k with radiosondes released from Adelaide
Airport, situated some 36 km to the south. They
found rms speed differences in the 2-6 km height
range of 3-4 m s-1. The most extensive intercompar-
ison using collocated soundings is that of. Weber ønd

Wuertz [1990], who compared 915-MHz profiler and

radiosonde obserr¡ations conducted at Stapleton Air-
port in Denver, Colorado, over a 2-year period. After

VINCENT ET AL.: A VHF BOUNDARY LAYER RADAR

Ë
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Figure 3. Scatterplot of wind velocities measured
by rada^r a¡rd radiosondes. (a) zonal component a¡rd
(b) meridional component. Lines of unit slope are
shown.
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editing their data to remove outliers, they found rms
component differences of about 2.5 m s-1.

There are fewer compa¡isons of bor.rndary layer
measurements. Hoshiguhi et al. [1995J report rms
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Table 3. Statistics of R¿diosonde/Profiler Comparisons for Zonal (u) and Meridional (u) Wind
Components

Correlation Mean Difference, ms-l Intercept, ms-l Slope RMS, ms-l

851

u

u

0.96
(0.e6)
0.94

(0.e8)

-0.05
(-0.10)
-0.47

(-0.13)

0.72
(0.74)
0.L2

(0.26)

0.86
(0.83)
0.93

(0.e4)

1.4
(1.4)
2.2

(1.3)

Profiler observations are averaged over 20 min from the time of launch of the radiosondes,

and comparisons were made at each radar range bin whenever there were three or more radar
observations in that bin. There were a total of 29 profiles for each instrument. The intercept
and slope refer to the weighted least squares fit straight line to the scatterplots shown in Figure
3, while the rms values indicate root-mea¡-square difference between radiosonde and radar data.
The values in parentheses refer to comparisons with two flights removed (see text).

component differences of better than 3 m s-r when

they compared Lband boundary layer profiler winds

with winds derived from radiosondes released from
the radar site. An extensive comparison using Tlop-
ical Ocean-Global Atmosphere/Coupled Ocean-At-
mosphere Response Experiment (TOGA-COARE)
data taken with 915-MHz profilers and radiosondes

reveals rms differences of less than t m s-1 [,Rld-
ille et øl-, 1996). Angeaine ond MacPherson 1L995)
compa.red 915-MHz profiler wind measurements with
simultaneous aircraft observations and found rms dif-
ferences ofless than 1 m s-1. The differences are site
dependent. For example, Mav [1995] found differ-
ences of -2-3 m s-r in a highly convective boundary
layer during the day in central Australia. Compar-
isons were even worse at night because of scattering
from bats.

The excellent agreement between the wind veloc-
ities measured here by the two technigues probably
reflects the low spatial variability inherent in this
comparison. As noted, Buckland Pa¡k is situated
on the flat Adelaide Plains upwiud of any significant
topography, so spatial variability was minimized as

the balloons drifted away from the site. It should
be noted, however, that this comparison ignores the
errors inherent in the radiosonde soundings. One fac-
tor that is often ignored iu these comparisons is the
smoothing required to reduce the efects of the pen-
dulum motion of the sonde package. This smoothing
acts as a low-pass filter that reduces the amplitude
of short-vertical-wavelength wind r¡ariations. The
length of the filter in the GPS-sonde measurements

was 60 s and was 240 s in the Omega-sonde wind
determinations. Given the -4 m s-l ascent rate of
the balloons, the effective height resolution of the
radiosondes is several hundred meters. This reduces
the small-scale wind variations relative to those ob
served by the radar. Some of the Omega-sonde data
r{'ere reprocessed with a shorter filter length of 150 s

to see how significant this effect was. The rms devia-
tion from the wind speeds processed with the normal
240-s filter was about 0.7-1 m s-r. As expected, the
deviations were largest s¡here the wind curvature was

greatest.
There are a number of factors that influence the ac-

curacy of radar wind measurements using the spaced

a¡rtenna technique. As noted above, the optimum
a¡rtenna spacing is where the spatial correlation is

about 0.5. Ground-pattern statistics obtained from
the full correlation analysis (FCA) were used to test
how well this was satisfied with the present arrange'
ment, as well as to provide other useful information
on the scattering irregularities. In the FCA, the
ground diffraction pattern is modeled as a series of
concentric ellipses of consta¡rt correlation, p. The size

and orientation of the cha¡acteristic ellipse for which
p : 0.5 a¡e convenient measures of the average pat-
tern scale and orientation. Pattern-scale statistics
obtained from spaced antenna measurements in the
three campaigns are summarized in Table 4' The
most probable r¡alue of 8.5 m is identical to the an-
tenna spacing of 8.3 m (1.5À), which shows that the
spacing was close to optimal. Table 4 also shows an-
other useful pattern parameter, the axial ratio, which
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Table 4. Cha¡acteristics of Ground Diffraction
Pattern

Most Probable Mean

VINCENT ET AL.: A VHF BOUNDARY LAYER RADAR

8.5
t.L25

is a measure of the elongation of the cha¡acteristic el-
lipse. The most probable and mean values are both
less than 1.5, which in practice means that the aver-
age pattern is not significantly difierent from circular
lWright and Pitteway, 1978].

Profiles of the pattern scale with height, such as
those given in Figure $ for the first two campaigns,
suggest that there is a òmall increase in pattern scale
with increasing height. As the pattern scale and
the angula.r spectrum or width of the backscattered
radiation are a Fourier transform pair [e.g., Briggs,
1992], this indicates that there is a na¡rowing of the
a.ngular spectrum with height and hence a cha.nge
in the aspect sensitivity of the scattering irregulari-
ties. In order to male a quantitative estimate of the
width of the angular spectrum it is necessa¡y to make
some assumptions about the angular dependence of
the antenna polar diagrams and of the angular spec-
tra. The almost circula¡ nature of the correlation
functions suggests that energy is backscattered al-
most uniformly from a¡ound the zenith and is just a
function of the zenith a^ngle rp. Assuming that the
a¡rtenna polar diagrams and angular spectrum have
a Gaussia¡r dependence and that the irregularities
are confined to na¡row layers, then the relationship
between the spatial correlation function and angular
spectrum has the simple form given by

p(r) : exp(-rs2or2), (2)

where so : sirlgo and r is the antenna separation in
rada¡ wavelengths lBriggs, 1992]. If

ø(s) x exp(-s2ls]), (g)

Gr(s) x oç(-s2ls|,),

Gn(s) x exp(-s2/sfi),

(4)

(5)

describe the angular spectrum s¡ of the irregula^rities
and, Gr and Gn a¡e the tra¡rsmitter and receiver po-

lar diagrams ¿ts a function of s = sinrp, respectively,
then

1111-;=--*-*-;s6 8l si sft

In the present crsq (pT : L2" æd pn = 21.8o, so,
f¡om the measured r¡alues of pattern scale, ps.5, it is
straightforward to estimate g¡,lhe angular width of
the atmospheric echoes.

The scale at the top of Figure 4 gives the conver-
sion of the pattern scale to a,ngular width. An infinite
r¡alue corresponds to isotropic scatter. The rather
naxrow angular widths observed in the lowest range
gates a.re probably caused by incomplete remor¡al of
slow fading clutter. However, the decrease in g¡ with
height is most likely real. There are at least two rea-
sons for the effect. First, the backscattering irreg-
ula¡ities may be more aspect sensitive in the more
stable free atmosphere above the well-mixed bound-
ary layer. Second, it is possibly a selection effect,
as irregula.rities which scatter energ-y preferentially
from overhead a¡e more likely to be observed by the
vertically pointing rada¡ at longer rarìges, where the
SNR are smallest.

l0 2Í)
Patte¡¡ Sc¡le (m)

s0

Figure 4. Vertical profiles of mea¡ pattern scale
for campaign I (solid line) a,nd campaign II (dashed
line). The scale at the top gives the angular width
of the baclcscattered edroes.
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3.2. Carnpaign I
During this period a strong high-pressure region

(-1035 hPa) was centered over the site. The BL
observations were interleaved with observations with
another rada¡ also undergoing tests at Buckland Pa^rk,

so the effective sample period was 2 min. Eleven

radiosondes were launched at intervals of approxi-
mately 3 hours.

Day and night profiles of potential temperature
and specific humidity g are shown in Figure 5. There
is a ma¡ked subsidence inversion clearly evident in all
profiles. The daytime boundary layer is reasonably
well mixed but contains a localized stable layer at a
height of about 800 m and a correspouding maximum
in specific humidity. The nighttime profile shows a

residual mixed layer overlying a typical ground-based
radiation inversion. Figure 6 shows the timeheight
cross section of the signal-tenoise ratios (SNR). Vat-
ues were smoothed over 30 min to reduce some of
the short-te¡m wriability. There is a clea¡ relation-
ship between the strong subsidence inversion and the
layer ofenhanced reflectivity, analogous to the results
of. Angevine et ø1. ll994bl with a 915-MHz profiler.
This orample is particula.rly clear compared with
typicaf 915-MHz estimates of boundary layer depth,
but it is not evident if it is the result of the difier-
ence in radar frequency or of the intense subsidence

853

0.üx o.(xxt
q (g kg')

inversion. The nighttime profiles show the growth of
a nocturnal inversion at altitudes below 400 m and

a fossil mixed layer (residual layer) that is very evi-

dent in g at heights below 1200 m. During the night,
there is no heating from below to produce turbulent
fluctuations of temperature and moisture (and hence

scattering irregularities) in the fossil mixed layer, a
condition ocacerbated by the light winds'

SNR (dB) 31 July-l August
20

3.0

10

1.0
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Figure 5. Vertical profiles of (left) potential temperatlrre ana (1ig$).specific.humidity
deñved from radiosonde soundings at 1206 LT (solid line) and 0206 LT (dashed line).
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Figure 6. Timeheight cross section of 30-min aver-
age sigual-tenoise ratios observed in campaign I.
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Meteorological parameters recorded during the ra-
diosonde ascents can be used to gain some insight
into rada¡ performance. The received power P¡ is
related to the range Ã and rada¡ reflectivity 4 by

.10 0
SNR (dB)

10 2,O
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Figure 8. Half-hour average horizontal winds mea-
sured between July 31 and August 1, 1997. A hatf
barb represents 2.5 D s-l, and a full barb represents
,_1Ðms'.
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The reflectivity is related to the turbulent refractive
index Cf;, which, in turn, can be expressed in terms
of the outer scale of turbulence and the gradient of
radio refractive index, M, where

M = -TT.oLo-6L 
(ry\' r\ôz )

(8)

['.ryQ-iffi)]2m0

rõ(X)

1(þO

6{X)

E

Ã
È¡
rÐ a¡rd z is height [VonZøndt et oI., L9781. Vertical pro

files of M2 werc constructed from profiles of temper-
ature ?, pressure p (measured in hectopascals), pe
tential temperature g, and specific humidity. The ob.
serrations were made with 2-s tine resolution, equiv-
alent to approximately 8-10 m height resolution.

Figure 7 compares SNR r¡alues in decibels observed
by the rada¡ and estimated from the radiosonde
soundings during both day and night conditions. The
range-corrected reflectivity profiles constructed from
the sonde values have been smoothed to give a height
resolution comparable to the rada¡ a¡d have been
increased by an a,rbitrary factor of 175 dB to bring
them into approximate coincidence with the rada¡

-20 -10 o
SNR (dB)

10 20

Figure 7. Vertical profiles of refractivity from ra-
diosondes (solid line) a¡d rada¡ (dashed line) mea-
surements for (a) 1200 LT July 31, 1997, a,nd (b)
0206 LT August 1, 1997.
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SNR (dB) L2-15 September 1997 clearly evident. The SNR plot shows little evidence

of the layering so evident in Figure 6, and this is
also evident in profiles of potential temperature and

humidity (Figure 11), which show a much smoother

r¡a¡iation with height than is evident in the profiles

in Figure 5. The high SNR means that there were of-

ten sufficient useful echoes to produce winds at most

times at heights between 450 m and 3000 m.
During this campaign, quite heavy rain fell on oc-

casion. The rain gave the opportunity to test the ca-

pability of the profiler to distinguish rain echoes from
the signals scattered from the clea¡ air despite the

expected large amount of spectral broadening due to
the wide beam width. That rain echoes ca¡r be de'
tected is illustrated in Figure 12, which shows stacked

plots of Doppler spectra normalized to the strongest
signal in each spectrum. The spectra, which we¡e

constructed by averaging nine spectra obtained in
a 16-min interval, show strong precipitation echoes

with downward velocities in the range 5-10 m s-l
in the height range between 500 and 2000 m. At
this time the precipitation system was quite shal-

low. Satellite measurements of cloud top temper-
atu¡es over Adelaide at this time were only about
-10oC, with deeper cloud about 300 km to the east.

The important point is that the clea¡-air echo can

be used to measure the vertical air velocity as a
function of height. The ability to distinguish the

clea¡-air a^nd precipitation echoes is also an impor-

3.0
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oo 12 00 12 00 L2
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Figure 10. Same as for Figure 8, but for cam-
paign U.
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Figure 9. Same as for Figurc 6, but for campaign II.
LT

values. It is evident that the profiles agree rather

well in shape and indicate that the time delays in the

radar system were calibrated reasonably correctly'

Both the sonde and radar profiles are characterized

by strong peaks at heights near 1500 m and very

weak reflectivities at night at heights between 500

and 1200 m.
The corresponding horizontal wind field is shown

in Figure 8. The winds were very light, rarely ex-

ceeding 5 m s-r. No winds were recorded in the

lowest range gate at 300 m due to slower recovery

in one of the receivers' However, winds were fre'
quently measured at the second lowest range gate at
450 m, and observations extended to heights near or
above 2 km. Noticeable gaps in the wind measure-

ments occurred during periods centered on 0000 and

1000-1200 LT on August 1. In the latter interval, no

winds were measured at heights nea¡ 0.5 km, despite

the fact that the SNR was nea¡ 10 dB. The cause

was the presence of stronger than average slow fad-
ing ground clutter superimposed on the atmospheric
echoes. This emphasizes the need for improved clut-
ter suppression. The gap centered on midnight was

caused by SNR values that fell as low as -20 dB in
the height range between 600 and 1500 m.

3.3. Ca.nrpaign II
The second case study centered on the passage of

a cutoff low across the rada¡ site. A time-height
cross section of SNR is shown in Figure 9, and Fig-
ure l0 shows the wind field, where its vortex nature is
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tant factor in the deconvolution procedures required
to deduce dropsize distributions l&ajopailhgoya et
ol., 1993]. All these factors illustrate the capabil-
ity of the VHF profiler for observing mesoscale de-
tail within weather systems, including vertical wind
measurements in rain.

3.4. RASS Measurements
In common with other profrler-based RASS sys-

tems, the Adelaide Bt RASS uses a FM CW acous-
tic excitation to ensure that a range of temperatures
can be measured [Møy et aL, 1990]. Pseudorandom,
sawtooth, and triangular sweep types are softwa¡e se
lectable, together with appropriate bandwidths and
dwell times to ensure a good match at the Bragg
frequency [Mag et aL, 1990; Angeuine et al.,lgg{al.
The use of fast digitizers, and limited amounts of
coherent integration give a^n effective sample rate of
320flz and ensure a Nyquist frequency significantly
higher tha¡ the acoustic echo. The power spectra
çemputed from the 1024 point sa,rrples at each height
encompass both the acoustic-echo peak nea¡ 120 Hz
a¡rd tbe clear-air echo nea¡ 0 Hz.

A uumber of difierent modes of operation of the
RASS have been evaluated. The acoustic source,
which is free running to ensure a flat spectrum over
the ra.nge of operation lAngeuine eü aL, 1994a], is
fed to a l-kW audio amplifier which drives a ver-

o.(m o.m2 o.(xx o.mo
q (g l¡c')

o.q)8 0.010

tically pointing stadium horn. Table 5 summarizes
the mode of operation currently in use. Data a¡e
recorded for 6.4 s and then transferred to the com-
puter; allowing for data transfe¡ and power spectral
analysis, the effective sample time is about 10 s. Usu-
all¡ about 20-30 spectra a¡e incoherently summed to
improve the signal-tenoise ratios, which mea¡s that
the time resolution of the temperature retrievals is 4-
5 min. The spectral parameters for the acoustic echo
are computed by the moment method, a¡rd the ver-
tical velocity derived from the clear-air echo is used
to correct the sound speed before it is converted to
virtual temperature le.g., Angeaine et o1.,1994aJ.

Comparisons with RASS measurements a¡rd vir-
tual temperatures computed from the temperature
and humidity profiles derived from collocated ra-
diosonde soundings a¡e shown in Figure 13. RASS
measu¡ements were made over a period of 15-20 min
nea¡ the time of the release of the sondes, and the
r¡alues shown a¡e the rèsult of averaging four to five
data sets so that the ba¡s give an idea ofthe degree of
ra,riability in the retrieved temperatures. ft is appa.r-
ent that the agreement is excellent. The plots also
illustrate that temperatures can be measured from
heights as low as 500 m to as high as at least 2500
m. However, they also illustrate some of the diffi-
culties that can be encountered with the present ex-
perimental setup. Bouer anil Peters [1993] and Moy

2ü 290 295
ltet¡ (Ð 3ü) 305

Figure 11. Velocity profiles of (left) potential temperature and (right) specific humidity
derived from soundings on September 13 at 1057 LT (solid line) and 2348LT (dashed line).
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ula¡ in nature so that it ca¡r be operated to use a
range of wind-measuring techniques. A notable fea-

tu¡e is that very useful wind a¡rd temperature mea-

surements were obtained with quite small antennas

for transmission and reception. The a¡tennas a¡e a
compromise between wanting to make them as small
as possible to minimize ringing and thus achieve the
desired lower height limit and making them large
enough to obtain sufficient gain to attain the desired
upper height limit and to reduce clutter and inter-
ference.

Initial measurements made with the new bound-
ary layer VHF rada¡ show that its performance meets

the design specifications, with wind and temperature
measurements being made with good accuracy on a
regula"r basis to over 2 km in altitude. The abil-
ity to distinguish rain echoes from the clea¡-air echo

has also been demonstrated. This is an important
attribute, which will allow the study of precipitation
dropsize distributions to be extended downwa¡d into
the bounda¡y layer. Overall, the performance com-
pares well with UHF profilers operating near 1 GHz
at a similar stage of their development [Ecklund et

al., 1990; Hashiguchi et al', L9951.

The next stage is to improve the height coverage'

Wind and temperature measiurements are made reg-

Table õ. Typical R¿dio Acoustic Sounding System

Operating Parameters

Parameter Value

1.0

0.5
0

5

Figure 12. Stacked Doppler spectra obtained be-
tween 0400 and 0416 LT on September 14, 1997. At

clear-air spec-
ves the vertical
position of the
vertical profile

of ¡elative echo power of the clea¡ air pea,k is shown
in the right panel.

et ol. [1996] have shown that the RASS signal is fo-
cused onto a diffraction-limited spot approximately
the size of the transmitting antenna. The small a¡r-

tennas used here mea¡¡ that the acoustic spot is also

small and is easily advected out of the radar beam by
the background horizontal winds. It was necessary to
carefully place the speaker upwind of the transmit-
ting array to ensu¡e the good height coverage evident
in Figure 13a. F\¡ture developments include multiple
acoustic sources.

4. Conclusions
He¡e we have discussed the development of a VHF

(50 MHz) boundary layer radar and illustrated its
capabilities with some of the ûrst results obtained
with the system. The system is compact a¡¡d mod-

Pulse repetition frequencY*
Numbe¡ of coherent integrationst'
Number of data points Per sarnPle*

Height coverage+
Rèco¡d length
Range resolution*
Nyquist frequency
Acoustic frequency range*
Acoustic porser
Acoustic excitation*

Acoustic steps*
Fbequency step*
Dwell time (per frequency steP)*

20,480H2
64
2,048
100-3100 m
6.4 s

150 m
160 Hz
118-126 Hz

-150'W
FM CW sav¡-
tooth sweep
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0.04H2
100 ms
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ularly to heights as low as 450 m and sometimes as

low as 300 m. Recent testing shows that it is pos-

sible to get to lower heights by using pulse lengths
of 0.75 frs and erçloiting the capacity of the sys-

tem to make observations with a 100-m range resG
lution. Similarl¡ the upper height limit is improved
by increa^sing the mean power, either by using pulse

coding or using longer pulses to give a 30Èm reso
lution. Using 300-m pulses, it has been possible to
acl¡ieve observations as high as 5000 m. It should
also be possible to use somewhat larger antennas for
both tra¡rsmission ar¡d reception, which will improve
the power-aperture product and hence over-all sys-

tem sensitivity. Tests of the system with these im-
provements a¡e now in progress, as ¿ì¡e tests using
interferometric techniques to better define the dom-
inant directions of scatter a¡d correct the vertical
velocities.
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\Mavelet analysis of stratospheric gravity wave packets
over Macquarie Island, I: \Mave parameters

Florian Zink and Robert A. Vincent
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Australia

Abstract. We describe a technique to detect gravity wave packets in high-
resolution radiosonde soundings of horizontal wind and temperature. The
vertical profiles of meridional and zonal wind speeds are transformed using the
Morlet wavelet and regions of high wind variance in height-wavenumber space

are identified as gravity wave packets. Application of the Stokes parameter
analysis to horizontal wind and temperature profiles of the reconstructed wave

packets yields the wave parameters. The technique was applied to twice-daily
radiosonde launches at Macquarie Island (55'S, 159"8) between 1993 and
1995.

1. Introduction

Gravity waves play an important role in driving the
circulation of the atmosphere as demonstrated in nu-
merical modeling studies lLindzen, l98l; Holton,1982;
Dunlcerton, 1982; Garcia and, Solomon, 1985]. Since
the resolution of general circulation models is usually
too coarse to adequately resolve gravity waves, several
gravity wave parameterization schemes have been devel-
oped to take these unresolved wave effects into account

fLindzen, I98l; Fritts and VanZ andt, 1993; Hines, 7997 ;

Warner and Mclntyre, 1999]. These models generally
require information about the gravity wave spectrum at
a certain source level which is then propagated through
the atmosphere. In a physically realistic model the
choice of this source spectrum is influenced by exper-
imental observations of the gravity wave field at the
source height and by the agreement of the parameter-
ized effects with measurements throughout the atmo-
sphere.

Many experimental campaigns have been conducted
to study characteristics and effects of gravity waves in
the lower, middle, and upper atmosphere over the last
decades. While some methods aim to directly measure
the momentum fluxes associated with the gravity wave
freld fVi,ncent and Re'id,7983; Fritts et al., 1990; Sato,
1994; Alenander and Pfister,1995], others try to obtain
information about the gravity wave activity from grav-
ity wave induced perturbations of the wind and tem-
perature fields. Radar winds have been analyzed in the
lower and middle atmosphere at several locations, but
the geographical coverage of these campaigns is rather
sparse. The increasing use of high resolution radioson-
des for operational soundings of the lower atmosphere,
on the other hand, has the potential to compile a global

climatology of gravity wave activity around the world

lHamilton and Vincent, 1995]. As each method can only
observe a part of the gravity wave spectrum, however,
different methods have to be used together to enable a
better understanding of the processes involved lAleran-
der,1998].

Methods to extract gravity wave parameters from
vertical profiles of wind (and temperature) usually rely
on the polarization relations for a single monochromatic
gravity wave. The existence of multiple waves in the an-
alyzed profiles might lead to erroneous results as demon-
strated, for example, by Eckermann anil Hocki,ng [1989].
It is, therefore, important to ensure that only a single
wave is present in the analyzed height profile. One pos-

sible step towards this goal is the decomposition of the
vertical profile into different height lSato,7994] or r,¡/ave-

length bands [Gonella,7972; Eclcermann and Vincent,
7989; Cho,1995]. The choice of a uniform width of the
height or wavelength bands, however, will favour the de-

tection ofwaves ofa certain scale. Narrow height bands,
for example, favour the detection of waves with small
vertical wavelengths, as a v/ave with large vertical wave-

length would appear as a trend in the background wind

lVincent et a1.,7997). Narrow wavelength bands, on the
other hand, imply large height intervals which opens the
possibility of the coexistence of different wave packets at
different heights in the vertical profile. The application
of wavelet analysis can solve this dilemma to a certain
extent, as it automatically adapts the window height ac-

cording to the wavelength under consideration, keeping
a constant ratio of wavelength to window height. The
detection of wave packets by wavelet analysis is, there-
fore, a more objective means for the detection of wave
packets than the decomposition of the vertical profile
into uniform height or wavelength bands. Furthermore,
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it also yields information about the height extent of the
gravity'"vavc packcts. This information will be used in a
companion paper lZi,nk and Vincent, this issue], to gain
some insight into source intermittency, i.e. the fraction
of time the gravity wave source emits waves of a certain
frequency and wavelength.

In this paper, we develop a wavelet-based method to
decompose vertical profiles of horizontal wind into grav-
ity wave packets. While wavelet analysis has been ap-
plied to wind and temperature fluctuations in the atmo-
sphere previously lSato and, Yamad,a, 1994; Chen et al.,
1995; Shi,momai, et al., lgg6l, these studies mainly con-
centrated on the changes of the wavelet spectrum with
time or height, and less on the packet structure of the
gravity wave field. Section 2 gives a short definition
of the wavelet transform and describes its application
to the extraction of wave packets and their character-
istics from ra,diosonde da,ta. Tn Section 3 we apply the
algorithm to two years of radiosonde data from Mac-
quarie Island and discuss the deduced gravity wave pa-
rameters. We end the paper with a short summary and
conclusion in Section 4. The relevant gravity wave dis-
persion and polarization relations are derived in the Ap-
pendix.

2. The \Mavelet transform

2.1. Basic formalisrn

In this section we give the definitions necessary to
implement the wavelet analysis described in this pa-
per. For a more detailed description and a review
of wavelet applications in geophysics see Kumar and,

Foufoula-Georg'iou [1997] and references therein.

The term wavelets refers to a family of small waves
generated from a single function g(z), the so-called
mother waveiet, by a series of dilations and transla-
tions. A sufficient condition for a function g(z), real or
complex, to qualify as a mother wavelet is admissibility,

., - [** 9 
-!Ð!o*. 

*, (1)cg - I" J_* l*l
where G(rn) is the Fourier transform of g(z). If g(z) is
an integrable function, it only has to be oscillatory, of
finite energy and with an average value of zero to fulfill
this criterion.

The continuous wavelet transform of a real function
f (z) wifh respect to a given admissible mother wavelet
g(z) at scale ¿¿ and dilation á is then defined as

I /+æ z-hw¡(a,b)::l rQ)s.(:)dr, (2)
a J_* a

where ¿ > 0, ò € R, and * denotes the complex con-
jugate. The wavelet transform gives the correlation be-
tween the original function f(z) and the scaled and
translated version of the mother wavelet, S(+), i.e.
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it measures how well the two signals match. The trans-
form can also be expressed in Fourier space as

w¡(a,b): : [** G.(am)F(m)expí^b dm, (g)()* ,a^ J _æ

Admissibility is required to make sure that the origi-
nal function f(z) can be reconstructed from its wavelet
transform withont any loss of information. This recon-
struction can be accomplished by summing scaled and
translated versions of the mother wavelet appropriately
weighted with the wavelet coefficients W¡(o,,b):

.r(z) : ; 1".* I-J 
*,r,aorltff (4)

The continuous wavelet transform (2) is calculated for
all points of the ø > 0 - b € R-plane and shows a
high degree of redundancy. Due to this redundancy
it is possible to reconstruct the original function using
a completely different mother wavelet, e.g. the delta
function lFarge, 7992]:

lQ): * 1".* 
w¡(o,)!, (5)

where

lo**
(6)cõ: W¿

d¿ar0);

With the normalization chosen above, the modulus
square of the wavelet coefficients, E(a,b) = lW¡(a,b)12,
can be interpreted as an energy density, at least for
bandfilter-like mother wavelets. The total energy of the
signal is given by

EL,L = ! [** [** 
"(o,b)db4. 

(T)coJo J-* a

An important point in the application of the wavelet
transform to real world data is the choice of a suitable
mother wavelet. As the horizontal wind perturbations
u' and u' of a gravity wave packet are essentially ampli-
tude modulated sine waves, the Morlet wavelet seems

to be an obvious choice. It has the representations

SQ) : 
"n't 

n'""-1
( m - 5.4)2

G(m) : t/2re-'-----

(8)

(e)

in real and Fourier space, respectively. As a progressive
wavelet, the Morlet wavelet has non-zero contributions
only for m ) 0, i.e. its real and imaginary parts are
90o out of phase. The relation between wavelet scale ø

and equivalent Fourier wavelength À of a certain mother
wavelet can be derived by wavelet transforming a sine
wave of given wavelength À lMeyers et a1.,1993). In the
case of the Morlet wavelet (8) it is given by ), : I.74o,.
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The Morlet wavelet is not orthogonal and the wavelet
coefficients are not independent. This means that the
total energy of a superposition of different wavelets is
not necessarily equal to the sum of the energies of each

of the wavelets. The choice of an orthogonal wavelet
would resolve this problem, but one has to keep in
mind that the propagation of gravity waves through
the atmosphere includes nonlinear saturation effects.
The proper treatment of these nonlinear effects requires

knowledge about the peak amplitudes of the gravity
wave packets as physical entities. While the wavelet
coefficients of an orthogonal wavelet transform are in-
dependent in the mathematical sense, several of these

coefficients have to be used together to represent an ac-

tuai physical wave packet and to reconstruct its peak

amplitude. We, therefore, find it more convenient to
decompose the wind field using basis functions with a
strong resemblance to the physical gravity wave pack-

ets. The assumed similarity of the physical wave packets

with the Morlet wavelet also facilitates the extraction
of wave parameters.

2.2. P r actical irnplernentation

The calculation of the wavelet transform was per-

formed in Fourier space using (3) and implemented as

follows:

First, the real data series /(z) is padded on both sides

to avoid wrap-around effects. The number of points to
be added depends on the largest wavelength to be con-

sidered. Equation 2 states, that the wavelet transform
for a scale ø at position b is given by integrating over the
product of the data series /(z) and the wavelet of scale

ø with its center at b. As the Fourier transform assumes

periodicity of the transformed data series, any overhang
of the wavelet at the end of the data series is wrapped
around to the start of the data series, leading to unde-
sirable contributions to the integral. If we assume the
Iargest scale wavelet to extend over a length of approx-
imately Ll2 on each side of its center, the data series

has to be padded with this length to avoid any wrap-
around effects. This padded data series is then Fourier
transformed and, for each scale ø of interest, multiplied
by the Fourier transform G(am) of the scaled mother
wavelet. Inverse Fourier transforming and unpadding
then yields the complex wavelet transform W¡(o,ò). Its
real part contains the data series /(z) bandpass filtered
according to scale ø, and its imaginary part a 90" phase-

shifted version thereof. Its modulus corresponds to the
envelope of the bandpass-filtered signal. Figure 1 gives

an example of the wavelet transform of a hypothetical
wind profile using the Morlet wavelet.

2.3. Application to radiosonde data

In order to detect wave packets in the horizontal
wind data, we first calculate the wavelet coefficients
Wu(a,z) and W,(a,z) of the vertical profiles of zonal

Figure 1. Example of the wavelet transform of a hypo-

thetical wind profile using the Morlet wavelet. a) The
hypothetical wind profile, padded to avoid wrap-around
effects. b) Wavelet transform of the profile in a) for a
certain scale ø. The solid line represents the real part,
the dashed line the modulus of the transform. c) Sur-
face plot of the modulus of the wavelet transform as

a function of wavelength and height. The four wave

packets are clearly resolved.

and meridional wind components,u(z) and r.,(z), respec-

tively. Then v/e scan the surface S(a, z) : lW,(a, z)12 +
lW,(o, z)12 for local maxima (cf. Figure lc). Only max-

ima exceeding a certain threshold Sthr".h are retained in
the further analysis. For each of these maxima the ex-

tension of the corresponding '\¡/ave packet is recorded.
The boundaries (21, 22 and a1,a2 for height and scale,

respectively) are determined by scanning the surface

S(a,z) descending from the maximum at (ø-.*,2-"*)
until it drops to a value åS(o-"*,4-.*) or starts rising
again.

The wave packets can now be reconstructed by adding
up the complex wavelet coefficients of all contributing
scales ø1 . . . a2 at each height zt . . .22 for u, u, and ?
(Equation 5). The resulting profiles now contain the
isolated wave packet as their real part, and its 90o

phase-shifted (i.e. Hilbert transformed) version as their
imaginary part. We use the full width half maximum

3

a)

b)

c)
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of the horizontal wind variance of the reconstructed
r,vave packet as its vertical extension. The horizontal
and vertical pr-opagation directions of the wave packet
are extracted by Stokes parameter analysis fVi,ncent
and, Fritts,7987; Eckermann and, Vincent, 1989; Eck-
errnann) 19961. The ambiguity in the horizontal prop-
agation direction is resolved using the phase differences
between temperature and horizontal perturbation ve-
locities (Ai2). The intrinsic frequency ô is obtained
from the ratio of the average horizontal perturbation
velocities parallel and perpendicular to the wave prop-
agation direction (A.10) , and the horizontal wavenum-
ber is given by the dispersion relation (see Appendix).
Hodograph analysis uses polarization relations for a sin-
gle monochromatic gravity wave to infer the intrinsic
frequency and orientation of the analyzed wave packet.
Eclcermann and Hocking [1989] demonstrated that in
the case of multiple wave packets the inferred intrinsic
frequency can be an effect of wave superposition and
might indicate azimuthal directionality in wave propa-
gation râther than mean frequency. The wavelet based
method described here, however, isolates wave packets
in wavenumber and height. Therefore, the possibility of
multiple wave packets in the hodograph analysis is much
reduced compared to more traditional Fourier methods,
where the whole height range is analyzed as a single
wave. The analysis of a single radiosonde sounding,
however, does not allow filtering of the observed oscil-
Iations in frequency. It is, therefore, important to keep
in mind, that it is not possible to distinguish different
wave packets in a hodograph if they agree in vertical
wavenumber.

If two ',¡/ave packets are close in height-scale space,
the boundaries used to reconstruct the wave packets
might overlap, i.e. certain '¡/avelet coefficients might
be used for the reconstruction of more than orre wave
packet. In these cases, the horizontal wind variance cor-
responding to these wavelet coefficients is divided be-
tween the reconstructed wave packets in equal parts in
order to conserve the total wind variance.

3. Observation of stratospheric gravity
waves over Macquarie Island

3.1. Radiosonde Data and Background
Atmosphere

Macquarie Island (55'S, 159"E) is situated approxi-
mately 1500 km south of Tasmania in the sub-antarctic
storm track. It is aligned north-south with a length of
34 km and a maximum width of 5.5 km. Its maximum
height is 433 m above sea Ievel lCroltn, 1986]. The winds
at Macquarie Island are predominantly eastward with
a high frequency of gales. A front or depression center
passes tlre island every 5 or 6 days lStreten,7988].

The Australian Bureau of Meteorology has a weather
station on the north part of the island. Operational
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Figure 2. Monthly mean profiles of horizontal winds
and temperature over Macquarie Island.

radiosonde soundings are usually performed twice daily,
and the sondes reach typical heights of about 25 to 30

km. Every two seconds the radiosondes (Vaisala RS 80-
15) measure the current values of pressure, temperature
and humidity. After filtering and smoothing they are
recorded at 10 s intervals at the ground station. With
an average balloon ascent rate of 5 ms-1 this results in a
height resolution for the temperature profile of about 50

m. The finite response time of the temperature sensor
attenuates high wavenumber fluctuations to a certain
extent. Although it is possible to compensate for this
efrect lAllen and Vincent, 1995], no attempts were made
in the present study. The acculacy of the temperature
measurements is specified as t0.1o C rms. The zonal
and meridional wind components, calculated from the
radiosonde position over time, are reported every 10

s. After outlier removal a cubic spline is fitted over a
running window of 130 s, corresponding to an actual
height resolution of about 650 m. Wind fluctuations at
scales smaller than this will therefore be attenuated in
some way. Note, that this fitting interval was changed
to 250 s (1250 m) at the end of January 1994. The rms
random errors in each wind component are believed to
be about 0.5 ms-1. It is important to keep in mind

06
93



WAVELET ANATYSIS OF GRAVITY WAVES,I

that the different treatment of temperature and wind
data can distort amplitude and phase relations between
these data sets.

Due to the finite ascent rate of the balloon, the grav-
ity wave field undergoes changes while the profiles of
wind and temperature are gathered (with an ascent rate
of 5 ms-1 a launch to a final height of 30 km takes about
100 min), and the sonde itself experiences a horizontal
drift. As we are not interested in the phase relation
between packets in different height regions, we do not
require different packets to be sampled simultaneously.
We only require that the time taken to sample a certain
coherent wave packet is small compared to its period.
Deviations from an instantaneous, vertical profile are

generally assumed to be insignificant if the mean winds
are less than about 50 ms-l lGardner and Gardner,
1ee3l.

Figure 2 presents the monthly mean horizontal winds
and temperature over the analyzed time period. The
monthly mcan profilcs wcrc calculatcd as thc aver
age over all radiosonde launches within that particular
month. The zonal winds are particulally strong dur-
ing winter (April to October) and reverse sign above 22

krn during summer (November to March). The mean
meridional winds are much weaker with an amplitude
of less than about 5 ms-1. The variations in background
temperature are most significant in the stratosphere and
the tropopause is at a height of about 10 km throughout
the whole year.

3.2. Gravity Wave Parameters

The wavelet analysis of the gravity wave field was
performed starting at a height of 12000 m MSL using
wavelengths À¿ :450. .r'i/8,'i - 0...39. The profiles
of u, u, and T were prefiltered with a fifth order But-
terworth filter with half-power points at 450 m and
11000 m or the height extent of the radiosonde data,
whichever was less. The parameter ,5¡1r."rh was selected
as 0.01 m2s-2. Results here are given as averages per ra-
diosonde flight and function of wavelength or height. In
forming these averages the height (and, therefore, wave-

length) coverage of the contributing radiosonde flights
was taken into account.

Figure 3 shows the average monthly horizontal wind
variance (u'2 + u'2) as a function of height for upwards
and downwards propagating gravity wave packets. The
vertical propagation direction of the wave packets was

obtained from the Stokes parameter analysis as the
sense of rotation of the hodograph, with anti-clockwise
rotation with increasing height indicating upwards en-

ergy propagation in the Southern hemisphere. The de-

crease in variance from January 1994 on is probably due

to the increased phase fitting length. Note that we here
present the gravity wave activity in terms of horizontal
wind variance since this variable is directly accessible

by measurement and does not depend on other inferred

Figure 3. Monthly averaged horizontal wind variance
(u'2 + u'2) as a function of height and time for upwards
(top) and downwards propagating gravity wave packets
(bottom).

gravity wave parameters like, for example, wave action
does.

In our analysis we will mainly concentrate on the
height region from 20 to 28 km, as the waves in this re-

gion are important for the wave-mean wind intelactions
in the middle and upper atmosphere. As will be seen

Iater, waves detected below this region are filtered to
a certain extent during their upward plopagation. The
two phases to be considered are summer (November to
March) and winter (April to October). Between 40 and

60 soundings per month reached a height of above 20

km and could be used in our analysis.

Figures 4 to 6 summarize the parameters of the grav-
ity waves detected in the height range 20 to 28 km
for upwards propagating gravity waves in summer and
upwards and downwards propagating gravity waves in
winter, respectively. The statistics for downwards prop-

agating gravity waves during summer are too poor to
form reliable parameter estimates. The top panels of
Figures 4 to 6 present the horizontal wind variance as

a function of intrinsic horizontal propagation direction,
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6

the ground-based horizontal group velocity

(10)

and histograms of the ground-based zonal horizontal
phase speed

cphase,zonal: 
k";.(Ð' 

(11)

where iÞ is the propagation direction in the mathemat-
ical sense, i.e. in degrees anti-clockwise from east. The
group velocity is important for ray-tracing studies to
find the origin of the observed wave packets. For each
detected wave packet c* is represented by a point in the
top middle diagram. The bottom panels of Figures 4 to
6 show the horizontal wind variance of the wave field in
histogram form as a, fr,rnction of intrinsic frequency and
vertical and horizontal wavelength, respectively. The
vertical and horizontal wavelengths are binned logarith-
mically to take the proportionality Arn x rn of the
lvavelet analysis into account. The observed wave field
is clearly dominated by low-frequency (inertio) gravity
waves with an average horizontal wavelength of several
hundred kilometers. A shift to higher intrinsic frequen-
cies is evident in winter, when large zonal wind speeds

occur. The horizontal wind variance peaks at verti-
cal wavelengths around 4 km. Keep in mind, however,
the choice of our high wavelength cutoff of 11 km and
that the filtering performed by ihe radiosonde equip-
ment attenuates wavelengths less than about 1 km. The
mean vaiues of intrinsic frequency, horizontal and verti
cal wavelength, and groundbased zonal phase speed are
given in Table 1.

3.3. Discussion

3.3.1. Seasonal variation of total gravity wave
variance A closer look at the total gravity wave hor-
izontal wind variance and the zonal background wind
speed averaged over the height range from 20 to 28 km
as a function of time reveals a good correlation between
these two variables (Figure 7). Both show a clear an-
nual cycle with maximum values of about 9 m2s-2 and
60 ms-1, respectively, in July/August and minima of
about 3 m2s-2 and -5 ms-l, respectively, around Jan-
uary. A similar annual cycle of gravity wave activity has
been observed at a multitude of sites in the mid- and
highlatitudes in both hemispheres lAllen and Vincent,
1995; Eckermann et al., 1994]. Different mechanisms
exist to explain this seasonal variability:

Source strength: Changes in wave generation at the
source level will lead to variability in wave activity at
higher altitudes. Well-known sources of gravity waves
in the lower a,tmosphere a,re topography l,9m,i,th, 1985;
McFarlane, 1987; Hi,nes, 1988; Nastrom and, Fritts,
1992], thunderstorms fFouell et a1.,7992; Pf,ster et al.,

Figure 7. Total horizontal gravity wave wind variance
(dashed) and zonal background wind speed (solid) av-
eraged over the height range from 20 to 28 km as a
function of time.

7993; Alerander et al., lgg5l, fronts [Friúús and Nas-
trorn ,1992; Griffiths and Reeder,7996; Reeder and Gri,f-

fiths,7996], wind shear lLalas and Einaudi,1"976; Chi,-

nl,onas and Grant, 7984; Fritts,1982] and geostrophic
adjustment lSchubert et al., 7980; Uccellini and Koch,
7987; Duffy,7990; Fritts and Luo,7992; Luo and Fritts,
1993; O'Sulliuan and Dunkerton,1995]. While topog-
raphy, convection and wind shear are believed to gener-
ate mainly high-frequency waves lFritts and, Luo, 19921,

the most energetic gravity waves in our case study are
those with frequencies close to the inertial frequency

f . This is in good agreement with many other ob-
servations fVincent, 7984; Sato, 7994; Nastrom et al.,
1997]. Even though the predominance of inertia-gravity
waves might be an observational selection effect of the
radiosonde equipment fAlerand,er, 1998], the observed
\¡/aves could have been generated by geostrophic adjust-
ment and frontogenesis, both of which excite waves with
near-inertial frequencies lFritts and Luo, 7992; Griffiths
anrl Reeder, 1996; O'Sulliuan and Dunkerton, 79951.

In the simulations of Grffiths and Reeder 11996] the
inertio-gravity waves generated by the frontogenesis had
vertical wavelengths between 2 and 10 km and horizon-
tal wavelengths of several hundred kilometers, in good
agreement with our observations. Evidence supporting
geostrophic adjustment as a generation mechanism for
stratospheric waves over Macquarie Island was given by
Guest et al. 12000), who could ray-trace gravity waves
observed during a campaign in October 1994 backwards
in time to their origins near the polar jet.

Bacleground atmosph,ere: If we assume no explicit
depenclence of the backgrouncl atmosphere on horizon-
tal position r and y and time ú, then the horizontal
wavenumbers ,k and I and the ground-based frequency
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Figure 4. Parameters of upwards propagating gravity waves in the height range 20 to 28 km during summer
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a, are constant along the ray of each wave packet. The
intrinsic frequency ô as a function of height is then

û(z):u-u(z)k-u(z)l (t2)

and the vertical wavenumber m(z) is given via the dis-
persion relation. In summer # a O and waves propa-
gating westwards (k < 0) are Doppler-shifted to lower
intrinsic frequencies as they reach higher levels. Their
vertical wavelength, therefore, decreases with height. If
their intrinsic frequencies drops below the inertial fre-
quency / these waves will be critically filtered. In win-
ter, on the other hand, $| ) 0 and westwards propa-
gating waves are Doppler-shifted to higher intrinsic fre-
quencies and wavelengths. If their intrinsic frequency
reaches the turning frequency these waves will be re-
flected. Due to the limited bandwidth of our analy-
sis methods, however, waves will be shifted out of the
observable vertical wavelength range before they en-
counter critical or turning levels. Nevertheless, the ef-
fect of critical level filtering can be observed in the hor-
izontal wind variance for upwards propagating waves
during summer at a height of approximately 20 km,
where the zonal wind reverses sign (Figure 3 top). Ob-
servations of similar modulation of gravity wave vari-
ance by the background wind were made by Whi,teway
and Duck [1996, 1999].

The wind variance of a wave packet will change even
if it is shifted within the observable vertical wavelength

Horìzontol woveleng[h (km)

range. In the absence of dissipation, the amplitude of a
wave packet along its ray is determined by the conser-
vation of wave action flux lLighthil, 7978]

A¡ : cs,z# : .orrr,., (13)

where cs," is the vertical group velocity and E the total
energy density,

1

n = )pfu" + un + ulr- + Nz(2). (14)2"
Here (/ is the wave-induced vertical displacement of
the air parcel from its equilibrium. Due to the den-
sity decreasing exponentially with height, the horizon-
tal perturbation velocity of a wave with constant in-
trinsic frequency grows exponentially in amplitude. If
the intrinsic frequency is increasing with height, how-
ever, the (horizontal) wave amplitude will grow less

than exponentially; if it is decreasing with height, it will
grow more than exponentially. Eckermann [1995a] used
this effect of background winds on vertical wavenumber
spectra to explain the occurrence of attenuated spectra
in several experimental observations. He was also able
to model seasonal changes in wave activity due to vari-
ability in background temperature and, hence, density

lUckermann, 1995b]. Similarly, Alenander [1998] could
explain the variations in gravity wave activity at mid-
Iatitudes with effects of the background atmosphere on
a constant source spectrum.

Verlicol wovelenqlh (km)

Figure 6. Parameters of upwards propagating gravity waves in the height range 20 to 28 km during winter
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Table 1. Mean values of gravity wave parameters

(cph,"",,o..r) (ô) %r l(m) 2r l(k¡")

winter

summer

15.3 m/s
27.1mls
6.4 mls

3.1 f
3.7 I
2.3 f.

4.2km
4.1 km
3.9 km

431 km
319 km
547 km

upwards
downwards
upwards

The observed seasonal dependence of gravity wave

activity is, therefore) not necessarily indicative ofsource
variability and might be largely explained by the propa-
gation of a constant source spectrum through a variable
background atmosphere.

3.3.2. Seasonal variation of downwards propa-
gating gravity wave variance As mentioned above,
increased wind speed will shift the intrinsic frequency
of gravity waves propagating against the wind to larger
values. Such a shift of the intrinsic frequency distribu-
tion to higher values is evident in winter from Figures 4
to 6. If the wind speed and, hence, the frequency shift
is large enough some waves will reach their turning fre-
quencies and be reflected. Figure 8 reveals a good corre-

lation between the absolute background wind speed and

the horizontal wind variance of the downwards propa-
gating waves as a function of time. For background
wind speeds of about 50 ms-l during the stratospheric
winter jet, the horizontal wind variance reaches values

of up to 4 m2s-2, while the wave activity almost ceases

during summer, when the atmosphere in the analyzed
height range is basically at rest.

Allen 17996) found a similar increase in the fraction of
clockwise rotating wind component during winter, when

strong mean winds prevail in the stratosphere over Mac-
quarie Island. Following Eckermann et al.17994], Allen,
however, attributed this increase to a change in fre-
quency distribution rather than in ratio of downwards
to upwards propagating gravity wave energy. He argued
that the intrinsic frequency of an upwards propagating,
zonally aligned gravity wave is Doppler-shifted by the
zonal mean winds. This Doppler-shifting to higher fre-
quencies reduces the axial ratio of the hodograph ellipse
and results in an increased fraction of clockwise rota-
tion. Even though the wave packet is upwards propa-
gating, rotary spectral analysis would regard that frac-
tion of its horizontal wind variance as downwards prop-
agating. In our analysis, however, the total horizontal
wind variance is counted as either upwards or down-
wards propagating, depending on the anti-clockwise or
clockwise sense of rotation of the hodograph, i.e. the
sign of the Stokes parameter Q. Therefore, the argu-

Figure 8. Horizontal wind variance of downwards
propagating gravity waves (dashed) and absolute back-
ground wind speed (solid) as functions of time.

ment of Eckermann et al. 17994] can no longer be ap-

plied and we believe that in our case we really deal

with downwards propagating gravity waves. It is im-
portant to note that wave reflection can occur at fre-
quencies much lower than the buoyancy frequency N if
the density height terms are retained in the dispersion
relation (47), i.e. if the Boussinesq approximation is

not applied. Figure 9 shows the turning frequency as

a function of horizontal wavelength for a density scale

height of 6500 m and a buoyancy frequency of 0.02 $
at Macquarie Island for a compressible (dashed) and in-
compressible (solid) atmosphere. The turning frequency
at horizontal wavelengths of several hundred km as ob-

served in this study is reduced to as little as one tenth
of the buoyancy frequency l/. The local buoyancy fre-
quency encountered by a wave propagating through the
atmosphere can be substantially reduced compared to
the mean background value by waves of large vertical
wavelength. These large vertical wavelength waves can

act as a background atmosphere for waves of smaller
vertical wavelength, in a manner similar to that de-

scribed by Hines [1991]. The observed variation in
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pressible (solid) atmosphere.

Figure 10. Contour plot of vertical wavelength as

a fulcLion of horizorrtal waveleugth arrcl irrtrinsic fre-
quency. The numbers on the contour lines are the ver-
tical wavelength in meters. The thick line corresponds
to the turning frequency.

wind variance of down',¡/ards propagating waves might
thus be explained by reflection of waves from levels of
high background wind speed and low local buoyancy
frequency. Generation of downwards propagating waves
by geostrophic adjustment of the stratospheric jet could
also explain our data.

3.3.3. Preponderance of low-frequency grav-
ity waves As seen above, inclusion of the density
height terms in the dispersion relation can significantly
reduce the range of intrinsic frequencies over which wave
propagation is possible. If we furthermore consider the
imposed wavelength cutoff at a vertical wavelength of
11000 m, the maximum observable intrinsic frequency
as a function of horizontal wavelength is again drasti-
cally reduced (Figure 10). The preponderance ofinertio
gravity waves in our data could, therefore, be an obser-
vational selection effect. On the other hand, it could
be understood if the main generation mechanisms are
frontogenesis and geostrophic adjustment, as indicated
above.

Topography, however, is another possible generation
mechanism at Macquarie Island, that may generate high
frequency \rr/aves: 

.When 
the air stream is deflected by

topographical obstacles gravity waves with horizontal
wavelengths similar to the scale of the obstacles can be
generated. Due to their small horizontal wavelengths
these waves can be Doppler-shifted to large intrinsic
frequencies when they propagate to regions of large
background wind speed. Evidence for the generation of
gravity waves by topography is given by Mitchell et aL

[1990], who report the common occurrence of lee-wave
clouds in satellite images of Macquarie Island, which
can extend hundreds of kilometers to the east of the

island under favourable conditions. Schoeberl 11985]
calculatecl the dominant horizontal wavelength of the
gravity wave spectrum forced by a bell shaped mountain
ridge of equivalent mountain half width o, as 2Ta. Con-
sidering the prevailing eastwards winds at ground level
at Macquarie Island and a half width of the island be-
tween 1 and 2 km, the dominant horizontal wavelength
lies between about 6 and 13 km. The minimum horizon-
tal wavelength of zonally aligned, stationary (i.e. ø : 0)
gravity waves that can propagate through a gradually
changing background atmosphere is given by (12) with
ø: I :0, i.e.

\h,rnir:2rulN, (15)

resulting in a minimum horizontal wavelength of moun-
tain waves in the lower stratosphere over Macquarie Is-
land of around 15 km. A significant portion of the gener'-

ated mountain waves is, therefore, iikely to be trapped
in the troposphere and unlikely to contribute to our
studies.

3.3.4. Propagation directions
The variance-weighted intrinsic propagation direction
of the observed gravity wave packets is predominantly
south-southwest-wards during winter and nearly isotropic
during summer) as illustrated in Figures 4 to 6. In inter-
preting these observations, one has to take the effects
of the background atmosphere into account. For the
strong zonal winds in winter zonally propagating gravity
waves experience large shifts in intrinsic frequency and
vertical wavenumber and can be shifted into and out of
the observable vertical wavenumber range. Thus, we an-
ticipate some anisotropy in the zonal direction even for
an isotropic source spectrum. Due to the low prevailing
meridional winds it is hard to explain the meridional

Y
a+,
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anisotropy by conditions of the background atmosphere
or as an observational selection effect. The observed
anisotropy, however, does not imply anisotropic gravity
wave generation, but could also be due to a latitudinally
confined source located north of Macquarie Island.

3.3.5. 'Wave arnplitudes and saturation Grav-
ity waves will only affect the background flow or lead
to mixing of constituents in the atmosphere if wave dis-
sipation occurs. Dynamical and convective instability
are thought to be the main dissipation processes lFritts
and Rastogi, 1985], although other mechanisms do ex-
ist (molecular diffusion, radiative damping, nonlinear
interactions). Convective and dynamic instability lead
to breaking of a wave if its amplitude exceeds a certain
threshold. Due to the transverse shear in the velocity
field of low-frequency gravity waves the wave amplitude
required for dynamic instability falls well below that
necessary for convective instability at f -+ I l4ritts and,

Rastogi, 1985]. The threshold amplitude for dynamical
ìnsta,hiìity is IFhiflt,s, 1989]

"it

1-E
Cphase,intritsic. (16)

1+ 1-#
Due to the existence of threshold amplitudes these

saturation mechanisms are nonlinear, and the knowl-
edge of actual wave amplitudes is important when the
effect of gravity waves on the background atmosphere is

to be assessed. Figure 11 shows a contour plot of nor-
malized horizontal wind variance as a function of per-
turbation amplitude uf, and saturation amplitude uf¡,"ut

for gravity waves obsérved at Macquarie Island dur-
ing summer and winter between heights of 20 and 28

km. Only soundings after February 1994 were consid-
ered to ensure identical filtering of the radiosonde data.
In both summer and winter, the vast majority of the ob-
served waves have perturbation amplitudes less than the
saturation amplitude computed according to Equation
16. The amplitudes of these waves are) therefore, either
too small to reach the threshold for dynamic instability
within the analyzed height range, or have already been
dissipated. It is interesting to note, however, that the
observed increase in gravity wave variance in winter co-
incides with an extension of the amplitude distribution
to larger values.

4. Summary and conclusion

We presented a method to extract gravity wave pack-
ets from vertical profiles of horizontal wind and temper-
ature. By using wavelet analysis we are able to sepa-
rate the wave field in height and wavelength and, there-
fore, to reduce the presence of multiple waves in the
hodograph analysis. F\rrthermore, we get information
about the height extent of the wave packets. The Mor-
iet wavelet was chosen to decompose the wave field into

2+68
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Figure 11. Normalized horizontal wind variance as

function of perturbation amplitude zi, and saturation

amplitude uf¡,r"t for summer and winter between heights
of 20 and 28 km.

basis functions that are similar to the assumed physical
gravity wave packets. This allows a simple reconstruc-
tion of the actual wave packet amplitude, an important
issue when non-linear saturation effects are considered.

Application of the method to twice-daily radiosonde
soundings of the lower stratosphere over Macquarie Is-
land revealed a strong seasonal cycle in the total and
downwards propagating gravity wave variance with a
maximum in winter. This maximum in gravity wave
variance coincides with a shift of the wave amplitude
distribution to larger values. The variance-weighted
intrinsic propagation direction during winter is pre-
dominantly south-southwest-wards, while it is nearly
isotropic during summer. The observed wave field was
found to be dominated by low frequency inertia gravity
'waves.

In the interpretation of these findings attention was
paid to the limited vertical wavelength range observ-
able with the radiosonde technique lAlerand,er, 1998].
Doppler-shifting of waves into and out of this wave-
length band can lead to significant changes in the ob-
served wave field and complicates the analysis. The

gB o6o
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usefulness of the presented observations is, therefore,
mainly in conjunction with modeling studies. In the
present paper, the wave characteristics were presented
in terms of variables that are directly accessible by
measurements, i.e. vertical wavelength and wind vari-
ance. A disadvantage of this approach is the fact, that
these variables undergo changes as the wave packet
is Doppler-shifted by changes in the background wind
with height, and, therefore, depend on the detection
level of the wave packet.

In a subsequent paper lZink and Vincent, this issue],

1ve express the wave characteristics by invariants under
the propagation of the wave packet through a steady-
state atmosphere, and use these parameters to assess

the effect of the observed wave field on the lower and
middle atmosphere by ray tracing studies.

Appendix: Dispersion and polarization
relations

Ignoring gradients in the background flow u by set-

ting u(z) : (uo,us,0) the linearized momentum, cont!
nuity, and ideal gas equations for a compressible, invis-
cid atmosphere become

is the buoyancy or Brunt-Vaisala frequency and

Ho= | U" (A9)
Po oz

the density scale height. The dispersion relation Equa-
tion A7 also includes an acoustic branch. For an incom-
pressible atmosphere, acoustic waves can be excluded by
letting cs -) oo. Further omission of the second term in
Equation A7 results in the Boussinesq approximation,
a short wavelength approximation valid for m )) jr.
This is the approximation used throughout this paper

if not mentioned otherwise.

The polarization relations are simplified in a coordi-
nate system aligned with the propagation direction of
the wave. Let ut, and ul designate the horizontal per-

turbation velocities parallel and perpendicular to the
wave vector. The relevant polarization equations in the
Boussinesq approximation then become

(A1o)

(411)

nt tr2 t
7r : *=i'!-\ui, (412)'io 9A fn rr

where ?/ and To are the perturbation and background
temperature, respectively, arrd k¡, is the horizontal wave

number.
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Wavelet analysis of stratospheric gravity \Mave packets
over Macquarie Island, II: Intermittency and mean-flow
accelerations

Florian Zink and Robert A. Vincent
Department of Physics and Mathematical Physics, University of Adelaide, Adelaide, South
Australia

Abstract. We calculate the mean-flow accelerations due to gravity wave

packets observed in the lower stratosphere over Macquarie Island (55'S,
159'E) between February 1994 and April 1995. The parameters of the
wave packets were extracted from twice-daily radiosonde soundings using a
wavelet-based analysis method introduced in Zi,nk and Vi,ncerzt [this issue].

The deduced wave parameters are used to directly compute momentum flux
profiles in the lower stratosphere, and the shortcomings of this approach to
assess mean-florv accelerations are discussed. We then use the observecl wave
packets as an input spectrum in a linear ray tracing model. The vertical
extent of the detected wave packets allows us to define an expression for wave

intermittency, which enables us to compute zonal accelerations in the strato-
and mesosphere.

1. Introduction

Gravity '\¡/aves can transport energy and momen-
tum from the troposphere to the middle and upper
atmosphere (see Fritts [1984] for a review) and influ-
ence large-scale temperature and circulation patterns

lGeller,1983]. Using the gravity wave parametrization
of Lindzen [1981] the importance of wave drag and dif-
fusion in the middle atmosphere was demonstrated in
numerical simulations lUolton, 1982, 1983; Dunlcerton,
1982; Garcia and Solomon, 1985]. For low-frequency
gravity waves both the vertical flux of horizontal mo-
mentum and the horizontal transport of heat are impor-
tant to describe the wave mean-flow interactions. Both
contributions are contained in the so-called Eliassen-
Palm flux, which can be expressed as pu'wt6-, where

d- : 1 - S ¡rrlttt and, Vincent, 1987]. The result-
ing zonal acceleration of the mean background flow can
then be expressed as

(A"onoù: -!!çu,rrto--), (1)
poz

where 0 denotes temporal average. Profiles of momen-
tum flux can either be computed directly from measure-
ments at the respective height levels, or they can be
inferred from modelling studies where a given gravity
wave source spectrum is propagated through the atmo-
sphere.

In a companion paper lZink and Vincent, this issue],
referred to as ZV1, we introduced an analysis technique

to detect gravity wave packets in high-resolution ra-
diosonde soundings. Wave packets in horizontal wind
velocity were detected using the wavelet transform and
the wave parameters extracted by Stokes parameter
analysis. Application of the technique to twice-daily
soundings at Macquarie Island (55'S, 159"E) for a pe-

riod of two years allowed us to deduce the characteris-
tics of gravity wave packets in the lower stratosphere.
Parameters such as horizontal and vertical wavenum-
bers, intrinsic frequency, packet amplitude and verti-
cal extension were computed for wave packets observed
in the height region between 15 and 30 km for sum-
mer (November to March) and winter (April to Oc-
tober). These parameters are important to initialize
gravity wave parametrization schemes lLindzen, 1987;
Fri,tts and VanZandt, 7993; Hines, \997; Warner and
Mclntyre,1999], which are used in numerical models to
take unresolved wave effects into account. In our dis-
cussion, special emphasis was put on the observational
filter inherent in our radiosonde measurements lAleran-
d,er, 1998). The method can only observe waves with
vertical wavelengths between about 1.2 km and 11 km.
Waves with wavelengths outside this region are either
strongly attenuated by smoothing inherent in the ra-
diosonde data processing or they are difficult to distin-
guish from variations in the background atmosphere.

In this paper, we use the inferred parameters to as-

sess the effect the observed waves have on the mean-flow
in the lower and middle atmosphere. As the signal pro-
cessing parameters of the radiosonde equipment were

1



2

altered in January 1994, only soundings after that date
wcrc includcd in our analysis. In Section 2 lve compute
the momentum flux profile from the gravity parameters
of each observed wave packet and discuss the shortcom-
ings of such profiles for the assessment of wave mean-
flow interactions. To overcome some of these problems,
we derive an expression for wave intermittency in Sec-

tion 3 and apply it to deduce the effects of the observed
glavity waves on the background atmosphere in a linear
ray tracing model. We conclude the paper with a sum-
mary in Section 4. Notations and gravity v/ave polari-
sation and dispersion relations are the same as applied
in ZVl.

2. Calculation of momentum flux
profiles

Different observational techniques have been used to
estimate momentum fluxes in the lower atmosphere.
Lilly and Kennedy [1973] and Alenander and Pfi,ster

[1995] used aircraft-mounted systems to measure mo-
mentum fluxes associated with orographically and con-
vectively generated gravity waves, respectively. Vincent
and Reid [1983] developed a radar method to infer mo-
mentum fluxes from symmetric-beam Doppler measure-
ments, which has been applied in the lower and middle
atmosphere lFritts et al., 1990; Sato, 1994; Murayama
et a1., L994; Worthi,ngton and Thomas, 1996; Reid and
Vincent, 7987; Tsuda et al., 19901. Furthermore, dif-
ferent authors have used radiosonde data for the esti-
mation of momentum fluxes. Shutts eú ø/. [1988] calcu-
lated the momentum flux of a single gravity wave from
fluctuations in balloon ascent rate and horizontal per-
turbation velocities. Mobbs and Rees [1989] made use

of the same variables to compute momentum flux pro-
files over the whole sounding range. The estimation of
the vertical perturbation velocity from fluctuations in
balloon ascent rate, however, are only reliable for large-
amplitude waves. Smaller fluctuations can be due to
measurement errors of radiosonde altitude or changed
drag coefficients of the balloon. It can, therefore, be
advantageous to calculate the vertical perturbation ve-
Iocity liom observed temperature fluctuations, which
are measurable with a much higher accuracy. If the in-
trinsic frequency of the contributing waves is known, the
momentum flux can be expressed using the polarization
relations as

pu\tl = -pffi"'îI*. Q)

Here {no is the 90 degree phase-shifted (i.e. Hilbert
transformed) normalized temperature fluctuation f'
and the overbar denotes spatial average. Sato and
Dunkerton [1997] analyzed ten years of twice daily ra-
diosonde data at Singapore. They calculated quadra-
ture spectra from time series of horizontal wind speeds

and temperature and used (2) to compute the corre-
sponding momentum fluxes. Since the mean wind in

ZINI{ AND VINCENT

the considered height range was weak, they ignored the
Doppler shift between intrinsic and ground-based fre-
quency and used the ground-based frequency in their
computations. Vincent et al. 11997) and Allen 11996]
fitted observed mean spectra to the gravity wave spec-
trum parametrization of Fri,tts and VanZandú [1993] and
integrated over the model spectrum to find an intrin-
sic mean frequency ô, which was then used in (2) to
compute the momentum flux from measured values of

u'îlno.Their method, therefore, assumes similar prop-
agation characteristics for all waves independent of fre-
quency, even though mainly low frequency 'r¡/aves were
resolved.

The wavelet analysis developed in ZV1 provides all
required gravity wave parameters to compute the mo-
mentum flux of each detected wave packet. We com-
puted the height profiles of momentum flux by assuming
a Gaussian shapc of thc wavc packcts with a full width
half maximum as determined by the wavelet analysis.
We used (2) to compute the momentum flux from values

of u'ilno calculated from the perturbation amplitudes
of the detected wave packets. The density at the height
of the wave packet was obtained from monthly averaged
temperature profiles using the hydrostatic approxima-
ticlrr, i.e.

^/ .-\ - 
r' d'l

p\-)-¡'t(zo)exP J'ouot''1, (3)

where

Ho: n-+ , ,o Ø)
ñÍ -r T¿t

is the density scale height.

Figure 1 shows contour plots of monthly averages of
putwtõ- and pu'w'õ- calculated for all detected waves
with intrinsic frequencies less than 10 /. This cutoff
was chosen as the majority of the detected waves have
frequencies less than 10 /, and the determination of
intrinsic frequencies from hodograph analysis is prone
to large uncertainties for high intrinsic frequencies. The
mean values of the momentum fluxes at heights of 20
and 28 km are given in Table 1 for summer and winter.

The shape of the momentum flux profiles agrees well
with Allen [1996], although our values are up to an order
of magnitude smaller than the ones reportedby Allen

[1996] and Vincent et al. [1997]. This, however, can
be explained by the restriction of our analysis to waves
with intrinsic frequencies less than 10 f , whlle Allen

[1996] and Vi,ncent et al. 119971used the full spectrum
of waves in their calculations.

In comparison with other experimental observations
and in assessing the importance of the observed grav-
ity waves for the mean circulation, the limited fre-
quency range and our vertical wavelength bandwidth
of about 1.2 to 11 km have to be kept in mind. For
the same reason an estimation of mean flow acceler-
ation from these momentum flux profiles is prone to
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Tat¡le 1. Mean values of momentum fluxes for winter and summer at heights of 20 and 28 km

(unt-õ-> (-"-t) (unrõ-) (-tr-') (pilw'6-) (N*-') (pÚt/6-) (N--')

J

winter

summer

20 km
28 km
20 km
28 km

-1.3.10-2
-1.6.10-2
-6.6 .10-4

2.1 .10-3

-1.0.10-3
-3.7.10-4
-5.6 .10-5

5.1 .10-5

-7.2 .L0-2
-1.9.10-2
-t.2 .70-3
-1.8.10-3

-9.3.10-4
-4.7 .10-4
-9.9.10-5
-4.5 .10-5
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Iarge errors: Consider a wave packet propagating dissi-
pationless through the background atmosphere. Due to
changes in background wind the vertical wavenumber of
the wave packet will change along its path. If the verti-
cal wavenumber is within the observable range for cer-
tain height regions and out of this range for other height
regions, the momentum flux profile from radiosonde ob-
servations will show artificial variations with height,
Ieading to errors in the calculated accelerations of the

background wind.

One can circumvent this dificulty if ray tracing tech-
niques are applied. After extracting the wave parame-
ters in a height region where the wave packet is observ-
able, the parameters of the wave packet can be calcu-
latcd for thc wholc hcight rangc of intcrcst. It is thcn
possible to compute the momentum flux even for those
height regions, where the vertical wavenumber of the
wave packet is not within the observable range, avoiding
variations in the momentum flux estimates due to the
observational filter. Ray tracing, furthermore, enables
us to propagate the gravity wave spectrum to higher re-
gions of the atmosphere which are inaccessible to direct
meâsrlrements with radiosondes.

3. Mean-flow accelerations and
intermittency

3.1. A linear ray-tracing model

For our modelling studies we applied a simple linear
ray tracing model similar to Eckermann 17992], Marks
and Eckermann 17995), Alexander [1996] and Warner
and Mclntyre [1996]. If one assumes no explicit depen-
dence of the background atmosphere on horizontal posi-
tion r and g and time ú, then the horizontal wavenum-
bers fr and I and the ground-based frequency or of a
wave packet are constant along its ray. The intrinsic
frequency ô as a function of height is then given by

úL(z) = a -u(z)k -u(z)I (5)

and the vertical wavenumber m(z) can be obtained from
the dispersion relation.

The integration along the ray path is taken from the
source level until a turning or critical level is encoun-
tered, i.e. rn -+ 0 or ô -+ /, respectively. In the absence
of dissipation, the amplitude of the wave packet along
the ray is determined by the conservation of wave action
fltx lLighthill, 79781, which, in a single-column model,
can be written as

A, : 
"4: 
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putwtõ- (top) and pu'w'6- (bottom) for waves with in-
trinsic frequencies less than 10 /.
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Figure 2. Radiative damping rates for the CIRA at-
mosphere in June at 50o S for vertical wavelengths of
2 (solid), 5 (dotted), 10 (dashed), and 20 (dot-dashed)
km.

where cn,z is the vertical group velocity and -E the total
energy density. Using the polarization equations in the
Boussinesq approximation this can be expressed as

| ..2. f2.At = 2*puíl 
(1- it) = const., (7)

where uf, is the peak perturbation amplitude parallel to
the intrinsic propagation direction of the wave packet.
The assumption of a single-column model is justified by
our lack of knowledge about the fine scale geography
of wave sources lWarner and McIntyre, 1996]. Equa-
tion 7 is used to calculate the amplitude of the wave
packet from one level to the next when dissipation is

negligible. Radiative damping, however, can severely
attenuate the amplitude of slowly propagating gravity
t¡/aves. We, therefore, included this dissipative process

in our model using the parameterization of Zhu 179931.
His scheme allows the calculation of the scale-dependent
radiative damping rate r.u¿ as a function of altitude
for a given temperature profile. Radiative damping at-
tenuates the amplitude of a wave packet by a factor
exp(-r,o¿(z)#) during its propagation through a
height interval Aa at height z. Figure 2 shows exam-
ples of damping rates for the CIRA atmosphere in June
at 50o S.

If the resulting amplitude exceeds the critical ampli-
tude for dynamical instability (Equation 16in ZV1),it
is thresholded to this value. This corresponds to a dis-
sipation mechanism that acts instantaneously once the
critical amplitude is reached and stops as soon as the
amplitude is restored to a subcritical value. The ex-
istence of a threshold amplitude for instability renders
the saturation mechanism non-linear. Hence, it is im-
portant to use actual wave packet amplitudes, and not

ZINI{ AND VINCEJV?

averages over space or time.

3.2. Interrnittency and gravity wave source
spectrum

While the non-linear saturation mechanism requires
the knowledge of actual wave packet amplitudes to cor-
rectly identify the heights where saturation becomes im-
portant, the mean zonal acceleration (1) depends on
the temporally averaged momentum flux. The obser-
vation of wave packets in the radiosonde data indicates
a degree of intermittency in the gravity wave produc-
tion, that is, the wave packets will only be present for
a certain amount of time at each height level. Hence,
a correction factor has to be applied to the momentum
flux profile of each wave packet to obtain the required
temporal average. Due to the lack of information about
wave intermittency, this correction factor was chosen
arbitrarily in previous modelling studies to give reason-
able magnitudes of acceleration at the required levels in
the atmospherc lAlenander and Rosenlof , 1996; Hamil-
ton, 19971. The use of wavelet analysis, however, gìves

us information about the vertical extent of the gravity
wave packets and can shed some light on the gravity
wave intermittency.

We define the residence time r of a wave packet as

the time it takes to completely traverse an arbitrary
height level

lzupp"r ,1 -,: I (s)
J "^*., cn,r(z)'

where zlo*", and zroo". are the lower and upper bound-
ary of the wave packet at the time of detection and
cn,"Q) the vertical group velocity as a function of
height. Monthly averaged values of u(z), u(z), and T (z)
were used for the calculation of cn,"Q). It is important
to realize that the residence time r is independent of the
chosen height level: Consider an upwards propagating
wave packet extending from z¡o*". to z.,oou.. It will take
the upper end of the wave packet a certain time to reach
an arbitrary height level above zupp.r. The lower end of
the wave packet will take the same time plus the time it
takes to propagate from z1o*u. to zurr.r. Thus, the wave
packet will be present at the arbitrary height level for
the residence time r, independent of the choice of the
height level. Any change in group velocity cs,z aIoîg
the propagation path is compensated by a stretching or
shrinking of the wave packet. The residence time is,
therefore, an invariant of the gravity wave propagation
and equals the time the gravity wave source was turned
on for the generation of the observed wave packet. Note
that our definition of the residence time differs from that
in Aleuand,er [1998] who defined the residence time as

the ratio of a constanú height interval to vertical group
velocity. Her residence time is, therefore, a function of
height, as she did not take the shrinking and stretching
of the wave packet into account.
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Figure 3. Trajectory of a wave packet observed be-

tween zlo*", and ,z.,oo".. The residence time ¡ is the
time the gravity wave source had to be switched on
to produce the observed wave packet. If the wave
packet extended over the whole observed height interval

lznin,z^o*] the gravity'r¡/ave source would have had to
be active for the whole time T-o*.

We can then define the intermittency of the wave
packet as

T
(e),

I rnax

where T,,o* is the residence time of a hypothetical wave
packet extending over all those height regions where
it could have been observed with the applied analysis
method. The intermittency, therefore, equals the frac-
tion of time during the time interval fl,."* the source
had to be active to generate the observed gravity wave
packet. flrro* can be calculated as

Figure 4. Contour plot of average wave action flux
(top) and source intermittency (bottom) as a function
of horizontal wavelength and ground-based frequency
for summer. The dashed lines show the intervals over
which the data have been binned.

filter, only certain parts of the (k¡, ar) spectrum are ob-
servable at each height. Changes in background wind
with height Doppler-shift different parts of the (k¡,ø)
spectrum into the observable wavenumber range, so

that different parts of the spectrum can be observed
at different heights. Because of the invariance of kh, or,

A¡, and r, however, these wave parameters are inde-
pendent of height and a larger part of the gravity wave
spectrum can be reconstructed. By using different ob-
servation techniques together, one can obtain more de-
tailed information about the spectrum.

Figures 4 and 5 illustrate the source spectra recon-
structed from our observations for summer and winter,
respectively. This source spectra corresponds to the
spectra that, when input at a height of 15 km, will re-
produce the observed characteristics of the gravity wave
field. For the reasons given above, it is not necessarily
the spectrum emitted by a physical source somewhere
in the lower atmosphere. To obtain better statistics, all
information about wave propagation directions was dis-
carded in our spectra and only the magnitudes of the
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(10)

where the prime indicates integration over only those
height intervals where the vertical wavenumber m(z) is
within the observable range. The method is illustrated
in Figure 3.

The horizontal wavenumber vector k¡, the ground-
based frequency u, the wave action flux A¡, and the
wave intermittency r, all invariants of the dissipation-
less wave propagation through a horizontally isotropic
steady-state atmosphere, fully characterize the wave
packet and its effect on the atmosphere in our model.
The applied observation method, however, cannot pro-
vide information about the full (kt,r) spectrum. As
indicated above, the radiosonde technique can only ob-
serve gravity waves with vertical wavelengths between
about 1.2 km and 11 km. Due to this observational
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horizontal wavenumber vector k¡ and the ground-based
frequency cu were utilized. The figures show slightly
smoothed contour plots of time-averaged wave action
flux

Figure 6. Average wave action flux as a function of
horizontal wavelength and ground-based frequency for
winter (dashed) and summer (solid).

range is very similar in magnitude for winter and sum-
mer. This corroborates the argument that the differ-
ences in horizontal wind variance as presented in ZVl,
Figure 7, can be largely due to seasonal changes in the
background atmosphere. It is also noteworthy, that,
while the gravity wave field was shown in ZV1 to be
clearly dominated by low intrinsic frequency, inertio
gravity waves, the Doppler-shifting by the background
wind leads to tails in the ground-based frequency dis-
tribution to both low and large frequencies. Figure 7

shows the average wave action flux as a function of in-
trinsic horizontal propagation direction for winter and
summer. In both cases the observed ivave action flux
is distributed anisotropically. This observed anisotropy
does not necessarily imply an anisotropic wave field, but
may again be due to the observational filter of the ra-
diosonde method. If the dominant background wind is
confined to certain azimuths, then only certain regions
of the (k¡, ø) spectrum contribute to our observations,
and what might be an isotropic wave field, can appear
anisotropic in observations.

3.3. Mean-flow accelerations

In our model we raytraced all upwards propagating
gravity wave packets detected above 15 km for each
month of the year to a maximum height of 100 km.
As a starting level we chose the lowest height above
zstart : 15 km from where a propagation of a wave
packet to its level of detection was possible in the given
background atmosphere (Figure 8). The wave action
flux ofthe wave packet at the starting level was adjusted
to reach agreement between model and observation at
the detection level and to compensate for any radiaton
damping effects. We used a height resolution of 500 m
and no interaction of the packets was allowed. As back-

2 OÑ

o10!

os 3a

oo

10
torlzontol woveiength (km)

1N
4Uro,r) : f tllo,{r,,,r,¡ll#åjjA

i:t
(1 1)

and source intermittency



WAVELET A¡üA¿YSIS OF GRAVITY WAVES,II

Winter

40

Surnrner

JO

20

r0

C1RA zono winds ot 55 S ^/')

8C)

20

t
-60
.q
I

2A 40

40

4A

-20

-J0
20

JFMAMJJASOND

Figure 7. Average r¡/ave action flux as a function of
intrinsic horizontal propagation direction for winter and
summer. Units are Nm-1.

ground atmosphere we used the COSPAR International
Reference Atmosphere (CIRA) 1986 temperature and
zonal winds of the respective month linearly interpo-
lated to the required latitude of 55" S. A contour plot
of the zonal wind profiles is given in Figure 9. The
acceleration was calculated using (1) with

(pu'w'6-): elcAl (13)

computed for each wave packet.

Z"ton

u' cplase

Figure 8. The starting level for each wave packet was
chosen as the lowest height above z"¡r.¡ from where a
propagation of the wave packet to its level of detection
(cross) was possible. Wave propagation from a uniform
starting level zr¡or¡ could not reproduce the effects of
waves observed above a possible critical level (dashed
lines).

Figure 9. CIRA zonal v/inds linearly interpolated to
55's.

Figure 10 shows a contour plot of the inferred zonal
accelerations in the mesosphere. The accelerations are

most significant at regions of high wind shear, at around
85 km during summer and between 60 and 80 km dur-
ing winter. The magnitude of the wave drag in winter
seems to be about two to three times higher than the
average drag expected both from observations and the-
ory lFritts and Vincent, 1987; Fritts and Yuan, 1989;
Holton, 7983). The accelerations deduced from our
model, however, are based on the data from a single
station only and might deviate from a zonal average

over all longitudes.

In contrast to the decelarative effect of the waves

in the mesosphere, our model reveals an accelerative
effect in the middle stratosphere (Figure 11). This is in
agreement with calculations of Alerander and Rosenlof

[1996] who used global measurements of temperature,
wind, and chemical constituents to estimate the zonal
mean forcing by unresolved waves in the stratosphere.

It is important to realize, that the analysis of the
radiosonde data might be biased towards low intrinsic
frequency waves) as these waves usually have larger am-
plitudes than their high frequency counterparts and are,

thus, easier to detect. Waves of high intrinsic frequency,
while smaller in amplitude, might still outweigh the ef-
fect of the observed low frequency waves. Nevertheless,
our computations show, that waves with low intrinsic
frequency in the stratosphere can have a profound im-
pact on the circulation in the middle atmosphere, at
least in our simple linear model.

4. Summary and conclusion

We used the wave parameters of gravity wave pack-
ets detected in the lower stratosphere over Macquarie Is-
Iand to assess the influence ofthe observed gravity wave
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Figure 10. Inferred zonal accelerations in the meso-
sphere. Solid contour lines correspond to eastward ac-
celeration.
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The inferred mean-flow decelerations in the meso-
sphere were shown to be up to a factor of 2 to 3 times
higher than measurements and theory would predict.
In the lower stratosphere, the waves lead to an accel-
eration of the mean-flow in accordance with theoretical
predictions.
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field on the mean-fl.ow. While a direct computation of
a vertical momentum flux profile corresponding to the
wave packets observed at the respective heights is possi-
ble, the observational filter of the radiosonde technique,
together with the Doppler-shifting of the wave packets
due to a height variable background atmosphere, pro-
hibit the determination of mean-flow accelerations from
these profiles.

To overcome this problem, ',¡r'e input the detected
waves in a linear ray tracing model from a common
source level. The calculation of a momentum flux pro-
file is then possible even at those heights, where the
wave packets would be outside the observationally ac-
cessible vertical wavenumber range. The definition of a
wave source intermittency then allows the calculation of
a temporally averaged momentum flux profile for each
detected wave packet.
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